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Every year, the Biological Carbon Pump (BCP) transfers 5-15 Gt of fixed atmospheric CO2 from
the surface ocean into its interior, where CO2 is stored over the time scales of thousands of years.
Little is known about the functioning of the BCP in the oligotrophic areas, which cover about 60%
of the ocean’s surface, and where relatively low carbon export and sequestration would significantly
contribute to the global carbon budget. Gaining more understanding of the factors controlling the
BCP in these vast and currently expanding ocean provinces is important for understanding and
predicting the global carbon cycle better. This thesis investigates the BCP in the sub-tropical
Atlantic oligotrophic gyres.
234Th:238U disequilibria were used to investigate exports from the surface waters of the sub-
tropical Atlantic during GEOTRACES cruise, which studied di-nitrogen (N2) fixation. 238U activity
measured in the area was significantly lower than that predicted by the routinely used global 238U-
salinity relationship. Lower 238U activity was caused by the remote 238U removal processes. If not
accounted for, 234Th and 234Th-derived exports in the study area would have been over-estimated
by 20-80%. Therefore, precise estimations of both 238U and 234Th are important, especially in the
low-productive areas, where 234Th:238U disequilibria are small, and where large uncertainties can
complicate the interpretation of particle dynamics and export. Further, derived from the validated
234Th:238U disequilibria, export fluxes of particulate organic carbon (POC) and nitrogen (PON)
were assessed in relation to N2 fixation. Sinking diazotroph biomass contributed <1.5% to the
total PON export, and it appeared to be mostly recycled within the euphotic zone. N2 fixation
was a significant new N source in the area, but not the dominant one. Overall, upward physical
processes were large, and regulated primary and export production in the area, as suggested by
the isotopic signature and N:P stoichiometry of the export production, and a strong correlation
upward deep-water nitrate flux with the observed POC and PON exports.
The consecutive 2-year time-series of sediment trap samples from 3000 m depth were used
to evaluate differences in POC sequestration in the cores of the North and South Atlantic ultra-
oligotrophic gyres, subjected to contrasting atmospheric dust input. The POC sequestration in the
Northern gyre, where dust input is large, was stronger and more efficient than that in the Southern
gyre, where dust deposition is low. Surface observations from satellite and AMT transects, and
modelled dust deposition data were used to evaluate the control over these differences. At both
sites, POC flux at depth was strongly decoupled from the surface production. However, POC
sequestration in the Northern gyre was persistently the strongest and the most efficient during
the periods of high dust deposition in the summer. This strong and efficient POC flux to depth
partly resulted from a shift in dominant POC ballasting phase from biogenic (carbonate+opal)
to lithogenic as a result of dust input. Also, high input of dust-derived nutrient iron (Fe) during
summer stratification possibly increased phytoplankton biomass and triggered N2 fixation. No
significant enhancement in satellite-derived production was observed. Therefore, large and efficient
POC sequestration in the Northern gyre was driven by both lithogenic ballasting and change in
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1.1 Global Carbon Cycle
The Carbon (C) cycle is a complex network of processes that exchanges and transforms C among
four major reservoirs: (1) atmosphere, (2) terrestrial biosphere, including soils, rivers and lakes, (3)
lithosphere (as geological deposits and fossils), and oceans (Fig. 1.1). These reservoirs are different
in size and residence time for Carbon. Therefore, fluxes of C between each reservoir vary by several
orders of magnitude. Lithosphere (geological reservoir) stores the largest amount of C (Fig. 1.1)
and over long time-scales (millions of years). The atmospheric, terrestrial and oceanic components
of the carbon cycle operate on much shorter time scales (hours to a several thousand years), and
therefore these reservoirs are expected to react strongly to the short-term perturbations in global
carbon cycle (Sarmiento & Gruber, 2006).
1.2 The anthropogenic perturbations to the Global Carbon Cycle
The concentrations of atmospheric greenhouse gases, particularly CO2, increased exponentially
following industrial revolution in the 18th century, mainly due to burning fossil fuels and biomass,
and cement production (Fig. 1.2). A wide range of direct and indirect measurements confirmed
that atmospheric CO2 mixing ratio has increased globally by ∼100 ppm(v) over the last 250 years.
Atmospheric CO2 concentration ranged from 260 to 280 ppm in the pre-industrial era (AD 1000-
1750)(IPCC 2013 report, p. 468), and increased by 40% from to 278 ppm in 1750 to 390.5 ppm in
2011 (IPCC 2013 report, p. 467). Atmospheric CO2 concentration increased at an average rate of
2.0 ± 0.1 ppm yr−1 during 2002-2011 (IPCC 2013 report, p. 467). This decadal rate of increase
is higher than during any previous decade since direct atmospheric concentration measurements
began in 1958. The rise in atmospheric CO2 is now referred to as the “Keeling Curve” (Keeling
et al., 1995). The current anthropogenic CO2 emissions are ∼8.5 Gt y−1 (Friedlingstein et al.,
2010), with profound implications for the global climate.
1


















































































































































   

















































































Figure 1.1: Schematic diagram of global carbon cycle. Numbers represent reservoir sizes
in Pg C and C exchange fluxes in Pg C yr−1 (1 Pg = 1015 g = 1 Gt). The pre-industrial
(before 1750) reservoirs and fluxes are denoted with black numbers in brackets and solid
arrows, respectively; The red numbers and arrows show changes in the C exchange fluxes
occurred between 2000-2009 period. Red numbers in reservoirs denote cumulative change
in of anthropogenic carbon over the Industrial Era (1750-2011). Figure is taken from the
IPCC 2013 report, p. 471.
1.3 The role of oceans in the global carbon cycle
Ocean is a crucial component of the global carbon cycle (Fig. 1.1), as it accounts for half of the
global photosynthesis and annually removes ∼2.3 Gt of atmospheric CO2 (IPCC 2013 report, p.
471). The main ocean regions for the atmospheric CO2 uptake are the North Atlantic and the
Southern Ocean (Sabine et al., 2004). The role of the vast oligotrophic provinces as sources or
sinks for atmospheric CO2 is controversial. Williams et al. (2013) take the view that on long
time scales the oligotrophic gyres are autotrophic, i.e. their gross primary production exceeds
community respiration, thus they are the sinks of CO2. Duarte et al. (2013) take the opposite
view, that the gyres are sources of CO2, as they are net heterotrophic with respiration exceeding
primary production. The question remains open partly because the net state is finely balanced
2
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Figure 1.2: The “Keeling Curve” (Keeling et al., 1995) showing the increase in the atmo-
spheric CO2 concentrations since 1700. Ice-core data are before 1958; Mauna Loa (Hawaii)
data are after 1958. Current atmospheric CO2 concentrations surpassed 400 ppm (green
line), for the first time in human history. Source: Scripps Institution of Oceanography
http://keelingcurve.ucsd.edu/.
between large opposing fluxes and most current measurements have large uncertainties (Ducklow
& Doney, 2013).
Ocean takes up atmospheric CO2 via two major processes. First one is physical dissolution of
the atmospheric CO2 into the ocean, known as the Solubility Pump (Eppley & Peterson, 1979;
Volk & Hoffert, 1985). The Solubility pump is based on the equilibration of CO2 concentration
between the atmosphere and the ocean’s surface. When atmospheric CO2 enters the ocean surface,
it dissolves into bicarbonate (HCO–3, ∼91%) and carbonate (HCO2–3 , 8%) ions, leaving only 1% of
CO2 structure to exchange with the atmosphere (Eq. 1.1, Mann & Lazier (2006)).
CO2(g)↔ CO2(aq) + H2O↔ HCO−3 + CO2−3 ↔ H2CO−3 (1.1)
HCO–3, HCO2–3 , and CO2 make up dissolved inorganic carbon (DIC) or total CO2 pool of the
ocean. The CO2 exchange rate between atmosphere and the ocean’s surface depends on the gradient
of the partial pressure of CO2 (pCO2) across the ocean surface. Annually, ∼78.4 Gt C is released
from the ocean back into the atmosphere, while ∼80 Gt C enters the ocean from the atmosphere,
resulting in the net increase of CO2 in the ocean of ∼1.6 Gt C (IPCC 2013 report, Fig. 1.1). Due
to anthropogenic increase in atmospheric CO2, the Solubility Pump currently acts as a net sink
of CO2. However, the ability of the ocean to dissolve CO2 is predicted to weaken in the future
(Le Quere et al., 2007).
The subsequent process of oceanic CO2 uptake involves biological fixation of dissolved CO2
by primary producers and its transport to depth as sinking biogenic particles (particulate organic
matter (POM)) and dissolved organic matter (DOM). These processes comprise the oceanic Bio-
3
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logical Carbon Pump (BCP) (Eppley & Peterson, 1979; Volk & Hoffert, 1985; Jiao et al., 2010),
and result in temporary or permanent C storage within ocean interior. Overall, two thirds of the
vertical gradient in CO2 in the ocean is attributed to the BCP (Sarmiento & Gruber, 2006; Reid
et al., 2009; Passow & Carlson, 2012). Therefore, it is critical to explore how the rapidly increasing
atmospheric CO2 concentrations and warming temperatures will affect the functioning of the BCP
and its further ability to sequester carbon.
The BCP operates via three major mechanisms or “pumps”. The first one is the Soft Tissue
Pump (Eppley & Peterson, 1979; Volk & Hoffert, 1985), which involves photosynthetic production
and gravitational sinking of particulate organic carbon (POC) from ocean surface to depth. This
mechanism is described in detail in section 1.4.
The second component of the BCP is the “carbonate pump” or the Hard Tissue Pump,
which removes fixed CO2 from the surface waters as particulate inorganic carbon (PIC). The
carbonate pump is based on biological precipitation of calcium carbonate (CaCO3) by calcifying
organisms, such as coccolithophores (phytoplankton), forminifera and pteropods (zooplankton).
The calcifiers use HCO–3 to build their calcareous exoskeletons (Eq. 1.2), and upon sinking to
depth remove alkalinity from the surface ocean, subsequently shifting the equilibrium in the DIC
system.
Ca2+ + 2 HCO−3 ↔ CaCO3 + CO2(g) + H2O (1.2)
Although simultaneous sinking of CaCO3 removes carbon to depth, calcification process in-
creases pCO2, thus decreases the capacity of the surface water to take up atmospheric CO2. There-
fore, the carbonate pump is often referred to as the “carbonate counter-pump”.
The third mechanism of the BCP is the Microbial Carbon Pump (MCP), which refers
to microbial processes that transform labile dissolved organic carbon (L-DOC), produced by phy-
toplankton cell excretion (Ducklow et al., 1995; Biddanda & Benner, 1997; Ducklow, 2000) and
lysis (Suttle, 2007), to refractory forms (R-DOC). The R-DOC is recalcitrant to biological degra-
dation, thus can persist at any depth in the water column for thousands of years, creating a large
C inventory (624 Gt) in the ocean, comparable to that of atmosphere (750 Gt C) (Jiao & Zheng,
2011; Hansell, 2013). The L-DOC production is estimated to range between 0.5-0.6 Gt C yr−1,
representing 1-25% of global POC export (Henson et al., 2010; Schlitzer, 2004), and ∼38% of CO2
uptake via Solubility Pump (Brophy & Carlson, 1989; Jiao et al., 2010). The L-DOC and R-DOC
can be exported from the euphotic zone by convective mixing and downwelling of the water parcels.
The current estimate of global DOC removal rate is ∼1.9 Gt yr−1 (Hansell, 2013), which exceeds
POC burial into sediment by nearly one order of magnitude (Hedges & Keil, 1995). Unlike the
Solubility and Soft/Hard Tissue Pumps, the MCP-driven C storage does not appreciably alter the
buffering capacity of the ocean and has no known negative impact on marine organisms (Jiao et al.,
2010).
The Soft and Hard Tissue pumps are maintained by primary or new production, while the MCP
is governed by microbial heterotrophic activity or regenerated production. The relative importance
4
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of different “pumps” for C storage in the ocean interior varies on spatial and temporal scales. In
the areas of high primary production, C transport to depth is mediated predominantly by POC
export (Carlson et al., 1998). In contrast, in nutrient-depleted oligotrophic areas, dominated by
small phytoplankton, cyanobacteria and heterotrophic bacteria, and where the remineralization
rates within the euphotic zone are high, a large proportion of primary production is channelled
into DOC, which is subsequently transformed into R-DOC (Carlson et al., 1998; Buesseler et al.,
2007b). The importance of MCP for building C reservoir in the ocean interior is therefore expected
to be high in oligotrophic systems (Jiao et al., 2010).
Although the MCP is an significant integral part of the oceanic C export, the remaining part
of this chapter will focus mainly on the POC-based BCP and its controls.
1.4 The Biological Carbon Pump
The Biological Carbon Pump (BCP) is the biologically mediated process which transports organic
carbon from the sunlit layer of the ocean to depth. The BCP starts in the sunlit upper ocean
(euphotic zone), where via a complex process of photosynthesis (Eq. 1.3), primary production by
phytoplankton utilizes dissolved CO2 pool (thus lowers pCO2) to build up biomass (Fig. 1.3). The
simplified version of photosynthesis is shown in Equation 1.3.
6CO2 + 6H2O + light→ C6H12O6 + 6O2 (1.3)
The biomass consists of particulate organic carbon (POC) and biomineral compounds, mainly
opal (synthesized by diatoms) and calcium carbonate (CaCO3 produced by coccolithophores). The
biominerals produced by phytoplankton are in essence defensive or feeding structures.
Most of the biomass is either remineralized (converted from organic to inorganic) in the euphotic
zone. A smaller fraction of it escapes remineralization and is exported into the intermediate ocean
depth (∼100-1000 m or the mesopelagic zone) as sinking particles. An even smaller fraction of the
surface biomass gets ultimately buried into deep-sea sediment (Hedges et al., 2001; Boyd & Trull,
2007). As particles descend, they are dissolved and remineralized by bacteria, zooplankton,and
other heterotrophs, releasing CO2 and inorganic nutrients back into the surrounding water. Ocean
mixing processes, which operate on the time-scale of 1-1000 yrs (depending on depth and region),
eventually return this CO2 back to the atmosphere. Consequently, the BCP is not a net sink for
CO2, as the downward flux of CO2 from the atmosphere is balanced by the upward flux of CO2 to
the atmosphere via upward deep water transport (Sarmiento & Gruber, 2006).
The depth of remineralization, or the remineralization length scale (RLS), of the exported
POC determines the extent to which carbon can be effectively removed through exchange with
the atmosphere (Passow & Carlson, 2012). The POC remineralized above the depth of winter
mixing is returned to the atmosphere within 1–10 years (Fig. 1.3). Conversely, any POC that sinks
below the winter mixed layer will not be able to exchange with the atmosphere until brought back
to the surface by themohaline circulation, which usually takes 100–1000 years, depending on the
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Bathypelagic
 zone
Figure 1.3: Schematic representation of the biological carbon pump adapted from Passow
& Carlson (2012)
depth and region (Fig. 1.3). For example, in the central subtropical Atlantic ocean, the upper
water column is permanently stratified, and the depth of winter mixing is usually <200 m. This
implies, that POC needs to cross a relatively shallow depth to be removed from the exchange with
the atmosphere for over time-scales of global thermohaline circulation. In comparison, the winter
mixing in sub-Polar North Atlantic is much deeper, on occasions reaching ∼1000 m. This implies,
that POC has to sink much further down the water column to be removed from the atmosphere
for a long period of time.
In the present work, downward flux of organic matter from the base of the euphotic zone (∼100
m; 1% light level) or from the mixed layer is referred to as “export” flux. The flux occurring below
the depth of permanent theromocline (∼1000 m ) is termed as “sequestration flux” or “bathypelagic”
flux (considering the particle collection depth of 3000 m, see Chapters 4 and 5).
According to current estimates, the global carbon export via the BCP ranges between 5-13 Gt
C yr−1 (Laws et al., 2000; Schlitzer, 2004; Dunne et al., 2007; Henson et al., 2011; Laws et al.,
2011) with < 0.5 Gt C yr−1 sinking below 1000 m (Dunne et al., 2007).
The BCP is fundamental for the Earth’s climate, as it is one of the processes that could impact
atmospheric CO2 concentration significantly by changing the amount of DIC stored in the deep
ocean. Kwon et al. (2009) demonstrated that if the depth at which 63% of sinking carbon is
remineralized increases by 24 m globally, atmospheric CO2 concentrations would fall by 10-27
ppm. Conversely, if the BCP is eliminated (and all aeolian iron input to the ocean ceases), the
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Figure 1.4: Vertical flux attenuation at stations ALOHA and K2 in the North Pacific
Ocean. Figure is from Buesseler et al. (2007a)
atmospheric CO2 concentration would raise by more than 181 ppm (Parekh et al., 2006). Therefore,
it is important to understand the functioning of the BCP to understand and predict atmospheric
CO2 concentrations.
1.5 Vertical attenuation of particle flux
Particles settling through the water column are the vehicles of the BCP. They represent a complex
mix of biogeochemical material of various origin and types, variable among the different oceanic
settings. Major constituents of particle flux include organic carbon (as aggregated or isolated
phytoplankton cells), calcite and aragonite shells (CaCO3), opal frustules of diatoms (also referred
as biogenic silica, bSiO2), zooplankton faecal pellets, remnants of zooplankton, fine lithogenic
material (e.g. aeolian dust and river-borne clays). Particles differ in their size, density, porosity,
and morphology, and hence sinking velocity.
During their descent, particles experience a variety of abiotic and biotic processes, including
mineral dissolution, microbial consumption and solubilization (Azam, 1992; Cho & Azam, 1988),
zooplankton grazing (Lampitt et al., 1993; Steinberg, 1995). These recycling processes return
carbon and nutrients from their particulate to dissolved form and are one of major factors of
particle flux attenuation with depth (Fig. 1.4). Particle flux attenuation is the most dramatic in
the mesopelagic zone of the ocean, known as the “Twilight Zone”.
The POC flux attenuation can be quantified using the power function, known as the “Martin








where Fz is POC flux at depth z, Fz0 is flux at any reference depth z0, and b is a coefficient of
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flux attenuation with depth (in Martin et al. (1987), b=0.858). The POC export and sequestration
fluxes differ substantially, depending on the strength of flux attenuation with depth, which is,
in turn, subject of spatial and temporal variations (Lam et al., 2011; Henson et al., 2012). For
example, b-value ranges from 0.51 to 1.3 in the North Pacific (Buesseler et al., 2007a; Lamborg
et al., 2008b), and reaches 0.83 in the subtropical North Atlantic gyre (Helmke et al., 2010) and
1.7 in the north-east Atlantic (Lampitt et al., 2008; Marsay, 2012). The higher the b-value, the
stronger the flux attenuation is, hence, the less POC is sequestered.
1.6 Controls of the BCP
The BCP is characterized by its strength and efficiency. The strength of the BCP refers to mag-
nitude of POC export out of the euphotic zone. The degree of vertical POC flux attenuation
characterizes the efficiency of the BCP. De La Rocha et al. (2008) defines the efficiency of the BCP
as the ratio between the export and sequestration flux, while Sarmiento & Gruber (2006) base
the definition on the residual concentration of nutrients in the surface relative to concentration of
nutrients at depth. In the present study (Chapters 4 and 5), the term POC sequestration efficiency
is used, referring to the proportion of the integrated net primary production sequestered at 3000
m depth (similar to Salter (2007)).
Three major processes control the strength and efficiency of the BCP (De La Rocha & Passow,
2007): 1) the amount of primary production in the euphotic zone; 2) the sinking velocity of POC
through the water column; 3) the rate of POC decomposition during the descent.
1.6.1 Primary production
Primary production in the euphotic zone depends mainly on (1) light and (2) nutrient availability. In
turn, these factors determine (3) the community composition of phytoplankton and their biological
cycle.
1.6.1.1 Light availability
Light (solar irradiance) is essential for photosynthesis to occur (Eq. 1.3). Light is strongly attenu-
ated by seawater, thus light availability decreases rapidly with depth. Hence, primary production
is confined to a relatively shallow water layer, known as euphotic zone (Kirk, 1994). The depth
of the euphotic zone is spatially and temporally variable, and can be as shallow as a few meters
in very turbid environments (e.g. Southern Ocean), and as deep as 100-200 m in the sub-tropical
oligotrophic gyres (Sarmiento & Gruber, 2006). When light is not limiting, nutrients available
in the euphotic zone are used efficiently, which would initially lead to increased particle export.
However, the increased flux would only be sustained until the system becomes limited by nutrients.
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1.6.1.2 Nutrient availability
Availability of macro- and micro-nutrients, such as nitrogen (N), phosphorus (P), silicon (Si), and
iron (Fe) control primary production, thus affect the magnitude of POC export, in most of the
ocean. Moore et al. (2013) distinguish two broad regimes of phytoplankton nutrient limitation
in the upper ocean. First one is where phytoplankton is mainly N-limited due to relatively slow
supply of nutrients from the subsurface ocean, such as sub-tropical gyres. Second regime, is where
phytoplankton is Fe-limited, as the subsurface nutrient supply is high. Regions of Fe-limitation
include the Southern Ocean, equatorial upwelling regions, and sub-arctic zones. In the sub-tropical
waters availability of Fe limits growth of N2 fixing cyanobacteria (diazotrophs) (Moore et al., 2009).
P may also (co-)limit primary production, e.g. in the North Pacific and North Atlantic sub-tropical
gyres (Karl et al., 1995; Mills et al., 2004; Moore et al., 2013). Availability of Si limits production
of diatoms, which require silicic acid for growth (DeMaster, 1981; Brzezinski et al., 1998). Overall,
the regions of low nutrient availability have low primary production, and hence low particle export.
1.6.1.3 Phytoplankton community composition
Availability of nutrients influences the phytoplankton community structure and composition, which
in turn influence the food web structure. Producer-consumer interactions both govern formation,
composition and sedimentation rate of the sinking particles, thus exert an important control on
the BCP (Steinberg et al., 2001; Richardson & Jackson, 2007). Under strong nutrient-limiting
conditions (e.g. in the N-limited subtropical oligotrophic gyres), primary production is carried out
chiefly by pico- and nano-sized phytoplankton (<20µm). Owing to their high surface to volume
ratio, these type of phytoplankton community are more efficient in nutrient uptake, than the
larger phytoplankton. Grazing pressure and remineralization in low-productivity waters are also
high, preventing build up of biomass. Hence, the pico- and nano-plankton have traditionally been
thought to contribute little to POC export (e.g. Michaels & Silver (1988); Passow & Peinert
(1993)). However, recent model studies (e.g. Richardson & Jackson (2007)) and field observations
(e.g. Lomas & Moran (2011); McDonnell & Buesseler (2010)) suggest that small phytoplankton
forming gravitationally sinking aggregates contribute significantly to POC export.
In contrast, large phytoplankton (>20 µm), such as diatoms, typically grow quickly under light
and nutrient replete conditions and experience less grazing pressure (Smetacek et al., 2004; Moore
et al., 2004). Thus, diatoms often dominate episodic blooms, and by forming large, rapidly sinking
aggregates are very efficient at transporting POC to depth (Smetacek, 1985; Alldredge & Gotschalk,
1988; Thornton, 2002). Coccolithophores are another common component of blooms, especially in
the temperate waters. These phytoplankton also account for >20% of carbon fixation rates in the
oligotrophic sub-tropical gyres (Poulton et al., 2007). Coccolithophores form external platelets (or
liths) of CaCO3, a process that affects carbonate cycling in the oceans and influences surface water
pCO2 concentrations and air-sea flux (Holligan et al., 1993; Robertson et al., 1994). The mineral
ballast as liths and frustules produced by coccolithophores and diatoms probably play a prominent
role in enhancing POC export to depth (Armstrong et al., 2001; Klaas & Archer, 2002; Francois
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et al., 2002; Sanders et al., 2010; Le Moigne et al., 2012).
1.6.2 Sinking velocity
The sinking velocity of POC determines the amount and the quality of POC sequestration. To
sink, particles have to be denser than the seawater; they also have to be able to overcome the
seawater drag. To effectively sequester POC at depth, particles have to sink fast enough to avoid
heterotrophic pressure in the mesopelagic. In essence, flux attenuation represents the balance
between sinking velocity and remineralization/grazing processes. The sinking velocities of marine
particles span a wide range of ∼5-2700 m d−1, but commonly lie between tens to a few hundred
of meters per day (Turner, 2002; Armstrong et al., 2009a; McDonnell & Buesseler, 2010). No
single formulation of the Stoke’s Law seems to be able to account for this range in the observed
velocities (Stemmann et al., 2004). Size and density are the principal controls of sinking velocity
(De La Rocha & Passow, 2007). The following processes alter the number, size, density and porosity
of the particles, increasing their sinking velocities:
• Aggregation and coagulation of colloidal particles, senescent phytoplankton cells, gels, dis-
carded feeding structures (e.g. larvacean houses) into large amorphous aggregates, collectively
known as “marine snow” (Alldredge & Gotschalk, 1988; Alldredge et al., 1993; Lampitt et al.,
1993; Burd & Jackson, 2009). The presence of transparent exopolymers (TEP), which act as
a matrix of aggregates and as a “glue” towards most of the particle types is an important
factor for aggregate formation through coagulation (Engel et al., 2004; Passow, 2004). More-
over, aggregate formation depends on phytoplankton concentration and their size (Hill, 1992;
Logan et al., 1995).
• Transformation and repackaging of single cells and aggregates into faecal pellets via by zoo-
plankton grazing (Bishop et al., 1978, 1980; Billett et al., 1983; Steinberg et al., 2001). Pro-
duced faecal pellets can be large and dense enough to sink rapidly on their own, but may also
be incorporated into aggregates.
• Ballasting of aggregates with biominerals (CaCO3 and opal) and lithogenic particles (Ittekkot,
1993; Armstrong et al., 2001; Klaas & Archer, 2002) (section 1.6.2.1)
• “Active” delivery of the organic matter to depth by vertically migrating zooplankton (vertical
diel migration) (Steinberg et al., 2008)
Particles are produced chiefly in the surface ocean, while ballasting and repackaging processes
take place in both surface and subsurface ocean environments (Berelson, 2002; Boyd & Trull, 2007;
Sanders et al., 2010). Sinking velocities increase with depth, suggesting changes in particle density
and porosity, and can be linked to particle composition (Berelson, 2002).
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1.6.2.1 Ballast hypothesis
(Bio)mineral ballasting is an important issue in the discussion about particle formation, sinking
rates and carbon transfer to depth. In the deep ocean, strong global correlations between POC
and biomineral (CaCO3 and opal) and lithogenic fluxes were observed (Ittekkot, 1993; Armstrong
et al., 2001; Klaas & Archer, 2002; Francois et al., 2002). It was also observed that the particles
reaching the deep ocean had a fairly constant 5% wt POC content (Armstrong et al., 2001).
To explain these observations, two converse but ultimately related schools of thought were
developed. The school of the “ballast hypothesis” posits that by adhering to POC, “ballast”
minerals physically protect it from microbial degradation (Armstrong et al., 2001; Hedges et al.,
2001; Engel et al., 2009b,b; Le Moigne et al., 2013c), and also increase density of POC (Armstrong
et al., 2001; Klaas & Archer, 2002; Francois et al., 2002; Engel et al., 2009a), thus aiding a faster
and more efficient POC transport to depth.
The second school interprets the POC-(bio)mineral interactions in reverse, suggesting that the
magnitude of POC flux determines the magnitude of the (bio)mineral flux (Passow, 2004; Passow &
De la Rocha, 2006). In this view, sinking “sticky” aggregates formed in the surface waters, scavenge
(bio)mineral particles with negligible sinking velocities, and the 5% wt POC content represents the
carrying capacity of organic aggregates for (bio)minerals. For example, rolling tank experiments
showed that POC:CaCO3 ratio was dependant on the amount of POC present acting as a “glue”
aggregating minerals and controlling sinking speed of CaCO3 rather than vice versa (Passow, 2004;
Passow & De la Rocha, 2006; De La Rocha et al., 2008).
Strong correlations were also observed between the POC and (bio)mineral exports from the
euphotic zone, suggesting that ballasting may be set high in the water column (Thomalla et al., 2008;
Lee et al., 2009; Sanders et al., 2010). Recently, however, Le Moigne et al. (2012) demonstrated that
ballasting by (bio)minerals is not a pre-condition for POC export to occur. The latter supported
the observations by Honda & Watanabe (2010) in the North Pacific, where 78% of POC flux at
150-1000 m was not associated with any (bio)minerals. To date, the exact mechanisms mediating
POC-mineral associations remain unclear.
Global compilations of deep sediment trap data (>1000 m) revealed a tighter correlation between
strength and/or efficiency of POC flux with CaCO3 flux compared with opal or lithogenic flux (Klaas
& Archer, 2002; Francois et al., 2002). Similarly, Sanders et al. (2010) observed better correlation
between CaCO3 and POC shallow export flux at the base of the mixed layer in the limited samples
taken along the Atlantic Meridional Transect and in the sub-polar North Atlantic.
Francois et al. (2002) concluded that Teff (ratio of satellite-derived POC export to sequestra-
tion POC flux) was low in high-latitude opal-dominated ocean, and high in low-latitude CaCO3-
dominated systems. A number of factors were suggested to explain this trend: (1) ballasting by
denser CaCO3 results in greater sinking speeds of aggregates compared to ballasting by less dense
opal minerals (Ploug et al., 2008; Engel et al., 2009a; Iversen & Ploug, 2010); (2) in high latitudes,
organic aggregates sinking out of diatom bloom may be more labile (Klaas & Archer, 2002); (3)
in CaCO3-dominated systems, the repackaging of aggregates into faecal pellets is tighter than in
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diatom-dominated systems (Fischer & Karakas¸, 2009; Lam et al., 2011; Henson et al., 2012). Al-
ternatively, Le Moigne et al. (2012) suggested that lower transfer efficiency in diatom dominated
regions may be due to high proportion of non-ballasted POC export and small proportion of mineral
associated export.
On the global scale, the relative importance of CaCO3 over opal and lithogenic matter has impor-
tant implications for the BCP on geological time-scales. Production and export of CaCO3 removes
alkalinity from the surface waters. If, for example, export POC:CaCO3 ratio decreases by 40%,
this could lead to a 70-90 ppm draw-down of atmospheric CO2 through the increased dissolution
of CaCO3 sediments (Archer, 1994; Klaas & Archer, 2002). Conversely, under ocean acidification
conditions (current decrease of the ocean’s pH), and a potential weakening of calcification due to
falling CaCO3 saturation (Barker et al., 2003; Riebesell et al., 2000, 2009), predominantly CaCO3
POC ballasting would create a positive feedback to CO2 by reducing the efficiency of the BCP.
Although global analyses were quite influential in quantifying the global correlations between
the (bio)minerals and POC (Armstrong et al., 2001; Klaas & Archer, 2002; Francois et al., 2002),
recent studies demonstrated considerable regional and temporal variability in the dominance of one
(bio)mineral over another (Ragueneau et al., 2006; Honda & Watanabe, 2010; Lam et al., 2011;
Wilson et al., 2012). For example, Honda & Watanabe (2010) found that in the North Pacific,
opal was more important as POC ballasting agent than CaCO3. On a global scale, the lithogenic
material (i.e. aeolian aluminosilicate dust) may be irrelevant for POC ballasting (Francois et al.,
2002; Boyd & Trull, 2007). However, in the areas where dust input is high (e.g. NW Africa and
the Mediterranean Sea), lithogenic particles can be important for POC transport (Lee et al., 2009;
Fischer & Karakas¸, 2009; Fischer et al., 2009; Ternon et al., 2010; Bressac et al., 2013), and even
carry as much as 50% of POC to depth (Bressac et al., 2013).
The ocean community structure and shifts in dominant species due to their life cycle is important
to consider when explaining the spatio-temporal variability in the relationship POC and sinking
biomineral phases.
Some diatom species, due to their community dynamics and life history stage, may contribute
more to the POC flux than others (Smetacek, 1985; Ragueneau et al., 2006; Rynearson et al., 2013).
For example, in the Southern Ocean, Fe-fertilization stimulates the growth of thin-shelled diatoms,
which export more C per Si than the thick-shelled grazer-protected diatoms, which usually sink
as empty frustules (Assmy et al., 2013). The spring bloom diatoms often form resting spores/cells
which sink depth to survive unfavourable conditions for growth (e.g. nutrient or light limitation)
(Smetacek, 1985; Kuwata & Takahashi, 1999). Resting spores/cells are heavily silicified compared
to normal vegetative diatom cells despite similar cell volume (Kuwata & Takahashi, 1999). Hence,
they are more resistant to grazing, and also sink faster to depth following the bloom, driving
enhanced sedimentation of fresh POC to depth (e.g. Martin et al. (2011); Salter et al. (2012);
Rynearson et al. (2013)). Similarly, in the areas of strong seasonal thermocline and nutricline,
special diatom taxa are adapted to growth in low-light conditions (“shade flora”), and are able to
generate substantial production at depth. Water column destratification induces mass aggregation
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and subsequent sedimentation of “shade flora”, a process termed the “fall dump” (Kemp et al.,
2000). The “fall dump” POC export is comparable and may even exceed that of the “spring
bloom” (Kemp et al., 2000).
Some phytoplankton species, including most diatoms, also have a sexual phase in their life cycle
(Smayda, 1971). Sexual reproduction in diatoms is very rapid, thus may lead to fast aggregation and
mass sinking of empty diatom frustules, thus a decoupling of C from Si following bloom (Smayda,
1971; Waite & Harrison, 1992; Crawford, 1995).
Size and morphology of the calcifiers may have different effects on aggregations and sinking of
POC. Small, non-sinking coccoliths (<30µm) are more efficiently incorporated into organic aggre-
gates, increasing their sinking speeds, while large foraminiferan tests and pteropod shells (30-3000
µm) tend to sink rapidly on their own (∼700 m d−1) and are associated with much less POC
than coccoliths (∼700 m d−1) (Takahashi & Be, 1984; Fischer & Karakas¸, 2009; Schmidt et al.,
2014). When colliding with organic aggregates, foraminiferan tests may also fragment aggregates
into smaller, slowly sinking ones (Schmidt et al., 2014). These differences are important to consider
if CaCO3 fluxes are used to estimate POC flux to depth, especially in the regions where CaCO3
phase dominates the sinking particle mass flux (e.g. oligotrophic gyres).
Species other than calcifiers and silicifiers can also contribute disproportionately to POC flux.
For example, on some occasions, the large, fast-sinking acantharian celestite (SrSO4) cysts by acting
as a ballast phase, may attribute ∼25% of POC flux at depth (Martin et al., 2010). Recent work at
the PAP site (North Atlantic) identified Phaeodarian (polycystine) radiolarian as major exporters
of organic carbon to deep ocean (Lampitt et al., 2009).
To sum up, there is a clear need to understand the mechanisms that control spatial and temporal
variations in the relative importance of ballast phases or particle types, and how that would affect
magnitude and efficiency of the BCP.
1.6.3 The rate of particle flux decomposition
Microbial consumption and solubilization, and zooplankton grazing are the major biological pro-
cesses causing POC flux attenuation with depth. Bacterial hydrolisis via ectohydrolase activity
solubilises sinking and suspended organic matter, and releases it into the surrounding environment
as dissolved organic matter (DOM) (Smith et al., 1992; Azam, 1998; Grossart & Simon, 1998). The
DOM is then respired by free-living microbes (Cho & Azam, 1988). Ploug & Grossart (2000) fur-
ther demonstrated that the O2 exchange accross the surfaces of sinking particles enhances microbial
remineralization. Bacteria also mediate dissolution of opal (Bidle & Azam, 1999).
Zooplankton reduce sinking flux by feeding off the organic aggregates (thus reduce the total
amount of particles), repackage it into smaller faecal pellets, and fragment aggregates into smaller
particles (Lampitt et al., 1993; Steinberg et al., 2001; Turner, 2002).
Relative role of zooplankton vs. microbial remineralization is poorly understood. Recently,
Giering et al. (2014) demonstrated that microbial activity was responsible for 70–92% of POC
remineralization in the twilight zone at the Porcupine Abyssal Plain in the North Atlantic, despite
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the fact that much of the POC was exported in the form of large, fast-sinking particles accessible to
larger zooplankton. Giering et al. (2014) suggested that zooplankton ingestion and fragmentation
of POC into smaller suspended particles stimulated microbial activity.
1.7 δ15N isotope system
The availability of nitrogen (N) regulates oceanic primary production and therefore affects the
strength of the BCP. In the ocean N occurs in a variety of chemical species, which result chiefly
form the metabolic activity of marine biota, utilizing N as energy source and as building block
for their cell structures. The dissolved N2 gas is the largest pool of N in the ocean, yet, it is
unavailable for most marine organisms. A specific type of marine prokaryotes, called diazotrophs,
can convert dissolved N2 into bioavalable N forms, such as ammonia (NH+4 ) and dissolved organic
nitrogen (DON), thus enriching the fixed N pool in the ocean. This process is known as N2 fixation.
The oceanic inventory of fixed N is determined by the balance between N2 fixation and conversion
of nitrate (NO–3) into N2 via annamox and denitrification reactions (Gruber & Sarmiento, 1997).
Stable isotopes of all N species are sensitive indicators of these biogeochemical transformations.
Hence, their distribution in the water column and sediment has been widely used to identify the
N sources supporting primary production and to elucidate the pathways and mechanisms of N
movement within the ocean (Montoya, 2007).
Nitrogen exists naturally as two stable isotopes, abundant 14N (99.6337%) and rare 15N (0.3663%).
The ratio of these isotopes in the atmospheric N2 gas is nearly constant (
15N
14N=0.0036765), thus it
can be used as a reference standard in isotope ratio mass spectrometry (Robinson, 2001; Mahaffey
et al., 2005). Biogeochemical transformations of N species alter 15N14N ratio in a process called iso-
topic fractionation. The resulting variations in N isotopic composition (δ15N , in part per thousand
(h)) can be expressed as the deviations in 15N14N ratio (Rsample) from that of the accepted standard








The fractionation occurs due to kinetic processes, and is controlled by the strength of the N-
containing chemical bonds (N-X), reaction rate, types and supply rate of substrate. The degree
(magnitude) of fractionation, referred to as the enrichment (or discrimination) factor ε, reflects the
difference between δ15N of the reaction substrate (e.g. nutrient source) and the reaction product
(e.g. phytoplankton).
Generally, the weaker 14N-X covalent bond and faster reaction rates for 14N lead to preferential
incorporation of light 14N isotope by the product from the substrate. This results in the relative
enrichment of 15N in the substrate, and 15N depletion in the product. The isotopic fractionation
strongly depends on substrate availability. When substrate is unlimited (“open” system), the
δ15Nsubstrate is not affected by substrate utilization. In contrast, when substrate is limited (“closed”
system), both the substrate and the instantaneous product will get progressively enriched in 15N
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while the substrate is still available. Once the substrate is exhausted, the final (accumulated)
product will attain the δ15N imprint of the initial substrate, regardless of the strong fractionation
during the reaction itself (Montoya, 2007). Hence, the fractionation effect can only be seen with
partial consumption of the substrate pool. In the ocean, “open” system are the regions with
continuous nutrient supply (e.g. coastal and upwelling zones), and “closed” systems are nutrient-
limited waters, such as subtropical oligotrophic gyres.
The Atlantic subtropical gyres (“closed” system) provide ideal settings to study the isotopic
composition of N species, due to temporally and spatially varying N sources to the surface ocean,
each with a distinct N isotope composition. N demand by new production in the oligotrophic
gyral surface waters is supported mainly by N2 fixation and upwelled/diffused deep-water NO–3.
Regenerated production is also significant, and is supported by NH+4 and labile and semi-labile
forms of DON.
N2 fixation inject significant quantities of δ15N-depleted bioavailable N into the system. The
δ15N of oceanic dissolved N2 gas is ∼0.6h, similar to that of atmospheric N2 gas (∼0h) (Mahaffey
et al., 2005). The isotopic fractionation during N2 fixation is very low, therefore, the diazotroph-
derived organic matter acquires light δ15N signature close to 0h (Wada & Hattori, 1976; Carpenter
et al., 1997; Mahaffey et al., 2005). N2 fixation does not alter the δ15N-NO–3 directly. When
diazotroph-derived depleted δ15N-PON is remineralized, it contributes to the oceanic NO–3 pool
through conversion of NH+4 to NO–3 (nitrification) (Mariotti et al., 1981; Montoya, 2007). Higher
dust-derived Fe input in the North Atlantic Subtropical gyre (NASG) compared to the South
Atlantic Subtropical gyre (SASG) leads to higher N2 fixation and Trichodesmium spp. abundance
in the NASG (Moore et al., 2009), and hence, isotopically lighter δ15N-PON (between -2.1 and
+2.9h; Wada & Hattori (1976); Montoya et al. (2002); Capone et al. (2005a); Mather et al.
(2008)) and thermocline N-NO–3 (e.g. 2.8h in the Sargasso Sea; Knapp et al. (2005)) in the NASG
compared to SASG. (Mather et al., 2008).
The deep-water NO–3 is delivered to the surface waters by diffusion, upwelling or mesoscale
eddies. Chronically nutrient depletion in the oligotrophic gyres leads to complete utilization of NO–3
pool, and production of PON with the δ15N imprint of the injected δ15N-NO–3 (Mahaffey et al.,
2005). Animal feeding and excretion processes and microbial degradation discriminate strongly
against 15N , resulting in isotopically depleted recycled nutrient ammonium (NH+4 ), and isotopically
enriched PON (e.g. faecal pellets, organic aggregates, zooplankton carcasses) (Montoya et al., 2002;
Mahaffey et al., 2005). While lighter δ15N-NH+4 is recycled within surface waters, enriched δ15N-
PON sinks to depth and when remineralized below the euphotic zone, contributes to δ15N-enriched
NO–3 pool. This partly contributes to the overall lower δ15N of organic matter in the Atlantic
oligotrophic waters, where recycled N supports large fraction of primary production, although N2
fixation is probably the major source of depleted δ15N-NO–3 in those waters.
Atmospheric deposition (precipitation) associated with seasonal migration of the ITCZ intro-
duces depleted δ15N-NO–3 and NH+4 (-5.9% to -2.1%; Hastings et al. (2003)) into the (sub)tropical
Atlantic surface waters.
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At depth, denitrification by anaerobic bacteria also involves preferential consumption of 14NO–3
during respiration, enriching the deep-ocean NO–3 pool in 15N , with a strong N isotope enrichment
factor of about 20-30 h (Somes et al., 2010). In the anoxic sediments, however, denitrifying
bacteria consume all available NO–3, leaving nearly unaltered δ15N in the overlying waters (Somes
et al., 2010). The average deep-water δ15N-NO–3 (global average δ15N-NO–3 = ∼4.8±0.2h; Sigman
et al. (1999)) represent the balance between the isotope effects of water column N2 fixation and
water column and denitrification processes (Montoya, 2007; Somes et al., 2010).
A conundrum exists in the δ15N of total dissolved organic nitrogen (DON) pool. DON is product
of phytoplankton cell excretion, viral lysis and remineralization of organic particles. Diazotrophs
such as Trichodesmium spp. can exude up to 75% of recently fixed N as DON (Glibert & Bronk,
1994; Capone et al., 1994; Karl et al., 1997; Mahaffey et al., 2005), providing depleted δ15N-DON. In
the oligotrophic Atlantic, total DON concentrations exceed that of DIN by an order of magnitude,
and may sustain 40% of export production (Roussenov et al., 2006; Torres-Valdes et al., 2009).
However, The δ15N-DON was shown to be inconsistently variable. For example, in the subtropical
North Atlantic (BATS), the δ15N-DON is reported to be 3-4 h in Knapp et al. (2005), and 6-7
h in Benner et al. (1997). Such apparent variability in δ15N-DON can be due to methodological
problems or differences within DON pool (source, degree of degradation, etc.) (Mahaffey et al.,
2004).
1.8 Tools to measure POC flux
Current methods for assessing POC export/sequestration include a variety of direct and indirect
techniques. The direct methods include deployments of moored (Honjo et al., 1982; Lampitt &
Antia, 1997; Conte et al., 2001; Karl et al., 2012) and free-drifting/neutrally-buoyant sediment
traps (Salter et al., 2007; Lampitt et al., 2008; Bue, n.d.; Lamborg et al., 2008b; Owens et al.,
2013), and marine snow catchers (Lampitt et al., 1993; Riley et al., 2012). Indirect techniques
involve estimation of particle exports from seasonal uptake of nitrate (e.g. Pondaven et al. (2000),
Sanders et al. (2005)), oxygen-based net community production (Jahnke et al., 1997; Cassar et al.,
2009; Martin et al., 2013), and radioisotope pairs of 234Th/238U (Buesseler et al., 1995; Morris
et al., 2007; Le Moigne et al., 2013c) and 210Pb/210Po (Verdeny et al., 2008; Le Moigne et al.,
2013c). Particle flux measurements can also be done robotically, e.g. using autonomous profiling
floats (Bishop et al., 2004; Bishop, 2009; Estapa et al., 2013). However, these technologies are
under active development and not yet widely available. For the present work, both indirect and
direct methods were used to measure downward particle flux.
1.8.1 234Th:238U disequilibria
The indirect approach (Chapter 2 and 3) utilized naturally occurring in seawater, short-lived and
particle reactive 234Th isotope (Bhat et al., 1968). Briefly, 234Th is produced from natural 238U
which is dissolved, conservative and proportional to salinity in well-oxygenated seawater (Anderson
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et al., 1989). 234Th is readily adsorbed onto particle surfaces and is exported out of the upper
ocean as particles sink. Consequently, a radioactive disequilibrium between 234Th and 238U is
formed, which can then be measured analytically (Loeff et al., 1997; Pike et al., 2005). Based on
the known rate of 234Th production and decay, the downward 234Th flux can be determined and
then converted into flux of any element, if the ratio of this element to 234Th on sinking particles
is known (Buesseler et al., 1992). 234Th:238U disequilibrium method can only be used to estimate
shallow export flux, as the equilibrium between 234Th and 238U is typically restored below 100-200
m depth. The fluxes obtained with 234Th method are integrals of time-scales from several days to
weeks (Savoye et al., 2006). The great advantage of the 234Th method is that it allows a quick
and spatially resolved determination of downward particle flux from a single vertical profile of
234Th activity and a ratio of element of interest to 234Th on the same sinking particles. The 234Th
method has been widely used in particle flux studies (see Le Moigne et al. (2013b)). Recently, a
global database of 234Th-derived POC exports has been compiled (Le Moigne et al. (2013b); Fig.
1.5) and used to estimate the strength of global BCP (Henson et al., 2011).
The 234Th export models distinguish the steady and non-steady state formulations of 234Th
activity (SS and NSS 234Th export models, respectively), both of which are not free from significant
uncertainties. The SS model relies on the assumption of constant 234Th activity over the mean
life of 234Th (τ=34.8 d), and a negligible contribution of physical transport (i.e. advection and
diffusion) to total 234Th activity (Savoye et al., 2006). The SS model produces straightforward
measures of 234Th:U238 disequilibria, however may not account for the effects of episodic events,
such as blooms and eddies, which may under or overestimate the 234Th fluxes up to a factor of
6-7 (Loeff et al., 1997; Gustafsson et al., 2004; Savoye et al., 2006). The errors associated with
the SS assumption for 234Th activity are especially high in the oligotrophic areas where 234Th:238U
disequilibria are small, and where the vertical and horizontal advection is high (e.g. upwelling
Figure 1.5: Global distribution of 234Th-derived POC fluxes (mg m−2 d−1)(Le Moigne
et al., 2013b)
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zones) (Buesseler et al., 1995; Benitez-Nelson et al., 2001).
A priori, the NSS model is considered more accurate as it accounts for changes of 234Th activity
over time. The NSS model requires stations to be revisited, which is often logistically impossible.
The NSS model assumes that the same water mass is sampled at both station occupations, which
in reality, however, may not be true. The accuracy of the NSS model strongly depends on the
time delay between station reoccupation, ∆t: the longer the delay is, the more uncertain the 234Th
export estimates are (Savoye et al., 2006). It is thus recommended to reoccupy the station after the
∆t of less than the one 234Th half-life (Savoye et al., 2006). Recently, Resplandy et al. (2012) also
demonstrated that the NSS model may misinterpret variations in 234Th activity due to small-scale
spatial variability (patchiness) of 234Th activity as temporal change, and lead to errors larger than
those induced by the SS model. Incorporation of physical process into NSS model depends on the
export magnitude, current velocity, and gradient of 234Th activity (Savoye et al., 2006). Physical
process tend to be relatively unimportant in the oligotrophic gyres, but dominant in ocean margins
(e.g. Buesseler et al. (1995); Gustafsson et al. (1998); Benitez-Nelson et al. (2000); Morris et al.
(2007)).
Regardless of the 234Th export model type used, the overall accuracy of the 234Th method
in estimating POC exports also strongly relies on the choice of POC/234Th ratio, which varies
significantly with particle size, collection depth and method of particle collection (Buesseler et al.,
2006). Generally, when applying Th 234Th method for particle flux estimation, it is important to
consider the temporal and spatial scales of scavenging and flux processes in the ocean (Buesseler
et al., 2006). While the in situ 234Th:238U disequilibrium measures the flux over up to several weeks
prior to sampling, the POC/234Th ratio on sinking particles often represents a single point in time
and space, therefore may not be characteristic of the flux over 234Th integration period (Buesseler
et al., 2006). Recent studies also demonstrate that use of the global 238U-salinity relationship may
significantly increase the uncertainty of 234Th-derived particle exports (Pates & Muir, 2007; Owens
et al., 2011).
1.8.2 Sediment traps
To date, the most direct method for quantifying downward particle flux is by using sediment
traps (Fig. 1.6). Sediment traps are cylindrical or funnel-shaped devices which can be deployed
throughout the water column to intercept sinking particles. The trap material can be used for
a variety of chemical and biological analyses. Any analytical measurement performed on trap
material can be converted into flux by normalizing the measured parameter to the trap collection
area and deployment time. Direct measurements of downward particle flux at desired depths
and duration provide invaluable information about magnitude and composition of flux as well as
its spatial, temporal and vertical variations. Although sediment traps come in various shapes,
styles and deployment configurations (Fig. 1.6), most of them operate in analogy with a rain
gauge, collecting the sinking particles into trap body/sample cup through the opening at the top
of the trap (Buesseler et al., 2007a). The collection cups are filled with dense brine solution also
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A. B. D. C. C. 
Figure 1.6: Examples of different sediment trap designs: (A) surface-tethered, (B)
neutrally-buoyant, (C) PELAGRA, and (D) bottom-tethered sediment traps. Trap (D)
was used in the present study.
containing poison or preservative. Such sampling strategy minimises resuspension and loss of the
collected particles from the sample cups, and prevents in-trap particle solubilisation and microbial
degradation.
Since 1970s sediment traps have been providing important insights into temporal and spatial
trends in particle flux. However, this method of particle flux measurements is not free from sig-
nificant biases, which vary depending on trap type, its deployment depth and duration of particle
collection. Two major factors constrain the reliability of the sediment trap data: (1) hydrodynamics
and (2) “swimmers”. Both are the most acute when the traps are deployed in the upper 1000 m of
the water column.
(1) The hydrodynamic issues apply to tethered or moored sediment traps at any depth, and
are induced by physical factors, such as wind stress, current shear, turbulence, and internal waves.
These factors drastically increase the current velocity above the trap, which may exceed particle
settling speed into the trap by 10-100 times (Lampitt et al., 2008). In the upper ocean, the hori-
zontal currents are the strongest, hence, hydrodynamic effects are the most significant. The wind
stress can induce additional vertical movement of the the surface-tethered sediment traps, which
are usually attached to the surface buoy. Movement of the trap itself can also disturb the horizontal
flow field around the trap and change the tilt of the trap opening relative to the flow direction. This
affects the collection efficiency of sediment trap, i.e. the extent of particle under- or over-collection
relative to the true downward particle flux (Buesseler et al., 2007a). Field experiments by Baker
et al. (1988) showed that in currents <12 cm s−1, the magnitude and characteristics of settling
particles collected in moored traps were similar to those collected simultaneously in drifting traps.
These observations lead to a generally accepted “critical” current velocity of 12 cm s−1, under which
the hydrodynamic effect on particle collection is considered to be minimal. To date, however, no
simple relationship between trapping efficiency and the current velocity above the trap have been
shown (e.g. Gardner et al. (1997)), therefore, the issue still remains unresolved. Attempts have
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been made to “calibrate” the trap performance by measuring the flux of U-series radionuclides.
In the upper 100-200 m, trap-derived fluxes can be compared to the fluxes estimated from the
fluxes of short-lived 234Th and 210Pb, although the latter methods undoubtedly possess their own
intrinsic limitations (Savoye et al., 2006). For assessment of trap performance deployed deeper in
the water column (>500 m), fluxes of long-lived 230Th and 231Pa into the trap can be measured
and then compared to the independent flux estimates for these radionuclides (Scholten et al., 2001;
Yu et al., 2001). These rare “calibration” studies showed that trapping efficiencies tend to increase
with increasing depth. However, even at depth >1000 m, traps can significantly underestimate or
overestimate the downward particle flux (Scholten et al., 2001; Yu et al., 2001).
(2) Zooplankton and nekton, collectively referred to as “swimmers”, can actively enter the
trap, when locating their food source. Some swimmers, however, may be carried into the trap
by the turbulent flow above the trap. Swimmers can substantially bias particle flux by feeding
off the collected particles, fragmenting them, and defecating in the sample cups, hence affecting
the amount, chemical composition and morphology of the trap material. Similar to hydrodynamic
issues, the “swimmers” problem is the greatest for the shallow traps (e.g. Michaels et al. (1990)), but
becomes less important with depth (Lee et al., 1988; Buesseler et al., 2007a). Addition of poisons
and preservatives is a very important and effective way to quickly kill the swimmers that entered
the traps, although poisoned/preserved sample cups tend to retain larger number of swimmers
(Buesseler et al., 2007a). The samples used in the present work (Chapter 4) were preserved in the
brine solution containing formaldehyde. In addition to being a poison, formaldehyde preserves the
samples, i.e. makes zooplankton bodies rigid, hence easier to remove without breaking.
Swimmers do not contribute directly to downward particle flux, hence, must be removed prior
to any sample analysis. The swimmers removal techniques vary widely, and are complicated by the
lack of standardized classification of what should be considered a “swimmer” and removed from the
trap cup. For the present study, the trap material cleaned from swimmers by manually picking the
individual swimmers under stereo microscope with tweezers and pipette, following the swimmer-
picking criteria in Buesseler et al. (2007a). Although time-consuming and neat, this method was
favoured over screening the samples through the mesh, as it allowed the removal of only identifiable
swimmer components and the retention of larger aggregates or particles, which would otherwise be
potentially broken or removed. However, not all the swimmers could be easily recognized, as some
gelatinous zooplankton, known as “cryptic swimmers” are hard to distinguish from the detritus in
the sample cups (Michaels et al., 1990).
Various types of sediment traps have been developed to avoid the hydrodynamics and swimmers
biases. For example, neutrally buoyant sediment traps (NBST, Fig. 1.6 C; Valdes & Price (2000))
and PELAGRA traps (Particle Export measurement using a Lagrangian trap, Fig. 1.6 B; Lampitt
et al. (2008)) follow the motion of the water mass and yield relatively better particle fluxes in
comparison to surface-tethered traps (Fig. 1.6 A; Lamborg et al. (2008b); Lampitt et al. (2008)).
The traps of “labyrinth of doom” (Coale, 1990) and indented rotating sphere (IRS; Peterson et al.
(1993)) types were designed to segregate swimmers from sinking material.
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The discussion so far focussed on biases associated with processes taking place around and
within the traps. However, once collected into the trap cups, particles may be subjected to solubi-
lization, leading to a loss of a proportion of elements from the particulate phase into the supernatant
solution. The extent of solubilization strongly depends on the trap deployment depth and du-
ration, particle type, and local conditions (e.g. warm, oxic vs. suboxic/anoxic waters). Moreover,
different elements tend to escape into solution at different rates (see section 4.4.2). Thus, apart
from killing “swimmers”, treatment of the brine solution with appropriate concentrations of various
poisons and preservatives minimises in-trap particle solubilization and microbial degradation. The
effectiveness, advantage and disadvantages of different poisons/preservatives on chemical composi-
tion of the trap material have been addressed e.g. in Knauer et al. (1984), Lee et al. (1992), Hedges
et al. (1993), Pohl et al. (2004), and Lamborg et al. (2008b).
Despite their limitations, sediment traps remain the most common (direct) method of downward
particle flux measurements, especially in the deep ocean. In this study (Chapters 4 and 5), classic
bottom-tethered (moored) sediment traps (McLane, PARFLUX type, Fig. 1.6 D) were used to
collect time-series of particle flux at 3000 m depth.
1.9 Oligotrophic gyres and their role in global Carbon export and
sequestration
The subtropical oligotrophic gyres occupy ∼40-60% of the global ocean (Antoine et al., 1996;
McClain et al., 2004; Polovina et al., 2008) (Fig. 1.7). The interior of these vast ocean provinces is
characterized by low nutrient supply to the euphotic zone, low surface chlorophyll-a concentrations
(<0.07 mg m−3), low phytoplankton abundance, and hence, small annual biological production
(<90 g C m −2 yr−1). However, owing to their large spatial extent, the oligotrophic gyres may
account for 30-60% of global primary production and export (Longhurst, 1995; Karl et al., 1996;
Antoine et al., 1996; Emerson et al., 1997; Lutz et al., 2007), hence are an important component
of the global carbon cycle and potentially large sinks of atmospheric CO2.
The oligotrophic gyres are amongst the least explored and understood oceanic environments.
They are remote, large and challenging to access. In comparison to coastal areas, the oligotrophic
gyres are largely under-sampled, especially in the Southern hemisphere. Sparse data coverage
has lead to a long-prevailing paradigm of the oligotrophic gyres being viewed as homogeneous
and static ocean systems, termed “biological deserts” (Ryther, 1969; Thompson, 1978). However,
in the past two decades this paradigm has been challenged, as more frequent observations have
revealed substantial spatio-temporal complexity and variability of the gyral environments. For
example, time-series studies by Karl et al. (2001) and Steinberg et al. (2001) have shown that
photosynthetic carbon fixation in the North Atlantic and Pacific oligotrophic gyres was significantly
variable both on seasonal and inter-annual time scales. The 10-year time-series observations of
satellite chlorophyll-a and coloured dissolved organic matter (CDOM) concentrations by Morel et al.
(2010) demonstrated conspicuous seasonality in the Atlantic and Pacific oligotrophic gyres. Neuer
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Figure 1.7: The map of surface chlorophyll-a concentration (annual composite for 2013
from MODIS-Aqua). The dark blue areas indicate oligotrophic provinces with surface
chlorophyll-a concentration of <0.07 mg m−3. Source: NASA Ocean color (http:
//oceancolor.gsfc.nasa.gov/cgi/l3)
et al. (2002) and Helmke et al. (2010) have shown that despite similar surface primary production,
the biological carbon pump is 4 times stronger in the western North Atlantic oligotrophic gyre than
in its eastern province. Karl et al. (2012) documented a prominent temporal variability of deep
POC fluxes at 4000 m in the North Pacific Subtropical gyre (Karl et al., 2012). Also, the ongoing
Atlantic Meridional Program (AMT) has been providing unprecedented insights into upper ocean
biogeochemical dynamics in the Atlantic oligotrophic gyres since 1995 (e.g. Maranon et al. (2005,
2003); Mahaffey et al. (2004); Thomalla et al. (2006); Poulton et al. (2006a,b, 2007); Zubkov et al.
(2007); Moore et al. (2009); Hill et al. (2011); Hartmann et al. (2013), etc.).
Albeit generally low productivity in the oligotrophic environments any modest change in their
extent and altered biogeochemical processes can have significant impact on the global carbon cycle
because of their vast surface area.
Recent model studies suggest that the global oligotrophic gyres have expanded by up to ∼15%
over the past two decades (McClain et al., 2004; Polovina et al., 2008; Irwin & Oliver, 2009).
Also, Henson et al. (2010) reported the mean chlorophyll-a within the global subtropical gyres has
declined as the mean sea surface temperature increased. The North Atlantic oligotrophic gyre,
the smallest of the 5 major oligotrophic basins, expands the most rapidly at a rate of 4.3 % yr−1
(Polovina et al., 2008). The expansion of the South Atlantic oligotrophic gyre, which is twice the
size of the North Atlantic, is slower (0.8 % yr−1) (Polovina et al., 2008). Models also suggest
that under present climate warming trends, stratification and the geographical extent of the low-
productive ocean regions will increase in the near future (Polovina et al., 2011; Jena et al., 2013).
Thus, it is crucial to gain a better understanding of physical and biogeochemical mechanisms that
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operate within the oligotrophic gyres, in order to understand and predict the response of these vast
areas to changing environmental conditions, and their feedback on the global carbon cycle.
1.10 UK GEOTRACES
A part of the work presented in this thesis (Chapters 2 and 3) was done as a part of the UK-
GEOTRACES Consortium (http://www.ukgeotraces.com), a part of the international marine
chemistry program GEOTRACES (http://www.geotraces.org/). The program’s mission is to
’identify and quantify fluxes that control the distribution of key trace elements and isotopes (TEIs)
in the ocean, and to establish the sensitivity of these distributions to changing environmental
conditions.
UK-GEOTRACES is focused on two regions of the Atlantic Ocean:
• The Tropical Atlantic, where the influence of metal inputs on biological processes including
Nitrogen cycling is investigated;
• The South Atlantic, where micronutrient cycling and the calibration of critical paleoproxies
were assessed.
The data presented and discussed in Chapters 2 and 3 were obtained during cruise D361 to the
(sub)-tropical Atlantic in February-March 2011 (Fig. 1.8), which studied physical and chemical
forcing of diazotrophy.
1.10.1 GEOTRACES D361 Cruise Rationale
Nitrogen (N2) fixation by diazotrophs is a significant source of new bio-available nitrogen to the
marine environment, and thus a process that can potentially control ocean productivity (Dugdale,
1967; Capone et al., 1997; Karl et al., 2003; Capone et al., 2005b; Karl et al., 2012). On basin and
global scales, iron (Fe) and phosphorus (P) are believed to be the primary chemical factors limiting
N2 fixation (Falkowski, 1997; Berman-Frank et al., 2001; Capone et al., 2005b; Carpenter et al.,
1999; Tyrrell et al., 2003; Mather et al., 2008; Moore et al., 2009).
Recent studies have shown a direct link between Fe concentration and N2 fixation rates along
meridional transects in the Atlantic, with the North Atlantic having markedly higher N2 fixation
rates compared to the South Atlantic Ocean (Mahaffey et al., 2004; Moore et al., 2009). N2 fixation
is also negatively correlated with dissolved phosphorus (P), suggesting that the inter-basin difference
in N2 fixation was controlled by Fe supply rather than P availability (Moore et al., 2009).
While P is chiefly supplied through subsurface inputs (Wu et al., 2000; Deutsch et al., 2007),
Saharan dust deposition is the major source of Fe in the (sub)-Tropical Atlantic (Tyrrell et al.,
2003; Jickells et al., 2005). However, the subsurface supply of Fe via lateral advection (Rijkenberg
et al., 2012) or local remineralization (Measures et al., 2008) could also be equally important for
N2 fixation.
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Figure 1.8: GEOTRACES D361 cruise track and
major sampling stations (numbered).
Latitudinal studies by Mather et al. (2008)
and Moore et al. (2009) vividly demonstrated
how the contrast in Fe supply directly influ-
ences diazotrophic activity and subsequently N
and P cycling in the North and South (sub)-
tropical Atlantic waters. In the North (sub)-
tropical Atlantic, high surface water Fe concen-
trations (up to 1.2 nM) and N2 fixation rates
(>1.5 nM L−1 d−1) were accompanied by low
phosphates (PO3–4 < 20 nM) and elevated uti-
lized dissolved organic phosphorus (DOP 80
nM). The reverse situation was observed in the
South (sub)-tropical Atlantic, where surface Fe
was low (<0.2 nM), N2 fixation rates were also
low (<0.5), and both PO3–4 and DOP concen-
trations were higher (up to 300 nM and 150 nM
respectively). In turn, a South to North gradi-
ent of increasing N “excess” relative to P was
observed at the seasonal thermocline (Moore
et al., 2009). However, our understanding of
the specific links and feedback mechanism be-
tween these major nutrient inputs and their biogeochemical consequences is weak. For example,
the fate of the fixed nitrogen and associated carbon remains elusive. Specifically, how much of the
N2 fixed production is directly exported out of the euphotic zone and how much of it is recycled?
D361 aimed to quantitatively investigate the link between Fe supply and biological fixation
of atmospheric N2 by marine diazotrophs in the (sub)-Tropical Atlantic Ocean, as well as to un-
derstand the importance and strengths of various Fe sources. It was hypothesised that (1) the
subsurface transfer of Fe to the upper ocean could locally exceed the atmospheric supply in the
(sub)-tropical North Atlantic; (2) the different Fe regimes in the (sub)-tropical Atlantic constrained
the distribution and activity of diazotrophs, resulting in differences in P cycling; (3) basin-scale
contrasts in N∗ were controlled by the diazotrophic response to contrasting Fe inputs. The supplies
of nutrient and trace elements by atmospheric deposition, from intermediate and deep water, and
by lateral advection were estimated using direct sampling and modelling approaches. An attempt
was made to link the supply and cycling of Fe to diazotroph productivity and species distribution.
1.10.2 GEOTRACES D361 Cruise Overview
Sampling during D361 took place from February 18 to March 15, 2011 on board of RRS Discovery,
with one major station being daily occupied from February 21-February 27th on the East-West (E-
W) transect between the coast of Senegal and ∼27◦W along 12◦N; and from March 03 to March
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15, 2011 on the South-North (S-N) transect from the South Atlantic Gyre (07◦13S, 25◦W) to the
North Atlantic gyre (∼ 19◦N, 28◦W). In total, 21 stations were occupied over the duration of the
cruise (Fig. 1.8).
1.11 Thesis motivation and objectives
The principal motivation for this work is to gain new insights into processes that control the strength
and efficiency of the biological carbon pump in the (sub-)tropical oligotrophic oceanic regions to
better understand the ability of these vast provinces to export and sequester atmospheric CO2. To
address this issue, the downward particle fluxes in the oligotrophic Atlantic ocean are quantified
and assessed using two complementary approaches. The first approach involves measurement of
234Th: 238U disequilibria to study export fluxes in relation to the supply of new nutrients (namely,
nitrogen fixation and upward diffusive flux of deep water nitrate). The second approach involves
assessment of particle sequestration flux data from the deep moored sediment traps collected at two
oligotrophic sites in contrasting atmospheric dust deposition regimes. The key questions addressed
in the present study are:
• Can global 238U-salinity relationship predict water column 238U activity in the study region?
What are the consequences of using predicted vs. measured 238U for 234Th flux estimates in
oligotrophic waters?
• Does nitrogen fixation enhance export of particular organic carbon and nitrogen? What is
the contribution of sinking diazotroph biomass to the observed export flux?
• What are the differences in magnitude and composition of the bathypelagic particle flux (3000
m) in the oligotrophic areas of contrasting atmospheric dust deposition regimes?
• Does atmospheric dust input enhance the POC flux to the deep oligotrophic ocean and how?
1.12 Thesis structure
In Chapters 2 and 3, the 234Th-238U disequilibria are used to study shallow export fluxes in the
sub-tropical Atlantic during GEOTRACES D361 cruise in February-March 2011.
Chapter 2 evaluates the use of 238U-salinity relationship to estimate water column 238U activity
in the study region. The vertical distribution of directly measured 238U activity is investigated and
compared to the 238U values derived from water column salinity. The impact of salinity-derived
238U activity on calculated 234Th exports relative to the use of directly measured 238U activity is
assessed and discussed. The measured 238U activity is used to derive new 238U-salinity relationships
representative for the tropical oligotrophic sites.
Chapter 3 investigates the impact of N2 fixation on export production in the (sub-) tropical
Atlantic. 234Th:238U disequilibria and POC(PON) to 234Th ratios on sinking particles are used to
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estimate POC and PON export fluxes and to assess their spatial variability in relation to contrasting
diazotroph activity. The direct contribution of sinking Trichodesmium spp. cells to PON export
is estimated. The role of N2 fixation for the production and subsequent export of organic matter
is constrained by investigating PON export in relation to upward flux of deep-water nitrate. The
Nitrogen budget is constructed to evaluate the overall importance of N2 fixation as a new nitrogen
source in the study area.
Chapters 4 and 5 study variations in the bathypelagic (sequestration) particle fluxes in the
oligotrophic Atlantic ocean in relation to dust deposition.
Chapter 4 presents and describes almost a continuous 2-year sediment trap records of bathy-
pelagic particle fluxes (3000 m) at two mooring sites, NOG and SOG, located in the cores of the
North and South Atlantic ultra-oligotrophic gyres, respectively. These sites have similar surface
biology, but experience contrasting atmospheric dust inputs throughout the year. Here, the magni-
tude and composition of the bathypelagic particle fluxes are quantified and compared between the
NOG and SOG sites, and to published deep flux data from the oligotrophic sites in the Atlantic
and Pacific Oceans. The strength and efficiency of POC sequestration are estimated and compared
between the sites. The relation between deep POC flux and surface production is assessed and
discussed.
Chapter 5 continues the discussion started in Chapter 4 by investigating how episodic high
dust inputs induce stronger and more efficient POC sequestration in the core of the North Atlantic
oligotrophic gyre compared to that in the South Atlantic oligotrophic gyre. The issue is addressed
from the perspectives of ballasting of organic matter by lithogenic particles, and from the fertiliza-
tion potential of the atmospheric dust to temporarily alleviate nutrient limitation, stimulate growth
of phytoplankton, including that of diazotrophs, thus increase POC flux to depth.
Finally, Chapter 6 concludes on the major findings of the present work, and outlines some
directions for future work.
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Chapter 2
Differences between salinity-derived and measured Uranium
activity in the (sub-) tropical Atlantic Ocean: consequences for
234Th particle export estimates
Contribution
The seawater samples for 238U analysis were prepared by the author and Christian
Schlosser (NOCS). Mass spectrometry measurements were performed by Christian
Schlosser and Andy Milton (NOCS). Total 234Th sampling and chemical separation
were performed by the author. Andy Milton (NOCS), Patrick Martin (EOS) and Fred
Le Moigne (NOCS) helped with recovery measurements on ICP-MS. Alex Forryan
(NOCS) performed bottle salinity calibrations. Anouska Panton (NOCS) measured
bottle oxygen concentrations. Fred Le Moigne, Christian Schlosser and Maria Villa
Alfageme (University of Sevilla) helped with the interpretation of data.
Abstract
High quality estimates of 238U activity in seawater are required for calculations of marine particle
export using the 234Th:238U disequilibrium method. The 238U activity is typically obtained through
a standard 238U-salinity relationship, which has been determined for the open ocean. This study
examines 238U activity data from the (sub-)tropical Atlantic obtained from direct measurements
on samples collected during UK-GEOTRACES cruise D361, and compares the values to 238U
activities predicted from water column salinity. The measured 238U activities in the study region
varied spatially, and were among the lowest reported for the Atlantic Ocean. The exact cause of
non-conservative 238U behaviour in the study region was not established. It was hypothesised that
low 238U activities resulted from a remote autochthonous removal process and advection of low 238U
activity waters to the study area. The measured 238U activities in this region were significantly
lower than those derived from the 238U-salinity relationship. The difference between the predicted
and measured absolute 238U activities was ∼11%. Despite these relatively moderate differences, the
error on the calculated 234Th fluxes in the oligotrophic-most waters was large (80%) due to the small
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234Th:238U disequilibria. To account for the relatively low 238U activity in our study region, new
localized 238U-salinity relationships were derived from the measured water-column 238U activity
and salinity. Obtaining high quality activities of both 238U and 234Th is critical for minimizing
uncertainty in the 234Th: 238U method, which is a key tool for understanding particle dynamics in
the upper ocean. This is vitally important, if the 234Th method is to be applied in the oligotrophic
areas, where the 234Th:238U disequilibria are small, and where large uncertainties on both terms
lead to ambiguities in interpretations of particle dynamics and export.
2.1 Introduction
The biological carbon pump (BCP) is a key component of the global carbon cycle and consists of
sinking particles which transfer assimilated atmospheric carbon from the surface to the deep ocean
(Volk & Hoffert, 1985; Boyd & Trull, 2007; Falkowski et al., 1998; Lutz et al., 2007). The amount
of carbon exported by sinking organic particles can be determined from the depletion of naturally
occurring 234Th relative to 238U in the water column (Buesseler et al., 1992) and the ratio of organic
carbon to 234Th on sinking particles. 234Th is a short-lived (t1/2=24.1 d) particle-reactive tracer
that is produced at a constant rate from its conservative long-lived parent 238 U (t1/2=4.51 × 109
years). In the absence of particles, the rate of 234Th supply via 238U decay is equal to the rate of its
removal via 234Th decay, i.e. 234Th and 238U are in a secular equilibrium (234Th=238U) (Bhat et al.,
1968; Buesseler et al., 1992; Loeff et al., 1997; Savoye et al., 2006). In the surface waters, where
the 234Th flux on sinking particles is enhanced, a deficit in 234Th activity relative to 238U occurs
(234Th < 238U). Conversely, if particles are remineralized at depth, an excess of 234Th activity is
found (234Th > 238U).
Over the past few decades, this approach has been used in numerous particle flux studies (Bhat
et al., 1968; Bruland & Coale, 1986; Martin et al., 2013; Bue, n.d.; Buesseler et al., 1995; Loeff
et al., 1997; Morris et al., 2007; Le Moigne et al., 2013c; Planchon et al., 2012; Henson et al., 2011).
Recently, a global database of 234Th-derived carbon exports has been compiled (Le Moigne et al.,
2013a) and used to make global estimates of BCP strength (Henson et al., 2011).
Using the 234Th:238U disequilibrium method to make high quality estimates of downward par-
ticle fluxes requires accurate estimates of both 234Th and 238U activity in the water column (Pike
et al., 2005; Rutgers van der Loeff et al., 2006; Savoye et al., 2006; Buesseler et al., 2007b). The
number of direct 238U activity measurements is strongly outnumbered by 234Th measurements, as
238U is considered to be conservative in seawater (Ku et al., 1977; Chen et al., 1986; Dunk et al.,
2002) and thus can be derived from salinity observations. Conservative behaviour is caused by two
essential properties of uranium: (1) 238U decays slowly (λ=4.916 × 10−10sec−1), and thus has a
long half-life (4.5×109 yr) relative to ocean mixing (∼103 yr); and (2) 238U forms stable anionic
uranyl-carbonate complexes in well oxygenated environments, and therefore is poorly scavenged by
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Figure 2.1: Locations of 238U studies in the Atlantic Ocean, including this study. The map also
includes the D361 cruise transect (white line) with stations (number IDs) sampled for both total 234Th
and 238U (red squares) and for total 234Th only (blues circles). Stations 3 and 8 belong to the E-W
transect; stations 10-21 belong to the S-N transect. Monthly averaged MODIS-A surface chlorophyll-a
concentration was used for the map background (Source:NASA Ocean Colour).
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The oceanic residence time of 238U is 3.2-5 × 105 years, two orders of magnitude greater than
ocean mixing time of ∼103 yr. Thus, 238U activities are often determined from salinity using
average 238U activity in seawater normalized to a salinity of 35 (Ku et al., 1977; Chen et al., 1986;
Pates & Muir, 2007; Owens et al., 2011). The 238U-salinity relationships are based on a rather
limited number of α-spectrometric 238U measurements in the Atlantic and Pacific Oceans (n=10,
Eq. 2.1) by Chen et al. (1986) and have been frequently used in 234Th-238U disequilibrium studies
determining particle export fluxes. For example, the 238U-salinity relationship for the Atlantic
Ocean (n=10) is given in Eq. 2.1:
238U(±0.0239)(dpm L−1) = 0.0704(±0.000216)× S (2.1)
A number of recent observational studies with high quality analytical measurements revealed
spatial variations in 238U activities in different ocean regions (Gustafsson et al., 1998; Delanghe
et al., 2002; Robinson et al., 2004; Pates & Muir, 2007; Owens et al., 2011) (Fig. 2.1), prompting
a re-evaluation of the Chen et al. (1986) 238U-salinity model.
Owens et al. (2011) determined 238U activities in seawater samples collected over a wide spatial
range in the Atlantic and Southern Oceans (surface to ca. 3000 m), and suggested an alternative
238U-salinity relationship (Eq. 2.2). Although achieving a larger analytical uncertainty (1.9%
compared to Chen et al.’s 0.9%), their re-evaluated 238U-salinity relationship (Eq. 2.2) may be
preferable due to its wider geographical applicability and, most importantly, a wider salinity range
(32.7–37.1).
238U(±0.047)(dpm L−1) = 0.0786(±0.00446)× S − (0.315± 0.158) (2.2)
To derive 238U activities from salinity is appealing, as the method does not require costly and
time-consuming direct measurements. However, deviations from conservative behaviour can occur
in the variety of biogeochemical settings. For example, in the suboxic/anoxic environments (water
column and sediments), dissolved 238U precipitates as insoluble uranium oxide (UO2) (Anderson,
1982; Loefvendahl, 1987; Todd et al., 1988; Anderson et al., 1989; Barnes & Cochran, 1990). Ad-
ditional “crustal” 238U can be brought into the open ocean via atmospheric dust deposition (Dunk
et al., 2002). Moreover, atmospheric dust delivers dissolved and particulate iron (Fe) species, with
which 238U can co-precipitate, or by which 238U can be scavenged (Hsi & Langmuir, 1985; Liger
et al., 1999; Massey et al., 2014a). In such settings the 238U/salinity ratio may be significantly
altered (Pates & Muir, 2007). A small deviation of 238U from conservative behaviour leads to a
small offset between “real” absolute 238U activities and the values predicted from a 238U-salinity
relationship (e.g. ∼3% in Robinson et al. (2004)). However, such an offset may result in substantial
differences in 234Th fluxes, calculated from 234Th deficits relative to salinity-derived and measured
238U. This is especially critical in areas where the disequilibrium between 238U and 234Th is rela-
tively small due to low sinking particle fluxes, and where errors on both terms need to be minimized
in order to distinguish between export/remineralization processes (e.g. oligotrophic environments).
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Here, the differences between salinity-derived and measured 238U activities for the 234Th:238U
disequilibria study conducted in the (sub)-tropical Atlantic waters during D361 campaign are as-
sessed (Fig. 2.1). The motivation to validate Owens et al. (2011) 238U-salinity relationship in
the study region arose from unusual and persistent 234Th deficits at 1000 m depth, where secular
equilibrium was expected to be established. The sampling region encompassed extensive oxygen
minimum zones, where dissolved oxygen concentrations were as low as ∼40 µmol kg−1, and where
238U could potentially deviate from its conservative behaviour. Also, the northern part of the
study area (stations 08 and 16, Fig. 2.1) received significant amounts of aeolian mineral dust (as
wet and dry deposition) from the Sahara and Sahel deserts (Schlosser et al., 2014), which could
potentially induce co-precipitation of 238U with iron hydroxide particles or scavenging of 238U onto
surfaces of Fe-bearing minerals. Furthermore, sampling was performed in some low-productivity
areas, where 234Th activities were expected to be high. Hence, it was crucial to determine accurate
238U activities to minimize over- or underestimation of the resulting 234Th fluxes.
In this study 238U and 234Th data collected in the water column of the (sub)-tropical Atlantic
ocean are presented. This study demonstrates that the measured 238U activity does not agree
with 238U estimates derived from salinity. Two hypotheses are tested: (1) the difference between
salinity-derived and measured 238U was the result of low oxygen concentrations in the Atlantic; (2)
the difference between salinity-derived and measured 238U resulted from 238U co-precipitation with
iron (oxy)hydroxides. The impact of salinity derived 238U activities on calculated 234Th exports
relative to the use of directly measured 238U values are evaluated. Finally, the optimal way to
estimate 238U activities for the D361 sampling sites, where direct measurements of 238U activities
were not performed, is then discussed.
2.2 Materials and Methods
2.2.1 Sampling overview
Samples were collected during the UK-GEOTRACES cruise D361 performed in February-March
2011 on board of RRS Discovery. Water sampling during D361 took place along an E-W transect
(Fig. 2.1), from the coast of Senegal to ∼27◦W along 12◦N, and a S-N transect, from the South
Atlantic Gyre (07◦S, 25◦W) to the North Atlantic gyre (∼ 19◦N, 28◦W) (Fig. 2.1).
Samples for total 234Th activity were collected at each station at depths between the surface and
1000 m, while parallel samples for 238U concentrations were collected at three sites (red squares in
Fig. 2.1). Salinity was obtained from calibrated sensors deployed on the CTD rosette. The sensor
derived salinity data was calibrated against discrete samples collected at each sampling depth and
analysed with a salinometer at sea (Autosal, Guideline). Dissolved oxygen (O2) concentrations
were determined using SeaBird SBE 43 Oxygen sensor on the CTD frame, and calibrated using
Winkler titration method on at least 8 discretely collected samples from each CTD cast. Dissolved
Fe(III) (DFe) concentrations were determined in seawater samples collected by a trace metal clean
titanium frame CTD. Seawater samples were acidified and analysed on board using a flow injection
31
32 Chapter 2. Differences between salinity-derived and measured Uranium activity
analyser (FIA) equipped with a matrix removal/pre-concentration resin (Toyopearl, AF-650M) and
employing luminol chemiluminescence (Obata et al., 1993). For a more detailed method description
see Schlosser et al. (2014).
2.2.2 Sampling and analysis of 238U
The vertical distribution of 238U in the water column was investigated at station 08, 10 and 16
(Fig. 2.1). Seawater samples from 12 different depths were collected using trace-metal clean 10 L
Ocean Technology Equipment (OTE) bottles deployed at the titanium-frame CTD rosette frame.
Seawater samples were filtered immediately after CTD recovery through 0.2 µm polyethersulfone
(PES) cartridge filters (Acropak 500 capsules) under clean air conditions in a sampling van. The
filtered seawater samples were collected in acid-washed 125 mL low density polyethylene (LDPE)
bottles, acidified by ultra-clean hydrochloric acid (HCl-UpA, Romil) to pH1.9 (∼13 mmol H+
L−1), and shipped for the analysis to the National Oceanography Centre, Southampton. The 238U
samples were prepared for analysis one year later under trace metal clean conditions by pipetting
35 µL (or 100 µL) of the filtered seawater into acid washed 4 mL polypropylene (PP) vials filled
with 1/3 mL of a sub-boiled 1M HNO3 solution. The 1M HNO3 solution was spiked with rhenium
(Inorganic Ventures, US) to allow drift correction of the 238U signal. The 238U activity was analysed
by standard addition via low resolution inductively coupled plasma mass spectrometry (ICP-MS
Element II-XR Thermo Scientific, Germany). Standard solutions were prepared by dilution of a
1.004 µg L−1 ICP standard solution (Inorganic Ventures, US) in 2% HNO3. Every tenth sample
in the sequence was a duplicate to examine the precision of the measurements. The contribution
of 238U from the dilution acid, the vial, and the instrument was negligible (<0.001%). The limit of
detection (LOD) was 0.086 ± 0.001 pmol L−1.
2.2.3 Sampling and analysis of 234Th
Total 234Th activities (dissolved + particulate) were determined using the small volume technique
described in detail by Pike et al. (2005). Briefly, 4 L seawater samples from 8 to 10 depths in the
upper 1000 m of the water column were collected using a stainless steel CTD rosette equipped with
20 L OTE bottles. The highest sampling resolution was always within the upper 100 m (up to 7
discrete depths), where 234Th activities usually vary pronouncedly. 234Th was co-precipitated with
manganese oxide (MnO2), spiked with a 230Th yield tracer, and subsequently filtered. Material
on the filter was counted on-board ship by a low level beta counter (RISØ National Laboratories,
Denmark).
After complete 234Th decay (∼ 6 months) samples were re-analysed using the same instrument
at NOCS, and the initial 234Th activity of each sample was corrected for the background activity of
detector and interferences of α- and β-emitters on the filter. Counts of the initial and background
analysis were performed until a counting error of < 3 % was achieved.
Following the background count, the removal efficiency of 234Th via co-precipitation with MnO2
was determined (Pike et al., 2005). Briefly, the filtered precipitates were dislodged, dissolved with
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1 mL H2O2 + 8mL HNO3 (both Fisher Scientific, analytical grade reagents), and a 200 µL internal
standard of 239Th added. The Th isotopes were purified via anion-exchange chromatography, and
recoveries were determined by analysis of 239Th/230Th ratios by ICP-MS (Neptune, Thermo Sci-
entific, Germany). The low level beta-counter detectors were individually calibrated using certified
reference material (CRM) standards containing natural uranium (CRM-145, Inorganic Ventures,
US).
Error propagation calculations for the 234Th dataset considered the uncertainties associated with
decay, ingrowth, detector efficiency, and recovery. This yielded an average analytical uncertainty
for the 234Th analysis of 6-8 % (∼0.10 dpm L−1). To assess the total 234Th technique deep
water samples (1000 m) were used, where 234Th is assumed to be in secular equilibrium with
238U (Buesseler et al., 1992; Loeff et al., 1997; Charette & Moran, 1999; Morris et al., 2007). They
were therefore collected away from the surface ocean, coastal areas and sea floor (Morris et al.,
2007), where most 234Th takes place (Morris et al., 2007). The results yielded mean 234Th/238U
ratios of 0.980 with corresponding reproducibility of 4.9 % (n=6), when 238U activity measured via
ICP-MS was used.
2.2.4 234Th flux steady state model
The rate of 234Th export out of the surface ocean can be mathematically expressed as:
∂234Th
∂t
= (238U −234 Th)λ− P + V (2.3)
where ∂234Th∂t is the change of234Th activity with time, 238U is the uranium activity; 234Th is
the total thorium activity; λ is the 234Th decay constant (λ =0.02878 d−1); P is the net export
flux of 234Th on sinking particles; and V is the advection/diffusive fluxes of 234Th. In this study,
stations were occupied only once, therefore, the 234Th activity was assumed to be in steady state
(∂234Th∂t = 0), and the additional 234Th input by advection and diffusion was ignored (V = 0). This




λ(238U −234 Th)dz (2.4)
where z is a desired integration depth.
2.2.5 Data treatment
2.2.5.1 Units conversion
238U concentration data can be reported in a range of different units, depending on the measurement
method. In mass-spectrometric studies 238U concentrations are given in molar or mass concentra-
tions ( e.g. nM or ng g−1), while α-spectrometric data are given in activity concentrations (dpm
L−1 or in dpm kg −1). To convert 238U data from mass to activity units, the following equation 2.5
was used:
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U238 (dpm g−1) = m
Mw
×NA × λ (2.5)
where m is the mass of U238 in grams, Mw is molar weight of U238 = 238.059 g mol−1, NA is
Avogadro’s number = 6.022 × 1023, and λ is the U238 decay constant = 1.05 × 10−16 min−1. To
convert from concentration per unit mass to per unit volume, the potential density of the seawater
(kg m−3) was calculated using the salinity at the U238 sampling depth and the temperature of 20◦C
at which samples where aliquoted. R package “OCE” (CRAN) which employs UNESCO equation
of state (IOC & IAPSO, 2010) was used to obtain seawater density at the sites of interest.
2.2.5.2 Terminology
Throughout this study, the following types of 238U activities being referred to:
- 238Um - 238U activities measured directly via ICP-MS and converted to activity units using
Eq. 2.5.
- 238Un - 238Um activities normalized to global mean salinity of 35 (238Un=238Um × 35S (Ku
et al., 1977));
- 238Us - 238U activities derived using D361 salinity profiles and 238U-salinity relationship by
Owens et al. (2011) (Eq. 2.2) .
2.2.5.3 Errors and Uncertainties
Random errors associated with all 234Th activity and flux calculations were propagated as stan-
dard deviations (σ) using basic error propagation equations (see Appendix A.5 ). Uncertainties
associated with salinity-derived 238U were calculated from the root mean square error (rms) of the
linear regression at 95% confidence interval.
2.3 Results
238Um, 238Us (Owens et al., 2011) and total 234Th activities are presented in Fig. 2.2, along with
water column temperature, dissolved O2 and DFe concentrations. A summary of the dataset is
given in Table 2.1.
238U ranged from 2.22 to 2.46 dpm L−1 (n=39), across the salinity range of 34.5-36.7. Dissolved
O2 concentrations ranged from 41.2 µmol kg−1 in the core of the oxygen minimum zone (OMZ) to
213.1 µmol kg−1 in the surface mixed layer (Fig. 2.2, Table 2.1). Here, mixed layer depth (MLD)
was defined as the depth at which in situ temperature was 0.8 ◦C lower than in surface waters
(3-5 m) (Kara et al., 2000). The MLD was the deepest at station 10 (100 m) and significantly
shallower at stations 08 and 16 (68 m and 52 m, respectively) (Fig. 2.2). 238Us ranged from 2.40 to
34
2.3. Results 35
2.57 dpm L−1 (Table 2.1). Both 238Um and 238Us activities were equally distributed in the water
column (Kruskal-Wallis test, 99% confidence interval). When normalized to salinity 35, mean 238Un
activities at station 08 were significantly higher than that at station 10 and 16 (p<0.001, t-test).
Mean 238Un activities were similar for stations 10 and 16 (p=0.713, t-test). At all stations, 238Um
activity was lower than derived from salinity. The offset between 238Us and 238Um was significantly
larger at stations 10 and 16 than at station 8 (p<0.001, t-test) (Fig. 2.2 B,C). At station 08, 238Um
was in a better agreement with the predicted 238Us (Fig. 2.2 A).
Water column 234Th activities were lowest and most variable within the mixed layer. 234Th
activities increased below the MLD and remained relatively constant with depth. Station 08 was the
only site where 234Th was depleted relative to parental 238Um through most of the water column.
Here, the absolute 234Th deficit (238Um–234Th) in the mixed layer was on average 0.50±0.2 dpm
L−1.
At station 08, within analytical uncertainty, secular equilibrium with 238Um was reached only at
500 m (Fig. 2.2A). At stations 10 and 16 234Th deficits were observed only in the mixed layer and
secular equilibrium was reached immediately below the MLD (Fig. 2.2 B,C). The absolute 234Th
deficit in the mixed layer was relatively small at station 10 (0.25±0.1 dpm L−1) and slightly higher
at station 16 (0.38±0.1 dpm L−1). 234Th was largely depleted relative to 238Us throughout the
entire water column at all stations (Fig. 2.2). The absolute 234Th deficits ranged from 0.43 to 0.60
dpm L−1 relative to 238Us within the MLD, and remained between 0.19 and 0.26 dpm L−1 deeper
in the water column.
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Table 2.1: Measured (238Um) and salinity-derived (238Us; Owens et al. (2011)) uranium activities (dpm
L−1), temperature, salinity, dissolved oxygen (O2) and iron (DFe) concentrations at selected D361 stations.
Station Depth Temp. Salinity O2 DFe 238Um 238Us
(m) (◦C) (µmol kg−1 ) (nM) (dpm L−1) (dpm L−1)
Station 08 1100.3 5.575 34.917 142.4 1.072±0.039 2.384±0.122 2.429±0.046
12.58N × 23.58W 898.6 6.065 34.821 108.2 1.521±0.11 2.367±0.092 2.422±0.046
749.9 6.967 34.857 82.5 1.307±0.126 2.395±0.117 2.425±0.046
599.2 8.594 35.009 55.2 1.351±0.043 2.408±0.084 2.437±0.046
498.8 9.707 35.113 43.6 1.246±0.026 2.369±0.086 2.445±0.046
399.9 10.983 35.239 41.2 1.464±0.038 2.396±0.036 2.455±0.047
299.2 11.704 35.23 62.9 1.373±0.022 2.35±0.041 2.454±0.047
198.7 12.859 35.326 85.7 1.34±0.069 2.359±0.08 2.462±0.047
149.5 13.853 35.412 88.4 1.013±0.024 2.334±0.038 2.468±0.047
99.6 15.216 35.542 95.3 0.512±0.018 2.462±0.118 2.479±0.047
78.4 15.977 35.608 83.4 0.605±0.007 2.414±0.079 2.484±0.047
53.8 19.548 35.8 131.2 0.171±0.013 2.393±0.039 2.499±0.047
24.1 24.258 35.888 213.1 0.268±0.016 2.42±0.04 2.506±0.048
Station 10 1099.1 4.193 34.665 173.2 0.464±0.019 2.247±0.042 2.41±0.046
7.22S × 25.00W 898.9 4.279 34.505 162.1 0.687±0.051 2.307±0.037 2.397±0.046
750 4.966 34.478 144.9 0.537±0.012 2.239±0.104 2.395±0.046
598.9 6.168 34.549 114.7 0.502±0.053 2.283±0.146 2.401±0.046
499.4 7.5 34.666 86.3 0.577±0.023 2.271±0.094 2.41±0.046
399.7 8.523 34.759 79 0.493±0.016 2.297±0.075 2.417±0.046
299.3 9.51 34.86 95.4 0.615±0.034 2.279±0.085 2.425±0.046
198.9 11.47 35.096 106.2 0.251±0.018 2.31±0.066 2.444±0.046
149.9 14.565 35.501 115 0.054±0.006 2.296±0.083 2.475±0.047
109.9 20.786 36.21 162.5 0.162±0.024 2.303±0.068 2.531±0.048
74.5 26.517 36.65 208.4 0.061±0.005 2.383±0.086 2.566±0.049
49 27.759 36.536 201.5 0.127±0.009 2.371±0.114 2.557±0.049
23.8 27.982 36.538 199 0.054±0.004 2.366±0.127 2.557±0.049
Station 16 1099.4 4.927 34.79 159.2 1.072±0.017 2.273±0.133 2.419±0.046
7.22S × 25.00W 899.7 5.262 34.683 132.7 1.116±0.067 2.33±0.122 2.411±0.046
750 5.991 34.686 105.6 1.492±0.003 2.265±0.063 2.411±0.046
498.8 8.619 34.917 60.4 1.263±0.081 2.242±0.067 2.429±0.046
400 9.302 34.922 77.1 1.275±0.091 2.309±0.094 2.43±0.046
299.2 10.661 35.035 91.8 1.136±0.022 2.254±0.081 2.439±0.046
199.1 11.91 35.168 105.7 1.014±0.048 2.264±0.045 2.449±0.047
150 12.701 35.26 112.6 0.915±0.02 2.221±0.049 2.456±0.047
99.5 14.492 35.49 122.6 0.836±0.06 2.317±0.109 2.475±0.047
79 18.127 35.785 123.6 1.424±0.116 2.347±0.062 2.498±0.047
54.2 25.741 35.873 204.1 0.367±0.039 2.362±0.091 2.505±0.048
39.2 25.75 35.874 204.5 0.434±0 2.352±0.131 2.505±0.048
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2.4 Discussion
2.4.1 238U activities
The differences in measured and salinity-derived 238U were ∼ 11%. The average 238Un activities
measured during D361 also varied spatially, being significantly lower at stations 10 and 16 compared
to station 08 (99% confidence interval). The 238Um activities from station 08 fell into the lower
95% prediction interval of 238U-salinity relationship by Owens et al. (2011), while samples from
stations 10 and 16 were below that interval (Fig. 2.3). It seems unlikely that this offset resulted
from collection or measurement error, as all samples were collected and prepared in exactly the
same way and analysed under the same conditions on the same day. The reproducibility of sample


























































































Figure 2.3: 238Um activities measured during D361 (by station) and from Owens et al.
(2011) study. Error bars represent analytical uncertainty (± 1σ). Black solid line is the
line of best fit for Owens et al. (2011) 238U dataset. Grey shaded area with dashed borders
indicate 95% confidence interval of Owens et al’s 238U-salinity relationship. Note, that D361
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Figure 2.4: Literature values of the 238U activities normalized to salinity 35. Error bars
show ± 1 s.d. of 238U measurements (1σ). Solid line indicates the mean 238U activity for
Owens et al. (2011) Atlantic data with grey shaded area bounded by dashed line representing
± 1 s.d. of the mean.
Overall, the D361 238Un activities (2.3±0.06 dpm L−1, Fig. 2.4) were amongst the lowest
reported for the Atlantic Ocean, exceeding only the anomalously low 238Un activities (<2.0 dpm
L−1) observed at 300-600 m depth at the BATS site in 2007 (Owens et al., 2011)). The source of
this anomalous feature at the BATS was elusive. The possibility of local U removal via reductive
precipitation or 238U co-precipitation with iron hydroxides was excluded. Rather, it was suggested
that 238U was removed on the continental shelf/slope, and low 238U waters were subsequently
advected to the sampling site (Owens et al., 2013). Within analytical uncertainty, the D361 238Un
activities were 6-9% lower than the 238Un activities reported in other works in the open-ocean
Atlantic (Ku et al., 1977; Chen et al., 1986; Owens et al., 2011), and about 4% lower than the mean
238Un activities reported for the Arabian sea (Rengarajan et al., 2003) (Fig. 2.4, Table 2.2).
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Table 2.2: Mean 238Un activities (dpm L−1) from previous studies and D361. Error denotes
standard deviation from the mean (1σ). n is the number of samples analysed.
Study Location Salinity n 238Un ± 1σ
Ku et al. (1977) Atlantic 34.459-36.140 28 2.500±0.080
Chen et al. (1986) Atlantic 34.611-36.08 10 2.463±0.0240
Delanghe et al. (2002) Atlantic 34.94-36.5 13 2.458±0.0534
Rengarajan et al. (2003) Arabian Sea 34.892-36.557 61 2.396±0.0800
Schmidt (2006) Atlantic 36.45-36.5 11 2.559±0.0553
Pates & Muir (2007) Mediterranean 37.278-39.055 68 2.500±0.130
Owens et al. (2011) Atlantic 34.809-39.969 63 2.445±0.0428
Owens et al. (2011) ’Ouliers’ BATS 2007 35.206-36.026 9 1.939±0.148
D361 This study Atlantic 34.478-36.65 39 2.302±0.0528
Different sampling methods would unlikely explain the lower 238Un activities from D361 com-
pared to the previous 238U activity estimates in the open ocean Atlantic. For this study, filtered
seawater was used to analyse 238U activity, while most of the previous studies report 238U activities
determined in unfiltered seawater samples (Ku et al., 1977; Chen et al., 1986; Gustafsson et al.,
1998; Delanghe et al., 2002; Rengarajan et al., 2003; Owens et al., 2011). The contribution of
particulate 238U to total 238U activity in seawater is typically considered negligible, owing to gener-
ally low 238U activity in particulate matter. For example, Hodge (1979) showed that in California
coastal waters between 0.1 % of the total 238U was in the particulate phase. In the deep Atlantic
and Pacific Oceans (>1000 m),where the particle concentration is much less than in coastal waters,
particulate 238U accounts as little as < 10-9 % of total 238U activity (Anderson, 1982). Thus, the
particulate 238U fraction seems to be insufficient to explain lower 238Un activities from D361 com-
pared to the literature values (Ku et al., 1977; Chen et al., 1986; Gustafsson et al., 1998; Delanghe
et al., 2002; Rengarajan et al., 2003; Owens et al., 2011). Hence, the lower 238Un activities observed
in the D361 study region were possibly natural.
2.4.2 Potential mechanisms of 238U removal
The differences between the measured and salinity-derived 238U activities may be a natural phe-
nomenon induced by the inter-play of various biotic and abiotic U removal processes which are
heavily influenced by the environmental factors, such as pH, oxygen concentrations, and presence
of mineral and organic particles, and uranyl-carbonato complexes.
U removal pathways involve the precipitation of U minerals such as uranium silicates and
phosphates (Finch & Murakami, 1999; Massey et al., 2014b), U adsorption as hydrolysed species to
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the mineral surfaces, organic particles and microbial cell surfaces (Anderson, 1982; Hsi & Langmuir,
1985; Anderson et al., 1989; Barnes & Cochran, 1990), reductive precipitation of U in micro-
environments within settling particles (Liger et al., 1999; Fredrickson et al., 2000), incorporation/co-
precipitation of U in host Fe-bearing minerals (including oxides, hydroxides and oxyhydroxides)
(Liger et al., 1999; Duff et al., 2002; Massey et al., 2014a), and U uptake by fresh water algae
(Mann & Fyfe, 1985). These processes may affect the spatial and temporal variability of 238Um
activities; however, they are rather unlikely to explain the low 238U activities in the entire 1000 m
water column at stations 10 and 16. In the present study, the low oxygen concentrations and U
interaction with Fe-bearing particles are investigated in more detail.
2.4.2.1 238U activities in oxygen minimum zones
Under reducing conditions, where O2 concentrations and the redox potential are sufficiently low
(O2 <2 µmol kg−1 and pE<-0.7eV), U(VI) reduces to U(IV) and forms insoluble uraninite UO2
(Langmuir, 1978; Anderson et al., 1989; Barnes & Cochran, 1990). Whilst dissolved oxygen con-
centrations in the OMZ (ca. 100-1200 m depth) of the tropical Atlantic were not sufficiently low
to result in direct formation of uraninite, the formation of anoxic particle microenvironments at
depths with intense remineralization of organic matter may have facilitated U precipitation. A fur-
ther reductive removal mechanism is formed by diffusion of dissolved U(VI) from the oxic bottom
waters into suboxic/anoxic organic-rich sediments, where it might become reduced to U(IV) and
trapped as UO2 (Mann & Fyfe, 1984; Barnes & Cochran, 1990; Klinkhammer & Palmer, 1991).
This process is considered to account for ca. 75% of dissolved U removal observed in the ocean
(Klinkhammer & Palmer, 1991). Reduced U(IV) behaves similarly to Th(IV), i.e. it is strongly
hydrolysed and easily removed by settling organic particles, metal-bearing oxides (e.g. Fe oxyhy-
droxides), and phytoplankton cell surfaces (Anderson, 1982; Mann & Fyfe, 1985; Liger et al., 1999;
Acharya & Apte, 2013; Massey et al., 2014a).
During D361 the lowest oxygen concentrations of ∼40 µmol kg−1 were observed in the core
of the OMZ at about 500 m below the surface (Table 2.1, Fig. 2.2). At station 08, the oxygen
concentrations decreased immediately below the MLD, between 50-80 m (Fig. 2.2 A) and did
not affect the distribution of 238Um, which remained relatively uniform with depth (Fig. 2.2).
This suggests that the processes other than low oxygen concentrations must have been responsible
for the generally lower 238Um activities at stations 10 and 16. Although U is a redox-sensitive
element, it has been reported to behave independently from oxygen in suboxic/anoxic basins, such
as the Arabian Sea (O2 <2 µmol kg−1, Rengarajan et al. (2003)), the Black Sea (O2 ∼0 µmol
kg−1, Anderson et al. (1989)), and the Panama Basin (O2 <12 µmol kg−1, Anderson (1982)).
Anomalously low activities measured by Owens et al. (2011) at the BATS site in the summer 2007
and by Rengarajan et al. (2003) in the Arabian Sea (O2 <2 dpm L−1) were also not related to
oxygen concentrations in the area (O2 concentrations were between 157-180 µmol kg−1).
Considering also the open ocean settings of the D361 stations, with water column depth of
>4000 m, the loss of U by diffusion of dissolved U into suboxic/anoxic sediment seems rather
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unlikely. If true, this removal process can be observed near the sediment bottom water interface
below high productive areas such as continental shelves, where high biological production and
settling of organic matter may induce anoxic sediment conditions, which will change U oxidation
state. However, it is possible that U depleted waters from the shelf were advected to the D361
sampling sites.
2.4.2.2 Uranium interactions with iron (oxy)hydroxides
Uranium can be removed from the water column through scavenging processes associated with
the presence of Fe-bearing minerals. Dissolved U species can adsorb onto the surfaces of amor-
phous ferric oxyhydroxides, ferrihydrite, goethite, and hematite particles at circumneutral pH (Hsi
& Langmuir, 1985; Stewart et al., 2009). Uranium adsorption is a fast and ultimately reversible
mechanism, sensitive to the presence of uranyl-(calcium)-carbonato complexes (Hsi & Langmuir,
1985; Stewart et al., 2009). The loss of dissolved U from the water column can also be associ-
ated with incorporation/co-precipitation of U within the structure of the host Fe-bearing minerals,
such as hematite (Duff et al., 2002), and goethite (Nico et al., 2009; Boland et al., 2011). Ura-
nium co-precipitation with Fe-oxyhydroxides was observed in seasonally anoxic lake Aydat (Liger
et al., 1999) and hydrothermal vent plumes (Edmonds & German, 2004). Laboratory studies by
Massey et al. (2014a) suggested that during the transformation of dissolved Fe(II) to ferrihydrite
(Fe(OH)3 · nH2O) to goethite (α-FeO(OH)) is an important pathway for U incorporation into
Fe-hydroxide minerals. In the reducing environments, mineral phases such as hematite, may also
catalyse reduction of U by Fe (II) (Liger et al., 1999). However, U interactions with Fe-bearing
minerals may occur mainly over the continental shelves, where great amount of Fe(II) are remobi-
lized from the sediments that then precipitate quickly as Fe-oxide particles (Johnson et al., 1999).
These particles might sink down and/or are advected horizontally to the open ocean.
The water column at stations 10 and 16 were relatively well oxygenated, suggesting a predomi-
nance of dissolved U(VI) species (Langmuir, 1978). The northern part of the D361 study area (i.e.
stations 08 and 16) received significant amounts of Saharan mineral dust via wet and dry atmo-
spheric deposition, main DFe source in this region. In the South (station 10), aerosol input was
restricted by the Inter-Tropical Convergence Zone (ITCZ) (Schlosser et al., 2014). The estimated
dust deposition (wet+dry) was ∼1.5 g m−2 d−1 at station 08, between 0.1-0.8 g m−2 d−1 at station
16, and <0.01 g m−2 d−1 at station 10 (R. Chance and A. Baker, pers. com., also see Fig. 2.5).
The DFe concentrations were relatively similar at stations 08 and 16, but significantly lower
at station 10 (Fig. 2.2, also in Schlosser et al. (2014)), result of smaller dust deposition south of
ITCZ. A potential U removal via co-precipitation/adsorption pathway would therefore be expected
in the areas of highest aeolian deposition/DFe concentration, as for example at stations 08 and 16.
However, the 238U distribution showed a completely different pattern, with dust/Fe-poor station
10 having the largest offset between 238Um and 238Us, and the largest absolute difference in 238Un
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Neither local reductive precipitation of 238U nor 238U incorporation/adsorption to Fe-bearing
minerals could account for different 238U activities at stations 08, 10 and 16. It is possible that
U removal processes were operating remotely (e.g. on the continental margin/shelf) and the U-
low waters were then advected to the study sites. A detailed study of both redox-sensitive and
physical processes operating in this region is required to explain the observed spatial variation in
238U activity.
2.4.3 Implications for estimated 234Th fluxes
The salinity-derived 238Us activities exceeded the analysed 238Um values by ∼3% at station 08 and
up to 10% at stations 10 and 16 (Table 2.1, Fig. 2.2). A comparison was performed between the
integrated 234Th fluxes at 100 m depth, calculated from the deficits between activities of 234Th and
238Um and 238Us, respectively. 234Th fluxes were greater by ∼20% at station 08, when the salinity
derived 238Us values were used. Under the same conditions, 234Th fluxes at station 10 and 16 were
overestimated by ∼80% and ∼51%, respectively (Table 2.3). Using 238U values derived from Chen
et al. (1986) 238U-salinity relationship yielded similarly high overestimations of 234Th fluxes (Table
2.3). This implies that previously suggested 238U-salinity relationships (Owens et al., 2011; Chen
et al., 1986; Pates & Muir, 2007) distort the 234Th flux results of the D361 study. Thus, there is
a necessity to derive “local” 238U-salinity relationship to estimate 238U activities at the remaining
D361 stations.
Table 2.3: 234Th fluxes integrated from the surface down to 100 m (dpm m−2 d−1). Fluxes
were calculated from the deficits between 238U (by type) and 234Th (all in dpm L−1) using
a steady state scavenging model. Errors represent standard deviations (±1σ) propagated
over all uncertainties. The difference (%) between 234Th fluxes calculated from 238Um and
238Us (Chen et al., 1986; Owens et al., 2011) is given in parentheses.
Location
234Th flux (dpm m−2 d−1)
238Um 238Us 238Us
Owens et al. (2011) Chen et al. (1986)
Station 08 1198±126 1440±115 (20) 1313±133 (10)
Station 10 747±114 1347±88 (80) 1196±111 (60)
Station 16 884±127 1331±114 (51) 1213±125 (37)
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2.4.4 Improved 238U-salinity relationships for the D361 study region
The direct measurements of 238U activity were made at 3 out of 7 stations occupied in the study
area (Fig 2.1). Here, these 3 measured 238U profiles were used to construct new 238U-salinity
relationships which were then applied to estimate water column 238U activities at the remaining
D361 stations. For this purpose, a simple linear regression was used to derive the 238U-salinity
relationships for stations 08, 10 and 16 based on their water column 238Um activity and salinity.
Table 2.4: Results of the linear regression models used to derive new 238U-salinity relation-
ship based on D361 238Um and water column salinity. 238U-salinity relationship determined
by Chen et al. (1986) and Owens et al. (2011) are in blue. Italicized numbers in parentheses
refer to D361 station(s) to which the preferred linear regression model was applied.
Station na Modelb Slope Intercept R2 RMSc AICcd
± error ± error
Station 08 13 LRM-1 0.0334±0.0274 1.208±0.967 0.0392 0.0331 -45.21
(03) LRM-0 0.0677±0.000266 0 0.9998 0.0339 -46.95
Station 10 13 LRM-1 0.0447±0.00804 0.726±0.284 0.7134 0.0241 -53.51
(19,21) LRM-0 0.0652±0.000229 0 0.9998 0.0291 -50.92
Station 16 13 LRM-1 0.0581±0.0236 0.249±0.831 0.2971 0.0382 -41.47
(13) LRM-0 0.0651±0.000289 0 0.9997 0.0368 -44.83
Owens et al. (2011) 87 LRM-1 0.0786± 0.00446 0.315±0.158 0.78 0.0470 NA
Chen et al. (1986) 11 LRM-0 0.0704± 0.000216 0 0.9999 0.02394 NA
a denotes the number of samples used in the model;
b LRM-1 is a simple linear regression model with y-intercept included; LRM-0 is a simple linear regression model
with y-intercept forced to zero;
c root mean square error of the regression line
d AICc coefficient denotes the “distance” between the real data and modelled output data (LRM-1 and LRM-0).
The relatively narrow salinity range for the D361 study area (Table 2.1) may preclude formu-
lation of a robust linear relationship between 238U and salinity. Therefore, two types of linear
regression models were used to determine the best fit line between the variables. The first model
(LRM-0) has the regression being forced through zero, i.e. the y-intercept was set to zero. The sec-
ond model (LRM-1) preserved the y-intercept, thus accounting for potential sources/sinks of 238U.
The corrected Akaike’s Information Criterion was then applied to determine the model producing
a closer approximation of the 238Um dataset. The AICc is a model reduction technique which sum-
marises how much information is lost if a phenomenon is described by a chosen model (Burnham
& Anderson, 2002). The AICc decreases as a residual sum of squares decreases, but increases as
the number of variables in the model increases to penalize for potential over-fitting (Burnham &
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Anderson, 2002; Le Moigne et al., 2012). The model that gave the lowest AICc coefficient was the
preferred one.
The results of the linear regression models and the AICc test are summarized in Table 2.4.
The LRM-1 linear fit between 238Um and salinity was poor for stations 08 (R2=0.039) and 16
(R2=0.30), and good and significant for station 10 (R2=0.713) (Table 2.4). In all cases, the LRM-
1 model yielded positive y-intercepts, suggesting additional inputs of 238U to the (sub-) tropical
Atlantic Ocean. The y-intercepts however had large uncertainties (Table 2.4). For station 08 and
16, the y-intercept’s 95% confidence interval contained zero, i.e. it is statistically plausible that
the y-intercept could be zero. Thus, the additional 238U was neglected at these stations, and the
regression was re-run with an assumption of zero 238U activity at zero salinity (LRM-0 model). The
results of AICc test further demonstrated that LRM-0 model was better at approximating 238Um
activities from salinity at stations 08 and 16, but not at station 10 (Table 2.4). Except for Owens
et al. (2011), all prior formulations of 238U-salinity relationships (Chen et al., 1986; Pates & Muir,
2007) assumed a zero y-intercept.
The choice of the new local 238U-salinity relationship to be applied at stations 03, 13, 19, and
21 was based on the similarity of salinity profiles (Fig. C.2 in Appendix C). For example, if the
salinity profile of station 21 was similar to that of station 10, then the 238U-salinity relationship
derived for station 10 was utilized to estimate 238U activities at station 21 (Fig. C.2 in Appendix
C). The vertical activity profiles of 238U and 234Th for all 7 stations are shown in Figure 2.6. At
most of the stations, 234Th loss from the upper 100 m via downward particle export was evident
from 234Th depletion relative to 238U. Also, 234Th and 238U reached secular equilibrium below 100
m depth at most of the stations (Fig. 2.6), implying a balance between 234Th ingrowth from 238U
and 234Th removal via decay. Within the analytical uncertainty, the secular equilibrium also held
at 1000 m depth at stations 10 and 21 (Fig. 2.6C, G). At the shelf station 03, 234Th deficit prevailed
throughout upper 500 m of the water column, suggesting potentially high particle exports (Fig. 2.6
A). At oligotrophic stations 19 and 21, and also in the top 50 m at station 10, the 234Th deficits
were very small (ca. 0.1 dpm L−1) (Fig. 2.6C, F, G). Therefore, large analytical uncertainties
associated with 234Th activities (ca. 7%), and measured (ca. 3.5%) and estimated (1.4-1.9%)
238U activities made it challenging to distinguish between export and remineralization processes at
those stations. 234Th and 238U activities at station 21 were used to demonstrate the ambiguity that
large uncertainties introduce for the stations where calculated 234Th deficits are small (Fig. 2.7).
Particle export can be assumed if the lower limit of 234Th activity error and the upper limit of 238U
activity error are considered (Fig. 2.7 A). On the contrary, no 234Th flux (i.e. remineralization or
no particle export) would occur if the opposite error limits were set (Fig. 2.7B). More than half
of the global ocean is oligotrophic (Polovina et al., 2008), i.e. 234Th-238U activity profiles in those
vast areas would resemble that of station 10, 19 and 21. Therefore, in order to obtain accurate
estimates of particle exports using the 234Th:238U disequilibrium method, high quality estimates of
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Figure 2.7: Effect of large uncertainties associated with 238U and 234Th activities in
determining the fate of sinking particles in the low productive areas (i.e. small 234Th
deficit). A. Particle export occurs if the lower limit of 234Th activity error ( 234Th-σ) and
the upper limit of 238U activity error (238U+σ) are considered. B. Particles are remineralized
(no export) if the opposite error limits (234Th+σ and 238U-σ) are taken.
2.5 Conclusions
This work examined 238U and 234Th activities measured in the (sub)-tropical Atlantic waters during
the UK-GEOTRACES cruise D361. The 238Um activities varied spatially, and were amongst the
lowest so far recorded in the Atlantic. A discrepancy between the measured 238Um and salinity-
derived 238Us activities was revealed. The relatively low 238U activities in the water column could
not be readily explained by the presence of low oxygen concentrations in the Atlantic OMZ or U
co-precipitation with iron oxy-hydroxides. It is possible that 238U removal occurred elsewhere, and
low 238U water masses were advected to the study region. The observed difference between the
measured and salinity-derived 238U activities had a profound effect on the estimated 234Th fluxes.
The application of salinity derived 238U activities increased the estimates of 234Th fluxes by up to
8% compared with the export calculations using 238Um. Thus, estimation of 238U activities from
global 238U-salinity relationships was unsuitable for the D361 study. New 238U-salinity relationships




Does N2 fixation enhance particle export in the (sub)-Tropical
Atlantic Ocean?
Contribution
Total 234Th sampling and processing were performed by the author. Andy Milton (NOCS),
Frederic Le Moigne (NOCS), and Patrick Martin (EOS) helped with the 230Th recovery mea-
surements using ICP-MS. The in situ pumps were prepared by the author and deployed
with the help of Allan Davies and Jeff Benson (both NMF). Samples for POC and PON
were processed by the author and measured under the supervision of Robert Head (PML).
POP samples were prepared by the author and measured with the help of Mark Stinchcombe
(NOCS). Elizabeth Sargent (NOCS) provided water column chlorophyll concentration data,
quantified Trichodesmium spp. abundance and biomass in the SAPS splits, and measured
the N isotopic composition of the SAPS material. N2 fixation was measured by David Honey
(NOCS). Nutrients were measured by Malcolm Woodward (PML) and Francois-Eric Legiret
(NOCS). Turbulent diffusive nitrate fluxes were estimated by the author from the diffusivity
data provided by Alex Forryan (NOCS). DON concentrations were estimated by the author
from the DOC and TDN data provided Eithne Tynan (NOCS). Frederic Le Moigne, Stuart
Painter, Sinhue Torres-Valdes, Richard Sanders (all NOCS) helped with data interpretation.
Abstract
The role of N2 fixation in enhancing particle export in the sub-tropical Atlantic Ocean during
February-March 2011 was assessed. The variability in magnitude of 234Th-derived POC and PON
export flux was weakly related to diazotroph activity. Diazotroph biomass, represented by cells of
the dominant N2-fixer Trichodesmium, contributed only a small portion to exported PON (<1.5%),
and accounted for 1-8% of total measured N2 fixation. These observations suggest that most of
the fixed nitrogen was recycled within the euphotic zone. At the time of sampling, N2 fixation
was a significant source of new nitrogen in the area, however, it represented about half that of
the diffusive supply of deep-water nitrate. Only at the northern most station of the S-N transect
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did N2 fixation exceed the diffusive flux of nitrate (by ∼60%). Enriched isotopic δ15N signature
and near-Redfield N:P stoichiometry of the exported particles suggested that (1) the deep-water
nitrate was the dominant N source fuelling the primary and subsequently export production, and
(2) that most of the diazotroph productivity was recycled in the upper ocean. Overall, the deep
water nitrate supply could explain 78% variation in the observed PON export flux in the study
area. According to the N budget constructed for the sampling area, N2 fixation could support
∼30% of the export production. The fact that only a small fraction of fixed nitrogen was exported
out of the euphotic zone as diazotroph biomass implies export routes other than sinking particles.
3.1 Introduction
Of a wide range of factors that determine the strength of the biological carbon pump (BCP),
nutrient (re)-supply into the euphotic zone is one of the most crucial ones (Dugdale, 1967; Eppley
& Peterson, 1979). Large nutrient inputs support high rates of organic matter export out of the
euphotic zone (Eppley & Peterson, 1979). In the absence of strong convective mixing, the water
column of the (sub)-tropical Atlantic oligotrophic environments is strongly stratified, blocking the
nutrient supply from depth (Lewis et al., 1986). Episodic nutrient inputs, such as upwelling,
mesoscale eddies, internal waves and atmospheric deposition augment new nutrient supply only on
short time scales (Lipschultz et al., 2002). Under such conditions, upward fluxes of nitrate (NO–3)
has long been considered a dominant source of new nitrogen (Eppley & Peterson, 1979; Lewis et al.,
1986).
In the past two decades the importance of N2 fixation in stimulating new production has received
a lot of recognition (Karl et al., 1997; Capone et al., 2005b; Gruber, 2008; Karl et al., 2012). N2
fixation is carried out by marine prokaryotes (e.g. cyanobacteria and archea, collectively known
as diazotrophs), which are able to convert dissolved N2 gas into bioavalable nutrients, such as
ammonium (NH+4 ) and dissolved organic nitrogen (DON) (Capone et al., 1994; Mulholland et al.,
1999). Recent studies showed that N2 fixation can be comparable to and even exceed diffusive
NO–3 fluxes (Karl et al., 1997; Capone et al., 2005b; Mourino-Carballido et al., 2011; Painter et al.,
2013). The relative importance of these two nutrient input mechanisms, however, varies on spatial
and temporal scales (Mahaffey et al., 2005; Mourino-Carballido et al., 2011; Painter et al., 2013).
Global estimates suggest that N2 fixation by the non-heterocystous filamentous cyanobacteria
Trichodesmium spp. could contribute up to 60±15 Tg N yr−1 (Monteiro et al., 2010). This accounts
for 40-60 % of current N2 fixation estimates for the North Atlantic and Pacific Oceans (Carpenter
et al., 2004; Mahaffey et al., 2005; Monteiro et al., 2010). The full range of the marine diazotrophic
community is not yet known, and Trichodesmium spp. undoubtedly cannot account for all marine
N2 fixation. Another important contributor is the cyanobacteria Richelia which form symbiotic
associations with diatoms such as Hemiaulus spp. and Rhizosolenia spp.. These associations are
collectively known as diatom-diazotroph associations (DDAs) (Scharek et al., 1999).
DDAs may supply a significant amount of fixed nitrogen during the bloom period (∼25% in
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Carpenter et al. (1999)), and also contribute to the export of organic carbon (Subramaniam et al.,
2008; Sohm et al., 2011). DDAs are abundant in the N-limited/Si-rich waters, e.g. at the edge of
the Amazon River plume (Subramaniam et al., 2008), and more generally where enrichment with
Si, Fe, and/or P can support diatom growth (e.g. coastal areas) (Zehr & Kudela, 2011). Zehr
(2001) and Montoya et al. (2004) also showed that other free-living unicellular and heterocystous
cyanobacteria may provide as much fixed nitrogen as Trichodesmium spp.
Although diazotrophs are important in the carbon and nitrogen cycles, their direct contribution
to export of particulate organic matter remains poorly constrained (Mulholland, 2007). Karl et al.
(2003) suggested a “N2-primed prokaryotic carbon pump” with two possible fates of diazotrophic
production in oligotrophic environments. The first occurs when N2 fixation leads to an additional
export of primary production from the euphotic zone. The second occurs when new diazotrophic
production is respired, resulting in no net export of organic carbon and nitrogen from the euphotic
zone. The fate of diazotrophic production in the water column still remains unresolved. Capone
et al. (1994); Glibert & Bronk (1994); Mulholland (2007) report that diazotrophs release ∼50% of
their recently fixed N in a form of dissolved organic nitrogen (DON) or/and ammonium (NH+4 ), thus
supporting further productivity in the upper water column. Alternatively, there are isotope studies
that suggest a direct contribution of diazotrophs to sinking particle flux between 100 and 4000 m
depth (Altabet et al., 1991; Karl et al., 1997; Knapp et al., 2005; Karl et al., 2012). The fate of
diazotrophic production depends largely on the physiology and behaviour of diazotrophic groups,
which to date are not very well understood . For instance, Trichodesmium spp. are generally
positively buoyant, and would most likely be subjected to cell lysis and grazing rather than to
sinking (Mulholland, 2007). However, Trichodesmium spp. sometimes regulate their buoyancy and
sink to depth by bursting their gas vacuoles Carpenter & Walsby (1979).
Recently, Bar-Zeev et al. (2013) demonstrated that Trichodesmium spp. are rapidly transported
to depth via autocatalytic programmed cell death (PCD). During this process, Trichodesmium
excrete transparent exopolymers (TEPs) which lead to a massive downward pulse of particulate
organic matter due to aggregation (Bar-Zeev et al., 2013). DDAs are considered more prone to be
exported out of the euphotic zone due to their silicate ballast (Subramaniam et al., 2008; Sohm
et al., 2011; Karl et al., 2012).
The behaviour and fate of unicellular diazotrophs in the water column still remain largely un-
known. Remineralization of exported particular organic matter containing diazotrophs, particularly
colonial Trichodesmium with their elevated cellular N:P stoichiometry, is believed to contribute to
the observed excess of NO–3 relative to PO–4 (the positive N∗ anomaly) observed in the thermocline
of the subtropical North Atlantic (Gruber & Sarmiento, 1997; Hansell et al., 2003). This may be an
important mechanism for nutrient supply to deeper water that would sustain productivity on longer
time scales through eventual nutrient resupply to the surface ocean (Gruber & Sarmiento, 1997;
Hansell et al., 2003). Recent model study by McGillicuddy (2014) suggested that Trichodesmium
spp. populations of the North Atlantic export the vast majority of nitrogen they fix. However, the
model requires assessments through direct observations.
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In this study, 234Th:238U disequilibria and organic carbon and nitrogen to 234Th ratios on
fast sinking particles are used to derive particulate organic carbon (POC) and nitrogen (PON)
export in the (sub)-tropical Atlantic ocean. The spatial variability in 234Th-derived POC and
PON exports is then compared to diazotroph activity to test the hypothesis that enhanced N2
fixation increases particle export. The direct contribution of exported diazotroph biomass to PON
exports is determined. The importance of N2 fixation for particle production and subsequent export
are constrained by investigating POC and PON export in relation to other new N sources, namely,
the upward supply of deep water nitrate. To verify the conclusions, the stable N isotope signature
(δ15N) and the N:P stoichiometry of exported particles are examined. Finally, the estimated new
N supply and removal rates are used to construct a nitrogen budget to quantify the importance of
N2 fixation for export in the study area.
3.2 Materials and Methods
3.2.1 Sample collection site
Samples were collected along a S-N leg transect from the northern fringe of South Atlantic subtrop-
ical gyre (07◦ S, 25◦W) to the southern fringe of North Atlantic subtropical gyre (∼ 19◦N, 28◦W)
(Fig. 3.1). Total 234Th activity in the water column and on sinking particles were measured at 5
stations. The sampling was performed between March 03 and March 15, 2011.
3.2.2 Sampling and analyses of total 234Th and 234U
Total 234Th activity was measured on 4 L water samples taken from 5-1000 m depth and processed
as described in Chapter 2.2.3 and Appendix B.1. 234U activity was measured directly at two
stations (10 and 16) (see methods in Chapter 2.2.2). For the remaining stations total 238U activity
was estimated from the 234U-salinity relationship, as described in Chapter 2.4.4.
3.2.3 Collection and processing of sinking particles
Large particles (>53 µm) were collected with large-volume stand-alone in situ pumps (SAPS). The
suspended particle fraction (1-53µm) was also collected but not used in this study. SAPS were
deployed at three discrete depths below the base of the mixed layer. Here, the mixed layer depth
(MLD) was defined as the depth at which in situ temperature was 0.8 ◦C lower than the surface
values (Kara et al., 2000). Sampling depths were located between 70-140 m (’shallow’), 170-250 m
(’intermediate’), and at 500 m (’deep’) below the surface. Depending on particle concentration in
the water column, between 600 and 2000 L of water was pumped through 53µm mesh size nylon
screen (SEFAR-NITEX; polyester) for ∼1.5 hours. Immediately after pump recovery, all visible
zooplankton were removed, and particles were rinsed off the screens with exactly 1 L of filtered
seawater (0.4µm filter-pore size). The bulk particle mixture was then split into 5-9 fractions with
a Folsom plankton splitter to assess various biogeochemical properties of the collected material.
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3.2.4 Determining chemical properties of sinking particles
SAPS splits were used to measure 234Th activity, and particulate organic carbon, nitrogen, and
phosphorus (POC, PON, POP) concentrations. Two splits were used for analysis of biomineral
content of particle export (particulate inorganic carbon (PIC) and biogenic silica (bSi)), however,
these were out of the scope of this study. One split (usually 14) was also dedicated to microscopic
analysis of diazotrophic cell abundance and isotopic nitrogen (δ15N) determination. The nature
of sample collection and a high demand for splits for various analyses allowed only a few sample
replicates/duplicates to be taken.
3.2.4.1 Particulate 234Th activity
To determine 234Th activity on sinking particles, splits were filtered onto 25 mm pre-combusted
Whatman QMA filters. Filters were dried, mounted onto Risø disks and β-counted as the water
samples. The background count was performed after complete 234Th decay (∼ 6 months after
the first count; see Appendix B.1.2). One replicate (n=4) and two duplicate split measurements
produced RSDs of <10%.
3.2.4.2 Particulate organic carbon (POC) and nitrogen (PON)
Splits for POC and PON analyses were filtered onto 25 mm pre-combusted (450◦C for 12 hrs)
GF/F filters (Whatman, 0.7 µm nominal pore-size), rinsed with a few millilitres of alkaline Milli-Q
water (pH∼=8.0-8.3) to wash off salt, and dried at ∼40◦C. Filtered samples were then fumed with
concentrated HCl vapour for ∼24 hrs in a plastic desiccator to remove inorganic carbon (Hedges &
Stern, 1984), and dried again at ∼40◦C. Sample filters were individually rolled into pre-combusted
(450◦C for 12 hrs) 30 mm aluminium disks (Elemental Microanalysis, UK) and pelleted with a
custom-made press. Procedural blanks made of unused ashed GF/F filters and aluminium discs
were prepared as and analysed alongside the samples. POC and PON were measured simultaneously
on a Flash 1112 Elemental Analyser (Thermo Fannigan) at Plymouth Marine Laboratory (PML).
Analytical precision of the instrument was <0.1 %. Blanks were usually low and contributed <5%
of the signal for either elements. One replicate split from station 03 (n=4) and two duplicate from
stations 16 were analysed, yielding RSDs of <10%.
3.2.4.3 Particulate organic phosphorus (POP)
The POP content of sinking matter was determined by a chemical wet-oxidation (CWO) method
with a slight modification of the procedure described in Raimbault et al. (1999). The detailed
method applied in this study is given in the Appendix B.6. Briefly, POP on the filters was converted
into soluble reactive inorganic phosphate (PO3–4 ) using a peroxydisulfate wet-oxidation in slight
alkaline conditions. After oxidation, PO3–4 was measured by colorimetry on a SEAL QuAAtro
AutoAnalyser. Procedural blanks consisting of unused GF/F filters were processed and analysed
as samples. The blank contribution to the total signal was typically <7%. The method extraction
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efficiency was between 95 and 106% based on the recovery of the standard reference material (NIST
1573a ’Tomato leaves’).
3.2.4.4 Trichodesmium abundance and biomass
Designated SAPS splits were preserved in 2% acidic Lugol iodine. Trichodesmium spp. colonies and
trichomes were counted under a light microscope. Colonial cell abundance was estimated assuming
cell size of 11.025 µm, while trichome cell numbers were assumed to be 60 cells per trichome (Hynes
et al., 2012). Only visible Trichodesmium colonies and trichomes were counted when encountered
in faecal pellets and aggregates. Trichodesmium spp. biomass was estimated assuming a carbon
content of 106 pg C cell−1, and then converted into nitrogen content using the average C:N ratio
of 6.3 (Mulholland, 2007).
3.2.5 Isotopic Nitrogen (δ 15N)
To identify N sources utilized by phytoplankton, the relative abundance of the naturally occur-
ring stable isotopes of N, 15N and 14N (δ15N) were measured on sinking particles collected with
SAPS. Isotopic nitrogen (δ15N) was determined on aliquots of filtered SAPS splits using a GV
Isoprime coupled to a Eurovector Elemental analyser. Sample δ15N ratios were measured relative








Samples were analysed in triplicates, and the precision was based upon the variation from the mean
of the measurements (typically ±0.9h). The sample signal was normalized for a calibration offset
using a secondary isotope ratio standard (tyrosene).
3.2.6 Other Data Contributions
GEOTRACES D361 was a multi-disciplinary campaign with a wide variety of parameters being
measured in parallel. This provided a rich biogeochemical context for the interpretation of the
234Th-derived export estimates. Those who provided ancillary data have been acknowledged in the
“Contribution” section of this chapter.
3.2.6.1 Nitrate and chlorophyll-a concentrations
Total oxidized nitrogen (NO–3+NO–2, hereafter NO–3) and nitrite (NO–2 at micromolar concentrations
(µmol L−1) were measured colorimetrically using a five-channel Bran and Luebbe AAIII segnmented
flow autoanalyser. The methods were based on Brewer & Riley (1965) for NO–3 and Grasshoff et al.
(2009) for NO–2. The detection limit of the autoanalyser was <0.1 µmol L−1. Nanomolar nutrient
concentrations (nmol L−1) were measured on a colorimetric segmented flow analytical system with a
2-m-long Liquid Waveguide Capillary cell (World Precision Instruments) and photo-diode detectors.
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The detection limit for this instrument was was ∼2 nmol L−1 (M. Woodward, pers. com.). Samples
were always analysed within a few hours after collection.
Total near-surface chlorophyll-a was obtained from towfish samples collected along the transect,
and analysed on a TD-700 Turner Designs fluorometer.
3.2.6.2 Nitrogen (N2) fixation rates
’The bubble injection’ method was used to determine N2 fixation rates. N2 fixation incubations were
prepared from the water samples collected with the CTD at 5 discrete depths between the surface
and the deep chlorophyll maximum. Each incubation bottle was spiked with a known amount of
15N2 gas following Montoya et al. (1996). After 24 hrs incubation period, samples were filtered,
and then analysed for nitrogen content using Thermo Finnigan EA 1112 Series Flash Elemental
(CHN) Analyser.
3.2.7 Diapycnal vertical nitrate fluxes
Upward NO–3 supply was modelled in a way similar to molecular diffusion, using Fick’s Law. The








where NO–3 is nitrate concentration, t is time, z is depth, and κ is the dissipation of turbulent
kinetic energy, also known as turbulent/effective diffusivity.
Turbulent diffusivity at each station was measured by taking ∼10 casts of a microstructure
shear profiler (Sea and Sun Technology GmbH, ISW Wassermesstechnik) over a course of 1 hour.
The multiple number of turbulence profiles per station was necessary due to the intermittent nature
of mixing processes which yielded different, yet genuine, structures at each deployment. The
measurements from the casts were combined to calculate the mean profile of turbulent diffusivities,
following Baker & Gibson (1987).
The upward NO–3(d) supply from depth d to the surface (hereafter, vNO–3) was calculated based
on vertical NO–3 profiles and κ term. Turbulent flux is zero at the surface. Therefore, the rate at
which NO–3 enters the water above depth d via turbulent mixing (vNO–3 flux) was calculated as
a product of maximum NO–3 gradient
∂NO−3
∂z at depth interval d and turbulent diffusivity term κ
averaged over the same depth interval:
vNO−3 flux (d) = κ(z)
∂NO−3
∂z
|z = d (3.3)
A detailed method description and evaluation are found in Painter et al. (2013).
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3.2.8 Dissolved organic nitrogen (DON)
DON was determined on archived D361 water samples collected using the CTD rosette. The
analytical approach was based on the High Temperature Catalytic Oxidation (HTCO) method by
Badr et al. (2003), which involved simultaneous determination of dissolved inorganic carbon (DOC)
and total dissolved nitrogen (TDN). DON concentrations were subsequently derived by subtracting
colorimetric DIN (NO–3 + NO–2 + NH+4 , section 3.2.6.1) from corresponding TDN concentrations.
3.2.9 Remote sensing data
The temporal and spatial scales of scavenging and flux processes need to be considered when
applying the 234Th technique. The short half life and strong particle affinity of 234Th make in situ
234Th:238U disequilibria an integrated flux estimate on the scales of up to one month. Thus, it
is advantageous to know about the water column productivity prior to 234Th sampling. The 8-
day composite MODIS-Aqua chlorophyll-a concentrations averaged for 1◦ ×1◦ box centred around
sampling station were used as an indicator of surface primary production prior to study.
3.3 Results
3.3.1 Hydrographic and biogeochemical environment
3.3.1.1 Water masses
The sampling area (Fig. 3.1) was strongly influenced by the dynamic and complex current system
in the upper 100 m of the water column (Stramma & Schott, 1999; Stramma et al., 2008; Rijkenberg
et al., 2012) . The broad and uniform North Equatorial Current (NEC), an extension of the Canary
Current (CC), flows to the south-west along the West-African coast (10◦N–30◦N). The NEC forms
the southern limb of the North Atlantic subtropical gyre (Stramma et al., 2005). At the equator,
surface currents include (1) a westward flowing North Equatorial Countercurrent (NECC) (3◦N–
10◦N), (2) the return flow of North Equatorial Countercurrent (nNECC), (3) and the broad, uniform
westward flowing South Equatorial Current (SEC) (3◦N–15◦S). Here, the divergence of the NEC
and the NECC combined with the prevailing north-east winds induces the equatorial upwelling
(Mann & Lazier, 2006). At about 20◦N, the Cape Verde Frontal Zone (CVFZ) corresponds with
the boundary between the North Atlantic Central Water (NACW) and the South Atlantic Central
Water (SACW) (Stramma et al., 2008; Rijkenberg et al., 2012).
3.3.1.2 Temperature and salinity
A tongue of warm tropical surface water of ∼27◦C extended from the southern most point of the
transect up to ∼6◦N (Fig. 3.2 A). A dome-like structure of lower surface (∼25◦C) and sub-surface
temperatures (10-20◦C) and salinity (35-35.5) between ∼5◦S and 15◦N indicated equatorial up-
welling (Fig. 3.2 A, B, Table 3.1). Low surface salinity waters (∼35) were present within the
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Figure 3.1: Map of the D361 study area. Red circles indicate the location of the sampling
stations. Numbers correspond to stations ID. Also indicated in solid arrows is the large-
scale near surface flow field (after Stramma et al. (2008) and Rijkenberg et al. (2012)).
The currents include the North Equatorial Current (NEC), the return flow of the northern
North Equatorial Countercurrent (nNECC), the North and West flowing parts of the North
Equatorial Countercurrent (NECC), the upwelling region called Guinea Dome (GD), and the
northern and southern bands of the South Equatorial Current (nSEC and sSEC). Dashed
lines show the extent of the Inter-tropical Convergence Zone (ITCZ).
boundaries of the Inter-Tropical Convergence Zone (ITCZ) between 3◦S and 3◦N due to precipita-
tion (Fig. 3.1 and 3.2 B, Table 3.1). Sub-surface salinity maxima (∼37) were located in the North
and South Atlantic gyral regions. At ∼20◦N (station 21) lower surface temperature and higher
salinity indicated a transition between South Atlantic Central Water and North Atlantic Central
Water, known as Cape Verde Frontal Zone (Rijkenberg et al., 2012). The mixed layer depth was
the shallowest in the equatorial waters (∼50 m) and deepened to ∼100-120 m in the gyral regions
(Table 3.1).
Based on hydrographic properties of the water column, stations 10, 19 and 21 are referred to
as “gyral”, station 13 as “equatorial”, and station 16 as “upwelling”. Such a classification scheme
complies with the criteria by Kadko & Johns (2011) and Subramaniam et al. (2013).
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Figure 3.2: Section plots of (A) Temperature (◦C), (B) salinity, and (C) fluorescence
(µg L−1) along the D361 S-N transect. Red arrows indicate sampling stations. Numbers









































































































































































































































































































































































60 Chapter 3. Nitrogen fixation and particle export
3.3.1.3 Nitrate, DON and Chlorophyll-a
Nutrient distributions at the sampled stations had typical open oligotrophic ocean structure. Ni-
trate was depleted in the upper waters (nanomolar levels, <0.1 µmol L−1), and increased sub-
stantially with depth (Fig.3.3). The nitracline was the shallowest at stations 13 and 16 (50-60
m) (Fig.3.3 B,C, Table 3.1), and the deepest at the gyral stations (80-120 m) (Fig.3.3 A,E). The
nitracline (1 µmol L−1) was located either slightly above or right below the base of the MLD (Table
3.1).
DON distributions were scattered and had no clear spatial or vertical pattern along the transect
(Fig.3.3). Surface concentrations were mostly between 3-4.5 µmol N L−1, except of station 16 where
DON concentrations were elevated to ∼7 µmol N L−1 (Fig.3.3 A, B; Table 3.1). The scarcity of
the collected DON data precluded a conclusive evaluation of the DON depth distribution pattern.
Pronounced deep chlorophyll-a maxima (DCM) cut across the entire S-N transect (Fig.3.2 C).
The shallowest and the highest DCM occurred at the equatorial station 16 ( 1.3 µg L−1 at ∼50
m depth), while the deepest and the lowest DCM were found in the North and South Atlantic
subtropical gyres (0.2 µg L−1 at ∼100 m depth; Fig.3.2 C, Fig. 3.3).
3.3.2 Satellite-derived Chlorophyll-a
A clear gradient of decreasing surface Chl-a from the equatorial waters towards the gyre was
observed along the transect (Fig. 3.4). The temporal variability of surface Chl-a concentrations
appeared to decline latitudinally in a similar manner (Fig. 3.4). The lowest and the least variable
Chl-a concentrations were around the oligotrophic station 10 (∼0.05 mg m−3, Fig. 3.4 A). The
highest and the most variable surface Chl-a levels were at station 13, where a pronounced Chl-a
peak occurred between September and October (∼0.26 mg m−3, Fig. 3.4 B). However, prior to
sampling (grey-shaded area), Chl-a dropped to ∼0.15 mg m−3. Local Chl-a maxima were observed
at stations 16 and 21 around mid-February 2011 (∼0.17 and 0.14 mg m−3, respectively) (Fig. 3.4





















































































































































































































































































































































































































































































































































































Figure 3.4: Time-series of 9km 8-day composite MODIS-A surface Chl-a concentrations
(mg m−3) in 1◦ × 1◦ box centred at each 234Th sampling location. 234Th sampling dates
are marked with dotted lines. A one month integration period associated with 234Th method
is highlighted in grey.
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3.3.3 Latitudinal distribution of N2 fixation
Integrated N2 fixation rates (surface to DCM) exhibited an increasing northward trend (Fig. 3.5)
The highest N2 fixation rate was measured North of the Equator at station 16 (0.23 mmol N m−2
d−1), whilst the lowest rate was measured at station 10 (0.03 mmol N m−2 d−1). N2 fixation rates
remained relatively low at the equatorial station 13 (0.10 mmol N m−2 d−1), but were moderately






























Figure 3.5: Latitudinal variation of integrated N2 fixation rates.
3.3.4 Vertical profiles of total 234Th
The key feature of using 234Th:238U disequilibria is that they trace particle dynamics in the water
column. The 234Th deficit relative to its parent 238U (234Th:238U<1) suggests faster removal of
234Th on sinking particles than its supply from 238U ingrowth. Remineralization and particle break-
down return 234Th back into the water column, creating 234Th ’excess’ (234Th:238U>1). When
234Th ingrowth from 238U is balanced by 234Th removal or decay, 234Th:238U =1, i.e. the nuclides
reach secular equilibrium.
Vertical profiles of 234Th:238U activity ratios (dpm dpm−1) along the S-N transect are shown in
Figure 3.6, which also has the mixed layer depth (yellow area), fluorescence and dissolved oxygen
concentrations superimposed. The complete dataset of 234Th, 238U, and 234Th:238U activity ratios
for all stations and depths is presented in Table 3.2.
The total 234Th profiles were similar along the transect. The greatest 234Th deficits were usually
found just right below or above the deep chlorophyll-a maximum (DCM), located in the upper 50-
100 m of the water column. The clear range of 234Th depletion indicated different exports. The
smallest 234Th:238U ratios from surface to 100 m depth (0.70-0.78 dpm dpm−1; Fig. 3.6 B,C)
suggested distinctively large particles scavenging in the upper water column at the equatorial
stations 13 and 16. At stations 10, 19 and 21, the upper water 234Th:238U were maximal (>0.9
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dpm dpm−1), and often indistinguishable from secular equilibrium due to associated errors (Fig.
3.6 A, E). Below the DCM, net 234Th removal was generally equal to net 234Th production. A 234Th
excess was observed at station 13 below 100 m depth with 234Th:238U= 1.08±0.07 dpm dpm−1.
Here oxygen concentrations started to decline at about 60 m, which suggests that 234Th excess
might have been a product of rapid remineralization and consumption of particles carrying 234Th
to depth (Fig. 3.6B). Station 19 showed secondary 234Th deficit with 234Th:238U between 0.91 and
0.93 (Fig. 3.6 D). Relatively low oxygen concentrations (∼70 µmol kg−1) suggested some respiration
occurring at this depth. It is, however, possible that at this depth slowly sinking particles were
consumed and/or repackaged, which caused them to sink down more rapidly, thus to cause 234Th
depletion (Alonso-Gonza´lez et al., 2010).
3.3.5 Biogeochemical characteristics of sinking particles
3.3.5.1 POC and PON to 234Th ratios
The majority of POC and PON to 234Th ratios (µmol dpm−1) sampled between 70 and 500 m ranged
between 3.3-7.2 for POC:234Th (Fig. 3.7 A) and 0.7-1.4 for PON:234Th (Table 3.3) . Particles from
the ‘shallow’ depth horizon at station 19 had an elevated POC and PON to 234Th ratio of 10 and
2.5, respectively. Comparatively high ratios were also measured on the ’deep’ particles collected at
station 10 (13.2 for POC:234Th and 1.8 for PON:234Th). The ratios did not exhibit any clear depth















































































































































































































































































   


























































   















   















   















   


































































































































































































































































































66 Chapter 3. Nitrogen fixation and particle export
Table 3.2: Water column salinity, total 234Th and 238U activities, and 234Th:238U activity
ratios. Errors indicate ±1σ propagated uncertainties.
Sampling site Depth Salinity 238U 234Th 234Th:238U
(m) (dpm L−1) (dpm L−1) (dpm dpm−1)
Station 10 11.36 36.54 2.37±0.13 2.13±0.07 0.9±0.06
-7.22◦N 24.99◦W 21.34 36.54 2.37±0.13 2.01±0.07 0.85±0.05
31.42 36.54 2.37±0.09 2.33±0.08 0.98±0.05
41.25 36.53 2.37±0.09 2.18±0.07 0.92±0.05
51.00 36.54 2.37±0.11 1.99±0.1 0.84±0.06
61.83 36.62 2.38±0.07 2.15±0.07 0.9±0.04
102.28 36.39 2.3±0.07 1.98±0.07 0.86±0.04
252.00 34.97 2.3±0.05 2.23±0.11 0.97±0.05
500.04 34.66 2.27±0.09 2.27±0.08 1±0.05
1000.20 34.56 2.25±0.04 2.11±0.07 0.94±0.03
1000.29 34.56 2.25±0.04 2.11±0.07 0.94±0.03
1000.45 34.56 2.25±0.04 2.16±0.07 0.96±0.04
Station 13 2.54 35.65 2.32±0.04 1.79±0.13 0.77±0.06
1.16◦N 26.05◦W 21.53 35.80 2.33±0.04 1.76±0.12 0.76±0.05
41.78 35.77 2.33±0.04 1.78±0.12 0.77±0.05
51.83 35.90 2.34±0.04 1.76±0.12 0.75±0.05
60.79 36.03 2.35±0.04 1.84±0.14 0.78±0.06
76.11 35.98 2.34±0.04 2.24±0.15 0.96±0.07
91.40 35.73 2.33±0.04 2.3±0.15 0.99±0.07
121.29 35.50 2.31±0.04 2.5±0.16 1.08±0.07
301.69 35.11 2.29±0.04 2.26±0.15 0.99±0.07
501.04 34.64 2.26±0.04 2.23±0.19 0.99±0.08
Station 16 3.04 35.90 2.31±0.07 2.09±0.15 0.9±0.07
8.34◦N 28.33◦W 20.95 35.90 2.31±0.07 2.07±0.14 0.89±0.07
30.75 35.90 2.35±0.13 2.15±0.14 0.91±0.08
50.13 35.90 2.36±0.09 1.99±0.14 0.84±0.07
58.14 36.00 2.35±0.05 1.65±0.13 0.7±0.06
71.20 36.01 2.36±0.07 1.84±0.13 0.78±0.06
91.30 35.67 2.34±0.06 2.27±0.15 0.97±0.07
300.09 35.02 2.25±0.08 2.31±0.16 1.02±0.08
498.68 34.92 2.24±0.07 2.23±0.17 0.99±0.08
Station 19 1.24 36.37 2.35±0.02 2.09±0.15 0.89±0.07
15.51◦N 28.79◦W 21.36 36.37 2.35±0.02 2.25±0.16 0.95±0.07
51.75 36.45 2.35±0.02 2.35±0.18 1±0.08
68.49 36.55 2.36±0.02 2.05±0.14 0.87±0.06
79.66 36.83 2.37±0.02 2.01±0.15 0.85±0.06
96.53 36.63 2.36±0.02 2.15±0.19 0.91±0.08




Sampling site Depth Salinity 238U 234Th 234Th:238U
[m] [dpm L−1] [dpm L−1]
300.33 35.35 2.31±0.02 2.14±0.14 0.93±0.06
399.09 35.22 2.3±0.02 2.09±0.14 0.91±0.06
497.23 35.12 2.3±0.02 2.41±0.18 1.05±0.08
Station 21 12.28 36.70 2.37±0.02 2.21±0.18 0.93±0.08
19.17◦N 28.12◦W 22.22 36.70 2.37±0.02 2.02±0.14 0.86±0.06
31.87 36.73 2.37±0.02 2.22±0.15 0.94±0.06
40.91 36.90 2.38±0.02 2.25±0.16 0.95±0.07
51.04 36.96 2.38±0.02 2.18±0.17 0.92±0.07
62.05 37.01 2.38±0.03 2.09±0.15 0.88±0.06
81.83 37.07 2.38±0.03 2.39±0.17 1±0.07
102.26 37.27 2.39±0.03 2.33±0.17 0.97±0.07
1000.75 34.98 2.29±0.02 2.29±0.15 1±0.07
1001.21 34.98 2.29±0.02 2.22±0.17 0.97±0.07
3.3.5.2 C:N:P stoichiometry
At the majority of stations and depths, the molar POC:PON ratios (mol mol−1) exceeded the
canonical Redfield C:N ratio of 6.6:1 (Redfield, 1958), suggesting preferential consumption of nitro-
gen relative to carbon (Fig.3.7 B Table 3.3) in the sampling region. Despite the large latitudinal
extent of the transect, the ratios varied within a narrow window of 6.7 to 8.1 at for 70-140 and
170-250 m depth horizons. Preferential remineralization of N from the descending particles (Martin
et al., 1987) lead to an overall ∼2-fold increase in POC:PON ratios at 500 m depth (Fig.3.7 B Table
3.3).
Molar PON:POP ratios (mol mol−1) were mostly higher than the canonical Redfield ratios of
16:1 (Redfield, 1958) (Fig.3.7 C; Table 3.3) . The latitudinal range of the PON:POP ratios spanned
from 16:1 to 25:1, and was the most variable in the upper 100 m and at 500 m depth. The highest
’shallow’ ratios were found at station 16 (25:1). Oligotrophic station 10 was the only station, where
PON:POP ratios were close to Redfield’s at all depths. At most of the stations PON:POP ratios
declined slightly with depth (Fig.3.7 C; Table 3.3).
67
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3.3.5.3 Isotopic δ 15N signature of sinking particles
The isotopic δ15N signal of particles collected with SAPS ranged from 2.7 to 12.6h (Fig.3.7 D;
Table 3.3). The average analytical uncertainty of the δ15N measurements was typically within
11% RSD. At all stations, exported particles had a high δ15N signal at most of the sampled depth
horizons (δ15N>4h). Between 70 and 170 m depth, the δ15N signals were mostly between 6.8 and
7.8h, except the equatorial station 13, where the signals were the lowest (4.1-5.2h). The δ15N
signals varied most at 500 m depth. No clear vertical δ15N variation pattern was observed along
the transect (Fig.3.7 D; Table 3.3).
3.4 Discussion
Before examining the latitudinal distribution of 234Th-derived POC and PON exports in relation
to N2 fixation, the caveats of using the steady state 234Th scavenging model in the study region
are discussed.
3.4.1 Assessment of the steady state 234Th scavenging model in the study region
The D361 cruise logistics did not permit station reoccupations, which precluded assessment of
spatial-temporal variability of 234Th activity and necessitated a steady state assumption. A steady
state model implies constant 234Th flux over a period of the 234Th mean life-time (τ=34.8 days).
Although the SS model has yielded adequate 234Th flux resolution in many ocean settings (Morris
et al., 2007; Buesseler et al., 2008; Planchon et al., 2012; Le Moigne et al., 2012), it is prone to
under- or over-estimate fluxes depending on bloom timing relative to sampling (Savoye et al., 2006;
Buesseler et al., 2006; Resplandy et al., 2012).
No repeated 234Th activity measurements were taken during any station occupation, which
hindered estimation of the contribution of the physical transport to 234Th deficits. For the same
reason, lateral and vertical advection had to be neglected (i.e. V = 0), although the hydrography
of the sampling site was very dynamic (Fig. 3.1). Upwelled deep waters may significantly affect the
234Th balance by re-supplying 234Th into the surface waters, essentially increasing the amount of
234Th available for particle scavenging and export (Savoye et al., 2006). Studies in the equatorial
Pacific (Buesseler et al., 1995) and north-western Arabian Sea (Buesseler et al., 1998) showed that
estimated 234Th fluxes were 25-35% higher when upwelled 234Th was considered. Strong equatorial
surface and subsurface currents (e.g. SEC and NECC, section 3.3.1.1, Fig. 3.1) would transport
upwelled 234Th-enriched equatorial waters westwards, potentially offsetting the upwelling effect.
Upwelling in the very North and South of the D361 transect (stations 10 and 21) was not well
developed (Kadko & Johns, 2011; Subramaniam et al., 2013), hence, its contribution to estimated
234Th flux was assumed to be small. However, at the upwelling station 16, additional 234Th upwelled
into the euphotic zone has to be considered. Since the physical transport term was omitted for flux
calculations, it is likely that exports at this site represent a lower limit.
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Figure 3.8: Integrated 234Th flux at 100 m depth during D361 (green circles), AMT 14
(Thomalla et al. (2006), dark blue circles), and IOC-96 (Charette & Moran (1999), dark red
circles). Hollow circles show negative (IOC-96) and zero (AMT 14) exports (see Table 3.4
for details). Circle diameter corresponds to export magnitude (except AMT14 zero-exports)
. Associated flux uncertainties are provided in Table 3.4.
3.4.2 234Th exports at 100 m
234Th depletion with depth was calculated using a trapezoid integration method. No consensus is
established for a “correct” integration depth for 234Th export estimates. A choice of integration
depth is often based on water column properties and sampling strategy for both total and particulate
234Th activity. Buesseler & Boyd (2009) suggested flux normalization to the euphotic zone depth
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(1% or 0.1% light penetration), while Thomalla et al. (2006) and Morris et al. (2007) integrated
fluxes to the depth of the first secular equilibrium. The vast majority of previous 234Th flux
estimates have been on a 100 m cut-off for 234Th integration depth (Le Moigne et al., 2013b).
In this study, 234Th exports were also integrated from surface to 100 m depth (henceforth,
234Thex). This integration depth interval was the most resolved with respect to total 234Th sam-
pling. It also included the the DCM for most of the stations, except station 21, where the MLD
and the DCM lay deeper below the 100 m depth (Fig. 3.2, 3.3, Table 3.1). Thus, 234Th fluxes at
this station were probably under-estimated.
234Thex during D361 is shown in Figure 3.8 and summarized in Table 3.4, which also includes
estimates from previous studies in similar areas (Charette & Moran, 1999; Thomalla et al., 2006).
234Thex varied from ∼460 to 1130 dpm m−2 d−1 along the transect. The highest exports were
measured at the equatorial station 13 and upwelling station 16 (1126 and 885 dpm m−2 d−1,
respectively). At both sites, MODIS-A surface chlorophyll (Fig. 3.4B, C) was relatively elevated
2-3 weeks prior sampling. Thus, 234Thex at these stations was likely sampled shortly after a local
episodic bloom event. The lowest 234Thex were recorded at the gyral sites 19 and 21 (457 and
490 dpm m−2 d−1, respectively). At station 10, relatively large 234Thex was associated with a
pronounced 234Th depletion at the DCM (234Th:238U=0.86±0.04 dpm dpm−1, Fig. 3.6 A). The
mean analytical uncertainty in 234Thex was ∼25 %. The highest errors of ∼30% were associated
with the lowest 234Thex at stations 19 and 21. Within analytical uncertainty, the D361 234Thex
were mostly comparable to the previous estimates for the subtropical Atlantic (AMT 14, Thomalla
et al. (2006)) and for the Southern equatorial and subtropical Atlantic (IOC-96, Charette & Moran
(1999)). The largest discrepancies between these studies were observed at the equator, where the
Thomalla et al. (2006) 234Thex exceeded that at D361 station 13 by a factor of 3, and where flux
estimates from Charette & Moran (1999) study were negative (Fig. 3.8; Table 3.4). The nature of
such discrepancy is unclear and could be attributed to various factors, including genuine natural
variability and temporal differences. Additionally, a potential non-conservative 238U behaviour,
not accounted by the 238U-salinity relationship (Eq. 2.1), could have generate larger AMT14 and
IOC-96 234Thex estimates compared to the D361 study sites (Chapter 2). This may also explain
the negative export fluxes reported in these studies.
3.4.3 234Th-derived exports
3.4.3.1 Estimating exports
POC and PON exports (hereafter, POCex and PONex) were estimated by multiplying integrated
234Th exports by the ratio of each elements to 234Th on large sinking particles (>53µm) (Eq. 3.4):
POC(N)ex =234 Th flux× POC(N)234Th (3.4)
POC (PON):234Th ratios vary significantly on spatial and temporal scales, reflecting changes in
productivity, community structure, export production, particle size distribution, particle formation,
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fragmentation and remineralization, food dynamics, etc. (Buesseler et al., 2006). 234Th-derived
POCex and PONex are sensitive to these changes, hence ratios have to be chosen carefully, so that
they represent the sinking particle pool in the sampling area. An ideal ratio is the one at the base
of the depth interval of interest, with integrated 234Th fluxes determined over that same depth
interval (Benitez-Nelson & Charette, 2004). In this study, however, no SAPS were deployed at
100 m to match 234Th fluxes. The choice of the ratio from three available depth horizons was also
complicated by an absence of clear depth variations (Fig. 3.7A). To account for the sinking flux
from the upper water column and DCM, the ratios from between 70 and 170 m depth have been
averaged for each station and used for export derivations (Table 3.4; also see similar method in Bue
(n.d.), Planchon et al. (2012) and Martin et al. (2013)). Only at station 21 was a single ratio at
140 m used. The mean D361 POC:234Th ratios (5.96±1.9) were similar to the reported values for
the Equatorial Pacific (∼6.5 in Buesseler et al. (1995)), but ∼35% smaller than that in Thomalla
et al. (2006) (9.0 µmol dpm−1), and up to 4-fold smaller than that in Charette & Moran (1999)
(Table 3.4).
3.4.3.2 POC and PON exports
Latitudinal variations in 234Th-derived POCex are presented in Figure 3.9, which also shows POCex
estimates from previous studies in the equatorial and sub-tropical Atlantic (also summarized in
Table 3.4). PONex correlated almost perfectly with POCex (R2=0.99, p<0.0001), and hence closely
followed its latitudinal distribution (Fig. 3.11).
POCex and PONex along the D361 transect were relatively low, yet variable. Gyral station
21 exhibited the lowest POCex (∼2.6 mmol C m−2 d−1) and PONex (∼0.35 mmol N m−2 d−1),
whilst the maximal POCex and PONex exports were at station 16, ∼5.8 mmol C m−2 d−1 and
∼0.8 mmol N m−2 d−1, respectively. The analytical uncertainties ranged from 15 to 35%, within
the range of recent 234Th studies (e.g. Buesseler et al. (2006), Morris et al. (2007), Martin et al.
(2013), Le Moigne et al. (2013c)). Despite temporal differences, the D361 POCex in the Southern
Atlantic agreed well with the estimates of Thomalla et al. (2006) and Charette & Moran (1999). At
the equator, however, POCex differed significantly between these studies. Here, the D361 estimates
were 3-fold lower than that by Thomalla et al. (2006), while Charette & Moran (1999) exports were
negative. Given the dynamics of the equatorial region, sampling time could be a major factor for
the observed discrepancy. Thomalla et al. (2006) might have sampled the sinking bloom, induced
by either advected nutrient rich waters from the equatorial upwelling (strongest between April
and May (Subramaniam et al., 2013)), or by the ITCZ at its southernmost location (0-2 ◦S) in
May (Wefer & Fischer, 1993). Negative POCex in Charette & Moran (1999) was caused by strong
remineralization at the time of sampling, as determined from the vertical 234Th activity profiles.
Overall , the declining northward POCex decline was consistent between D361 and AMT 14, and
was further seen in a low POCex of 0.5 mmol C m−2 d−1 measured with PELAGRA sediment traps
later in the year (August 2011, Marsay et al. 2014, in prep.).
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Figure 3.9: 234Th-derived POCex during D361 (green circles), AMT 14 (Thomalla et al.
(2006), dark blue circles), IOC-96 (Charette & Moran (1999), dark red circles), and PELA-
GRA sediment trap POC flux from LINK D369 (Pabortsava et al unpublished data, light
blue circle). Hollow circles show negative (IOC-96) and zero (AMT14) exports (Table 3.4).
Circle diameter corresponds to export magnitude (except AMT 14 zero-exports). Associated
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Figure 3.10: Scatterplots of integrated N2 fixation rates (A) and (B) vertical deep NO–3
supply (vNO–3) vs. POCex (green triangles) and PONex (blue squares) with corresponding
lines of best fit (dashed lines of the same color coding) superimposed. ’*’ and ’**’ indicate
significance levels on 90% and 95% confidence intervals, respectively.
3.4.4 Does N2 fixation enhance particle exports?
The main goal of this study was to test if elevated N2 fixation rates lead to an increased POCex and
PONex. Directly relating N2 fixation rates to POCex and PONex did not reveal a clear response of
POCex and PONex towards variable integrated N2 fixation rates (Fig. 3.10). The highest export
at station 16 coincided with the maximal integrated N2 fixation rate. At stations 13 and 19 export
was similar and within the range of exports at station 16 (Fig. 3.10). However, the respective N2
fixation rates were only 40% (station 13) and 60% (station 19) of that at station 16. Although
N2 fixation at station 21 exceeded that at station 10 by a factor of 6, POCex and PONex at these
sites were similarly low. Accordingly, the linear fit between particle exports and integrated N2
fixation rates was overall positive, but weak and insignificant, with R2=0.24 and 0.20 vs. POCex
and PONex respectively (Fig 3.10 A).
The poor relationship between exports and N2 fixation rates might be partly attributed to the
different integration time scales of these parameters. N2 fixation rates were determined from 24
hrs incubations. 234Th-derived exports were integrals over a longer period (∼1 month). Hence, N2
fixation rates might have been different prior to measuring 234Th:238U disequilibria.
Other processes might explain the nature of poor correlation between N2 fixation and particle
exports: (1) diazotrophic production was largely recycled in the euphotic zone rather than being
exported as sinking matter (Glibert & Bronk, 1994); (2) N2 fixation was not a major source of
nutrients in the study region (Painter et al., 2013). Hypothesis (1) was tested by estimating the
direct contribution of sinking diazotroph production to total PONex. To test hypothesis (2) the





































   





















Figure 3.11: 234Th-derived total PONex (blue bars) with a superimposed fraction of
PONTex (as %PONex) along the D361 S-N transect.
namely, the upward supply of deep NO–3. Additionally, isotopic N composition and elemental
stoichiometry (POP:PON ratios) of exported particles were investigated to provide supporting
evidence for the hypothesis (2). Finally, a nitrogen budget for the study area was constructed to
constrain the importance of N2 fixation in fuelling export production in the study area.
3.4.4.1 Trichodesmium-associated PON Export (PONTex)
In the open ocean Trichodesmium spp. account for up to 60% of total N2 fixation (Mulholland,
2007; Monteiro et al., 2010). Along the S-N transect, Trichodesmium spp. was the dominant
diazotroph (Sargent et al. 2014, in prep.). This was consistent with previous field observations of
diazotroph species abundance in the open subtropical Atlantic (Tyrrell et al., 2003; Zehr & Kudela,
2011).
Here, Trichodesmium cell abundance in the fast sinking particle fraction collected with SAPS
was converted into particulate organic nitrogen PONT (T for Trichodesmium) and used as a proxy
for diazotroph-attributed PONex (henceforth, PONTex). 234Th-derived PONTex were calculated
following method descried in section 3.4.3. Due to a dramatic downward decrease of PONT /234Th
ratios with depth (Table 3.3), only the ratios on large sinking particles from 70-140 m depth interval
were used for PONTex calculations. Therefore, the resulting PONTex and their contribution to
PONex represent their upper limit.
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PONTex ranged from 1.5 µmol N m−2 d−1 (station 10) to ∼8 µmol N m−2 d−1 (station 13).
This accounted for overall <1.5% of PONex (Fig. 3.11), and for 1-8% of total measured N2 fixation
(Table 3.5). These results are consistent with a ∼85% reduction in Trichodesmium abundance from
surface (2 m) to 70 m depth (Sargent et al 2014, in prep.). The results imply that in the study
region, directly sinking Trichodesmium cells represented only a small portion of exported matter
and that most of the associated fixed nitrogen was recycled within the euphotic zone. These findings
also support previous studies which addressed the fate of Trichodesmium production (Glibert &
Bronk, 1994; Hewson et al., 2004; Thompson & Zehr, 2013).
Low PONTex contribution to PONex suggests that fixed N is removed from the euphotic zone
via pathways other than sinking diazotroph cells. Trichodesmium cells might have been grazed,
and subsequently transported to depth as faecal pellets, or within cells of sinking grazers (O’Neil,
1998; Montoya et al., 2002). This would not be visible by simple light microscopy method. Also,
mainly oligotrophic settings of the D361 study area imply a significant role of small phytoplankton
in the particle production and export (e.g. Richardson & Jackson (2007); Lomas & Moran (2011)).
It is possible that part of the dizotroph-derived export production would have been present in
<53µm particle fraction. Alternatively, non-sinking diazotroph biomass might have contributed to
the suspended particle pool (PONsusp), which would be remineralized within the euphotic zone,
providing recycled nutrients for the biota.
In fact, previous field observations suggest little or no contribution of Trichodesmium to the
PON flux out of the euphotic zone (e.g. Mulholland (2007); Thompson & Zehr (2013)). Tri-
chodesmium is known to exude up to 70% of recently fixed N as DON and NH+4 , thus channelling
it into the recycling (microbial) loop (Glibert & Bronk, 1994; Capone et al., 1994; Mulholland &
Bronk, 2004; Mulholland, 2007). Bacterial degradation, viral lysis and grazing on Trichodesmium
biomass results in further enrichment of the total DON pool (Ohlendieck et al., 2000; Hewson et al.,
2004; Knapp et al., 2011). The diazotroph-derived DON does not seem to accumulate on seasonal or
longer time scales Knapp et al. (2005); Meador et al. (2007); Knapp et al. (2011). Labile and semi-
labile (bioavailable) DON fractions, such as amino acids, urea and peptides (proteins) are rapidly
taken up phytoplankton, bacterial assemblages and viruses growing on and around Trichodesmium
colonies (Sellner, 1992; Ohlendieck et al., 2000; Knapp et al., 2005; Meador et al., 2007; Mulholland
& Lee, 2009; Knapp et al., 2011). Bacterial hydrolisis and viral activities can break down complex
and more refractory DON phases into simpler, commonly utilized N forms (e.g. Berg et al. (2002);
Hoppe et al. (2002); Mulholland & Lee (2009)). Bacterial respiration and viral lysis also transform
bioavailable DON into the refractory DON phases, which might then be advected horizontally (Ma-
haffey et al., 2004), or eventually exported from the euphotic zone via downwelling and convective
mixing (Vidal et al., 1999; Jiao et al., 2010; Letscher et al., 2013), contributing to the long-term
N storage in the ocean (Jiao et al., 2010). The probability and the potential importance of this N
trafficking mechanism in the study area can be assessed by the measuring the δ15N composition of
the dissolved proteins and amino-acids, as well as bacterial DNA.
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3.4.4.2 Biogeochemical significance of N2 fixation
1. Comparison of N2 fixation rates to previous studies
The highest integrated N2 fixation rates at the upwelling station 16 (0.23 mmol N m−2 d−1)
were consistent with rates reported for 10◦N 25◦W (Voss et al., 2004), and the Atlantic upwelled
waters (0.025-0.424 mmol N m−2 d−1) (Subramaniam et al., 2013). At gyral and equatorial stations
10 and 13, N2 fixation rates were comparable to non-upweling (0-3◦S) estimates of 0.23-0.154 mmol
N m−2 d−1 (Subramaniam et al., 2013). North of the Equator, N2 fixation rates slightly exceeded
the highest rates of 0.095 mmol N m−2 d−1 reported for 26◦N 30◦W (Painter et al., 2013). In this
study mean integrated N2 fixation rates (0.13 mmol N m−2 d−1) were significantly lower than in
the Sargasso Sea (0.239 mmol N m−2 d−1, Capone et al. (2005a)).
Table 3.5: Comparison of integrated N2 fixation rates with upward NO–3 flux (vNO–3)
calculated at the depth of maximum nitracline gradient.
Station Int. Deptha N2 fix ∂NO–3/∂z κz
b vNO–3 N2 fix
(m) (mmol N m
−2
d−1) (mmol N m





10 111 0.03 0.24 0.058 0.12 25
13 61 0.1 0.4 0.05 0.17 58.82
16 58 0.23 0.45 0.1 0.39 58.97
19 79 0.14 0.31 0.1 0.27 51.85
21 76 0.16 0.11 0.1 0.1 160
Mean±stdev 0.132±0.074 0.302±0.134 0.082±0.026 0.21±0.12 70.9±51.7
a Corresponds to the integration depth of N2 fixation.
b Denotes turbulent diffusivity constant. An open ocean average κz of ∼0.1 cm2 s−1 (Lewis et al., 1986) was assumed for station 16, 19, and 21
(see section 3.4.4.2 for details).
Although in the context of previous observations there is no suggestion for N2 fixation being
unusual in this study, a methodological bias in N2 fixation rates is probable. Recent studies
by Großkopf et al. (2012) and Wilson et al. (2012) demonstrated that the popular 15N2 bubble
injection technique (Montoya et al., 1996) (used in this study), may yield ∼60% lower N2 fixation
rates than a novel N2 solution technique by Großkopf et al. (2012). This is important to consider
when evaluating significance of N2 fixation relative to other nutrient sources as well as its potential
contribution to N budgets.
2. Comparison to the upward supply of deep-water nitrate
The D361 cruise transect crossed a very dynamic hydrographic environment, influenced by up-
welling between 5 and 15◦N, and lateral transport, induced by the prevailing (sub-)surface currents
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Figure 3.12: Integrated N2 fixation rates vs. upward NO–3 flux from depth (%vNO–3). 1:1
line (dotted) and 1:2 line (dashed) are also depicted.
(Fig. 3.1). Comparison with the lateral transport is hard due to absence of horizontal nitrate
gradient along the S-N transect. A potential horizontal nutrient advection input will be reviewed
in section 3.4.5. The significance of N2 fixation for particle production and exports can be however
evaluated in the context of concurrent upward NO–3 supply from depth (vNO–3).
vNO–3 supply via upwelling or vertical diffusion plays a significant role in sustaining primary
and export production in the equatorial and (sub-)tropical Atlantic, and often exceeds N2 fixation
rates (Mourino-Carballido et al., 2011; Painter et al., 2013). To test this hypothesis, concurrent
vNO–3 fluxes were calculated for each station, as described in section 3.2.7.
The maximum vertical NO–3 concentration gradients
∂NO−3
∂z (the depth range of the largest con-
sistent NO–3 increase) at each station were used. The smallest gradients were at the gyral stations
10 and 21, while the highest ones were found north of the Equator at stations 13 and 16 (Fig. 3.3;
Table 3.5). Despite differences in the derivation of nitracline gradients, these estimates were en-
tirely consistent with the previous observations in the equatorial (Mourino-Carballido et al., 2011)
and subtropical Atlantic (Mourino-Carballido et al., 2011; Painter et al., 2013).
The vertical diffusivity coefficient κ(z) was obtained from turbulent diffusivity measurements
(Baker et al., 1988) at stations 03 and 08 (E-W transect, see Chapter 2) and at stations 10 and 12
of the S-N transect (Baker et al., 1988). Over the depth range at which the nitracline was located
(usually 60-200 m), turbulent diffusivity exhibited small spatial variation, ranging from 0.05 to
0.073 cm2 s−1 with an average of 0.07±0.02 cm2 s−1. These values were comparable to existing
estimates of open ocean diffusivity by Lewis et al. (1986) (0.1 cm2 s−1), Ledwell et al. (1993) (0.11
cm2 s−1) and Painter et al. (2013) (0.077 cm2 s−1). Hence, for the remaining D361 stations, the
κ(z) term was assumed to be the open ocean mean of 0.1 cm2 s−1 (Table 3.5).
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The resulting vNO–3 fluxes ranged from 0.39 mmol NO–3 m−2 d−1 (station 16) to 0.10 NO–3
mmol m−2 d−1 (station 10) (Table 3.5). These results mostly fell within the range of reported
(Mourino-Carballido et al., 2011; Painter et al., 2013) and modelled (Oschlies, 2002b) values for
the (sub-)tropical Atlantic.
A comparison of concurrent N2 fixation rates and vNO–3 supply showed that at most of the
stations N2 fixation represented 30-60% of the upward NO–3 supply, but at station 21 exceeded it
by 66% (Fig. 3.12; Table 3.5). This implies that N2 fixation was generally a smaller source of
new nitrogen to the euphotic zone than vNO–3 flux, however significant, and at individual station
even appeared to be dominant. If the caveats associated with ’N2 bubble injection method’ are
considered, then N2 fixation rates would be close to vNO–3 fluxes at most of the stations, and at
station 21 would represent ∼330% of vNO–3 flux.
3.4.4.3 Isotopic composition of exported particles as an evidence for prevailing deep
water nitrate nitrogen source
The stable nitrogen isotopic composition (δ15N) composition of phytoplankton is primarily deter-
mined by (1) δ15N of the source and biological and (2) kinetic fractionation during uptake and
assimilation of the nutrient source by phytoplankton. When nutrients are in excess, phytoplankton
preferentially incorporate light 14N over heavier 15N, resulting in organic matter composition being
depleted relative to N source. In contrast, when N is limited, no biological fractionation occurs (i.e.
N is completely utilized), and phytoplankton isotopic N composition reflects that of the dominant
N source. Hence, in N-limiting environments, like the D361 study area (Fig. 3.3), isotopic compo-
sition of produced and exported organic matter would reflects the relative importance of different
N sources.
In the open ocean, vertical deep NO–3 supply and N2 fixation represent fundamentally different
mechanisms supporting primary and subsequently export production. N2 fixation adds new N that
has an isotopic δ15N signature close to that of atmospheric N2 ( ∼-2h– 0h) (Liu & Kaplan, 1989;
Sigman et al., 1997). NO–3 consumption through assimilation or water column denitrification drives
elevated δ15N for NO–3 due to kinetic N isotope fractionation (Sigman et al., 1997; Voss et al., 2001).
At all stations, the exported organic particles (PONex) exhibited an enriched δ15N composition
with an overall average of 6.7±1.3h at 70-170 m (Fig. 3.7 D; Table 3.3). Within analytical
uncertainty, the D361 δ15N signals were consistent with enriched 15N particles (6-8h) from below
50 m in the equatorial Atlantic (Reynolds et al., 2007) and in the subtropical North-east Atlantic
(5-20◦N, 20-25◦W) (Montoya et al., 2002)).
There are two major sources of isotopically enriched N to phytoplankton, and thus to PONex:
(1) NO–3 supplied from the deep ocean (Liu & Kaplan, 1989; Sigman et al., 1997; Mahaffey et al.,
2004) and (2) DON from a non-N2 fixation source (Mahaffey et al., 2004).
The overall dominance of upward NO–3 supply over N2 fixation has been demonstrated in section
3.4.4.2, and it suggests that isotopic composition of PONex would be weighted towards enriched
deep oceanic NO–3 signature of 4.5-6h (Liu & Kaplan, 1989; Sigman et al., 2000). Most of the
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determined δ15N-PONex were greater than that of deep water NO–3, suggesting additional processes
that enriched δ15N signal of PONex. For example, preferential remineralization of 14N from PONex
might have lead to elevated δ15N beyond that of deep water NO–3 (>5h) (Bourbonnais et al., 2009).
Another process involves branching N fractionation during NH+4 assimilation and NH+4 oxidation
to NO–3 (nitrification). Isotope enrichment effect of nitrification is typically higher than that of
NH+4 assimilation (Montoya et al., 1991; Casciotti et al., 2003). When the two processes occur
simultaneously in the euphotic zone, low δ15N-NO–3 are added to the NO–3 pool, while re-assimilation
of partly nitrified, thus δ15N-enriched NH+4 would result in concomitant enrichment of organic
matter (Knapp et al., 2005; Wankel et al., 2007; Bourbonnais et al., 2009). It is reasonable to
assume that nitrification/assimilation cycle in the study area might have shunted enriched 15N into
the PON pool, resulting in higher δ15N for exported particles.
Food web processes also tend to retain 14N in the dissolved form (as NH+3 ) within the upper
water column where it can be recycled by biota, while 15N enriched sinking organic matter is
exported as faecal pellets (Checkley & Miller, 1989; Montoya et al., 2002). The contribution of
zooplankton with enriched δ15N signal (Montoya et al., 2002) should not be an issue, as all visible
zooplankton was removed from the NITEX screens prior to filtering (see method section 3.2.3).
Utilization of DON from a non-diazotrophic source by phytoplankton could also yield enriched
isotopic δ15N-PONex signal (Mahaffey et al., 2004). Lateral DON advection from productive up-
welling zone off North Africa might support ∼40% of export production in the (sub-)tropical At-
lantic (Roussenov et al., 2006; Torres-Valdes et al., 2009). The estimated horizontal DON flux
between 15◦S and 15◦N is ∼140 mmol N m−2 a−1 Roussenov et al. (2006). This would equate to
∼0.04-0.20 mmol m−2 d−1, assuming 10% (Mahaffey et al., 2004) and 50% (Roussenov et al., 2006;
Torres-Valdes et al., 2009) of the DON is semi-labile, which in the upper case is comparable to
upward vNO–3 supply from depth.
Although inconsistent, the δ15N depth variation patterns seem to be genuine (Fig. 3.7 D; Table
3.3). This was supported by similar observation of δ15N in sediment trap material collected between
50 m and 350 m depth further North of the transect (26◦N 28◦W) and later in the year (Fig. 3.7
D; S. Painter, pers. com.). Varying δ15N signals may be attributed to particle formation and
transformation processes within the water column. For instance, lower δ15N signals at 70 m depth
might be indicative of the particles formed in the ’light’ area of the water column, while enriched
signal at 170 m depth might be associated with organic matter formed at the DCM or/and nutricline
(stations 10 and 13 at 500 m depth). Export production may become isotopically depleted deeper
in the ocean interior (stations 10 and 21 at 500 m depth) either due to a loss of enriched 15N fraction
(Altabet et al., 1991; Gaye-Haake et al., 2005) or by sorption of 14N-rich compounds (Altabet, 1988;
Voss et al., 2001). Alternatively, the increased δ15N at depth (e.g. stations 16 and 19) might have
been caused by particle remineralization and preferential assimilation of 14N (Bourbonnais et al.,
2009).
Assuming that the isotopic composition of PONex was in equilibrium with N sources, a two-
member mixing model was used to quantify the potential influence of N2 fixation on δ15N-PONex.
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Due to the depletion of NO–3 concentrations in the upper waters, a negligible isotopic fractionation
was also assumed (Mahaffey et al., 2004). In Eq. 3.5, the “depleted” isotopic source (δ15N[D]) was
assigned a value of -1h, while the “enriched” one (δ15NvNO−3 ) was 6h, similar to the choice in
Mahaffey et al. (2004), Montoya et al. (2002) and Reynolds et al. (2007).




Based on the model outputs, the influence of N2 fixation on overall isotopic signature of PONex
was only significant at station 13 (10-27%), whilst at the rest of the stations enriched N sources
dominated the signal. The results are plausible given a generally small fraction of Trichodesmium
biomass within PONex, and also consistent with the highest PONTex contribution to PONex at
station 13. Station 13 was within the ITCZ during February-March period, hence was likely affected
by precipitation (Schlosser et al., 2014). Not only could rain supply low NO–3 with low δ15NO–3 of
-5.9h to -2.1h (Hastings et al., 2003), but it most certainly delivered iron, which must have
triggered some diazotrophic activity at this site (Capone et al., 1994; Carpenter et al., 2004; Moore
et al., 2009). Although at the time of sampling N2 fixation rates at this site were relatively low
compared to the rest of the transect, this discrepancy may be attributed to different integration
times scales for N2 fixation and 234Th-derived exports.
3.4.4.4 N:P stoichiometry on sinking particles as an evidence for dominant deep
water nitrate consumption
Elemental stoichiometry of exported particles can be another indicator of nutrient control of phyto-
plankton growth and export. Diazotrophic production exhibits persistently low P content relatively
to C and N, due to decreased cell P quotas (White et al., 2006). In this study, molar PON:POP
ratios of the exported matter were on average ∼18.4±3.2 mol mol−1 (Fig. 3.7 C; Table 3.3), exceed-
ing Redfield’s ratio of 16N:1P (Redfield, 1958), but fitting the range of deep NO–3 and PO3–4 (Dietze
et al., 2004). These ratios are not indicative of export and breakdown of organic matter enriched in
N by N2 fixation (Dietze et al., 2004) and/or derived from the PO3–3 depletion in the euphotic zone
due to diazotroph activity. In comparison, molar PON:POP ratios of the exported dizotroph-rich
bloom at station ALOHA in the Pacific varied from 25 to 125 mol mol−1 (Karl et al., 2001; White
et al., 2006; Karl et al., 2012). In the Sargasso sea, PON:POP ratios of exported particles are ∼30
following Trichodesmium bloom (Michaels et al., 2001; Singh et al., 2013). For Trichodesmium
specifically, N:P ratios are typically between 40-50 (Capone et al., 2005a; Letelier & Karl, 1996;
White et al., 2006). If a final molar PON:POP ratio of exported particles results from mixing typ-
ical Redfield’s and Trichodesmium ratios in equal proportions, Trichodesmium would contribute
∼6% to the average POP:PON ratio for this study.
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3.4.5 Reconciling Nitrogen Budgets in the (sub-)tropical Atlantic
The Atlantic sub-tropical waters (5-20◦N) is a region where the positive effect of N2 fixation on
POCex and PONex magnitude was expected to be well pronounced (Moore et al., 2009; Luo et al.,
2012). However, the results of this study showed that at the time of sampling estimated export
production was weakly linked to increased N2 fixation rates, partly due to recycling of diazotroph
production in the mixed layer. Chemical properties of exported particles also gave little evidence
for a significant direct contribution of diazotrophs to particle exports, and rather pointed towards
deep water NO–3 as a dominant new N source for primary and subsequently export production.
These observations were consistent with the strong positive correlation between POCex and PONex
and vNO–3 (Fig. 3.10). Nevertheless, it must be noted, that the magnitude of the 234Th-derived
POC and PON estimates, their relation to N2 fixation rates, and isotopic/stoichiometric charac-
teristics of sinking particles can be strongly influenced by the temporal variability of N2 fixation
and Trichodesmium spp. export.
Generally, N2 fixation by Trichodesmium spp. requires warm (∼24-28◦C) and relatively stable
water column, and availability of Fe and P, essential for growth. About 2.5 years of continuous
observations at the Bermuda Atlantic Time-series Study (BATS) site revealed seasonal increases
in integrated N2 fixation rates and colonial Trichodesmium abundance during summer, associated
with warm and well-stratified water column and enhanced aeolian dust supply. Other studies
conducted earlier in the year (e.g. Tyrrell et al. (2003); Voss et al. (2004); Mills et al. (2004))
found much lower N2 fixation rates and Trichodesmium abundances. In the tropical Atlantic, N2
fixation rates can be up to 7 times higher during the active upwelling period (May-September),
compared to the non-upwelling period, and are fuelled by residual PO3–4 and by a combination of
aeolian and upwelled Fe sources Subramaniam et al. (2013). Seasonal migration of ITCZ, associated
with enhanced precipitation, and thus dissolved Fe supply, induces spatio-temporal variability of
N2 fixation in the tropical Atlantic (Schlosser et al., 2014). These observations imply that the
influence of N2 fixation on the magnitude of export production could have been more pronounced
later in the year, thus not encountered at the time of water column sampling.
Changes in N2 fixation rates and Trichodesmium abundance can also be very intermittent. Tri-
chodesmium colonies often accumulate in the surface waters, forming massive and dense “blooms”
or “slicks” (Carpenter & Capone, 1992; Subramaniam et al., 1999; Westberry & Siegel, 2006).
These blooms are stochastic and swift, extending over 5×106 km2 (Carpenter & Capone, 1992;
Subramaniam et al., 1999; Westberry & Siegel, 2006), and comprising ∼1.2×107 cells L−1 (Car-
penter & Capone, 1992; Rodier & Le Borgne, 2008; Bar-Zeev et al., 2013). The rates of N2 during
such blooms can easily exceed 1 mmol m−2 d−1 (Carpenter & Capone, 1992; Berman-Frank et al.,
2007; Rodier & Le Borgne, 2008; Bergman et al., 2013). Importantly, Trichodesmium blooms may
collapse abruptly (3-5 days after forming) owing to viral lysis (Hewson et al., 2004) or autocat-
alytic programmed cell death (PCD) (Bar-Zeev et al., 2013), induced by Fe starvation or high light
stress (Bergman et al., 2013; Bar-Zeev et al., 2013). The fate and quantitative contribution of such

























































































































































































































































































































































































































































































































































86 Chapter 3. Nitrogen fixation and particle export
a Represents mean±1σ for the sampling area based on the daily integrated N2 rates at each sampled station.
b Represents mean±1σ for the sampling area based on the daily vNO–3 fluxes determined at each sampled station
(see section 2.7).
c Accounts for the double-diffusive (85±44 mmol N m−2 a−1) and internal wave induced (15±7 mmol N m−2 a−1)
vertical fluxes.
d Accounts only for a semi-labile fraction which represents ∼10% of total DON pool (Mahaffey et al., 2004).
e Based on simplified cycling and transport model for inorganic nutrients, DON and dissolved organic phosphorus.
Model assumes 50% of DON pool to be semi-labile. Alternatively, DON pool is 100% refractory and does not con-
tribute to export. Values in italics are based on the assumption that 10% of DON pool was (semi-)labile (Mahaffey
et al., 2004); otherwise, DON pool was assumed to be 50% (semi-)labile (Roussenov et al., 2006). Contribution of
semi-labile DON to export production was calculated accordingly.
e,f Derived from rain and dust samples collected during the study. Dry deposition rates represent mean values for
the study area. Wet deposition estimates are based on the average NO–3 and NH+4 concentrations from 5 sampled
rain events, assuming regional rainfall rate for the season of 6.1 mm d−1 (R.Chance, pers. com.).
g Represent mean±1σ for the sampling area based on the daily PONex at each sampled station. In italics, are mean
±1σ for Trichodesmium associated PON export (PONex).
















































































































































































































































































































































































































































































































88 Chapter 3. Nitrogen fixation and particle export
The laboratory observations by Bar-Zeev et al. (2013) demonstrated that Trichodesmium blooms
sink rapidly (> 200 m d−1), leading to efficient POC and PON export from the euphotic zone. The
time-series of deep sediment trap data (3000 m) from the centre of the North Atlantic oligotrophic
gyre (NOG), presented in Chapter 4, provide a unique direct evidence of possibly episodic and
rapid nature of Trichodesmium export to depth. Here, some well-preserved Trichodesmium tufts
were found in association with the large POC export pulse, occurring during the heigh of summer
stratification concurrently with periods of elevated atmospheric dust input. The diazotroph-origin
of the seasonally higher POC export in the summer at NOG (hence, seasonality of Trichodesmium
export) yet needs to be confirmed.
The episodic nature of Trichodesmium export may not be well captured by the steady state
234Th method, especially when using instantaneous particle collection with in-situ pumps, as the
C(N)/234Th ratios on sinking particles may not be representative of the export flux happening over
the 234Th integration period (Savoye et al., 2006; Buesseler et al., 2006). The fact that “today’s
particles may not be characteristic of yesterday’s flux” (Buesseler et al., 2006) is a general caveat
of the 234Th method, however, very important to consider in these settings because biological and
biogeochemical signature depends on the potentially episodic export of single functional type.
Considering the (sub)seasonal variability in N2 fixation and Trichodesmium export, the impor-
tance of N2 fixation in fuelling export production in the study area can only be evaluated for the
234Th integration period. For this a monthly-resolved N budget for the study area (Table 3.6, Fig.
3.13) was constructed by incorporating estimates of N sources and sinks from the present study
and from previous field and model studies in the previous area.
The N budget for the study area can be viewed as a classic box model in which the sum of N
sources supporting new production is balanced by the sum of N sink terms. Possible new N sources
include NO–3 flux, N2 fixation, atmospheric deposition (NO–3 and NH+4 ), lateral advection of NO–3,
PON, and (semi-)labile DON (Ekman transport), and eddy-induced NO–3 injection. These sources
are incorporated into autotrophic and/or bacterial biomass, and over appropriate time and space
scales would equate to the sum of downward fluxes of particulate and dissolved organic N (PONex
and DONex, respectively).
Based on the average daily 234Th-derived PONex rates for the study area and median daily
downward DON transport in the central Atlantic Ocean (Vidal et al., 1999), the estimated total
monthly N removal in the study region was ∼21.5 mmol N m−2 (Table 3.6). According to the
N budget (Table 3.6, Fig. 3.13), vNO–3 flux was the dominant new N source in the study area
sustaining 16-56 % (mean ∼30%) of total export production and ∼40% of PONex only. This sup-
ported a strong and significant correlation between vNO–3 flux and POCex and PONex magnitudes
(Fig. 3.10) observed in this study. The estimated contribution from N2 fixation ranged from 4-30%
(overall mean 20%), implying that N2 fixation was also an important term in fuelling export pro-
duction. This estimate should be viewed as an upper most value, given that only a small (<1.5%)
contribution of sinking diazotroph biomass to PONex (<1.5%). vNO–3 supply and N2 fixation alone
could not account for all export production in the area, which signified potential importance of
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other N sources, e.g. DON, in sustaining primary and export production in the study area (Table
3.6).
3.4.6 Implication for N∗
The low diazotrophic contribution to PONex and the chemical properties of exported particles
(δ15N signature and PON:POP ratios) contradict to the basin scale excess of NO–3 observed in the
subsurface waters of the study area and described by the quasi-conservative tracer N∗ (Gruber &
Sarmiento, 1997).
N∗ = NO−3 − 16 · PO3−4 + 2.9 µmol L−1 (3.6)
The N∗ anomaly on the σθ=26.7-26.9 surface (200-300 m depth) gradually switches from being
negative in the South to strongly positive in the North of the transect. A positive N∗ anomaly is
traditionally interpreted as being caused by the net addition of N by N2 fixation, specifically via rem-
ineralization of exported diazotrophic production with supra-Redfield ratios as in Trichodesmium
cells (Gruber & Sarmiento, 1997; Hansell et al., 2003). Since only a small fraction of diazotrophic
production was exported as sinking particles at the time of the survey, it is possible that positive N∗
anomalies resulted from the episodic, rapidly sinking diazotroph bloom events, which can be missed
by single samplings. The bathypelagic particle flux data (Chapter 4) show significant seasonal vari-
ability in a potential for the export of diazotroph production, which appears to occur later in the
summer, but not at the time of the upper water column measurement. It is therefore possible,
that N* anomaly of the sub-thermocline waters is generated outside the February-March study
period. N2 fixation is not the only process which can potentially result in a positive N* estimates.
For example, the excess of NO–3 relative to PO3–4 in the permanent thermocline can result from
the elemental discrimination during organic matter remineralization (Monteiro & Follows, 2012),
and advection of depleted PO3–4 waters along the isopycnals (Hansell et al., 2003). Also, small
phytoplankton, such as Prochlorococcus and Synechococcus, dominant in the sub-tropical gyres,
have high N:P ratios of 63 and 97, respectively. Thus, when exported to depth and remineralized
(Richardson & Jackson, 2007; Lomas & Moran, 2011), they would contribute to higher N* (Singh
et al., 2013). Similar effect would be expected from the atmospheric inputs (dry and wet), which
have very high N:P ratios of up to 1000 (Baker et al., 2010) and N input rate to the North Atlantic
of 40-45% that of N2 fixation (Singh et al., 2013). These are all hypotheses which await further
long-term high-frequency observation of diazotroph contribution to export production.
3.5 Summary and Conclusions
The spatial variability of 234Th-derived POC and PON exports on large sinking particles (>53µm)
in the sub-tropical Atlantic was reported. Based on the N budget, N2 fixation was an impor-
tant source of new N that could potentially support up to 30% of export production in the area.
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However, no clear relationship was established between POC and PON export magnitudes and con-
trasting N2 fixation rates. This was largely due the recycling of diazotrophic production (mainly
Trichodesmium spp.) in the euphotic zone (>90%), thus its relatively small contribution to particle
exports (<1.5%). At the time of sampling, the variations in POC and PON exports appeared to
be rather driven by upward supply of deep water NO–3, which was generally a greater new N source
term in the area compared to N2 fixation. Major utilization of deep water NO–3 by phytoplankton
was evident from the enriched stable N isotope composition of exported PON. Near-Redfield’s N:P
stoichiometry of exported particles also suggested predominantly deep water NO–3 fuelling primary
and subsequently export production in the area. Based on the N budgets, lateral DON advection
may also provide the necessary N to sustain export production, however, the significance of this
term would depend on the amount of bioavailabile faction of DON, which to present knowledge is
poorly constrained.
This study represents one of the few efforts to quantify directly the contribution of downward
flux of Trichodesmium biomass to total export production. The findings supported previous ob-
servations of sinking Trichodesmium flux being small due to its prevailing recycling in the surface
ocean (Mulholland, 2007; Thompson & Zehr, 2013). Thus, in oceanic regimes dominated by these
diazotroph species, there should be other export mechanisms that would firstly, sustain observed
N2 fixation rates while preventing the build up of the fixed N in the surface waters, and secondly,
would contribute to N∗ anomaly at the thermocline of the North Atlantic. A variety of such mech-
anisms have already been proposed and investigated through some laboratory experiments and
field observations (e.g. release of NH+4 and bioavailable DON (Glibert & Bronk, 1994), grazing
(Montoya et al., 2002), programmed cell deth (Bar-Zeev et al., 2013)). To fully understand the
workings of these mechanisms, their time scales, and impact on export production and cycling of
N and C in general would require high-frequency field campaigns for several years.
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Chapter 4
The bathypelagic particles fluxes in the centres of the North and
South Atlantic Oligotrophic Gyres
Contribution
Sediment traps at a site in the North Atlantic subtropical gyre known as NOG (Northern
oligotrophic gyre) were deployed and recovered during RRS Discovery cruises D234 and D334
by Chris Crowe and Robert MacLachlan (NMF). At the analogous site in the South Atlantic
subtropical gyre (SOG - Southern Oligotrophic gyre), sediment traps were deployed and re-
covered during AMT 18 (JCR 186), 19 (JCR 215) and 20 (JC053) research voyages on board
the RRS James Clark Ross and RRS James Cook. NMF technicians Paul Provost and Jeff
Benson undertook deployment and recovery of the traps. Chris Crowe provided above-trap
current meter data. Corinne Pebody (NOCS) prepared trap preservatives. Subsequent sample
processing (splitting, zooplankton removal, filtering, drying, weighing, and analytical analy-
ses) was performed by the author. Samples for POC and PON were prepared by the author
and measured by Annika Moje (JUB). Samples and standards for PIC analysis were prepared
by the author and analysed with the help of Matthew Cooper (NOCS). Marc Stinchcombe
(NOCS) helped with bSiO2 and POP analyses. The method for analysing minor and trace
elements in sediment trap material was adapted from the work by Chris Marsay. Prepara-
tion of the samples and standards for the trace metal analyses was performed by the author
under thorough guidance and support from Matthew Cooper, Peter Statham (NOCS) and
Chris Marsay (USC). Matthew Cooper also helped with the trace metal concentrations mea-
surements. Helen Smith (NOCS) and Richard Pearce (NOCS) helped with SEM and BSE
analyses. Modelled dust deposition data were kindly provided by Natalie Mahowald (Cor-
nell University). Historical AMT data were provided by Rob Thomas and Edward Mawji
(BODC). Richard Lampitt (NOCS), Frederic Le Moigne (NOCS), Richard Sanders (NOCS),
Peter Statham, Alex Poulton (NOCS), Alex Baker (UEA) and Patrick Martin (EOS) con-
tributed to the discussion and interpretation of the sediment trap data.
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Abstract
Particulate fluxes of organic and inorganic carbon, biogenic silica, iron and aluminium in the
cores of the North and South Atlantic ultra-Oligotrophic gyres (NOG and SOG, respectively)
were determined from the sediment trap samples deployed between November 2007-November 2009
(NOG) and May 2008-June 2010 (SOG) at 3000 m depth below the surface. NOG and SOG have
similar surface production, but are in contrasting dust deposition regimes. The bathypelagic particle
fluxes at NOG and SOG were the lowest reported for any location in the global ocean. Significant
inter-basin differences in the magnitude and composition of the bathypelagic flux were revealed.
The fluxes of all particle components were higher at NOG than at SOG. Fluxes of particulate
aluminium and iron at NOG exceeded those at SOG by one order of magnitude, clearly reflecting
different dust deposition regimes in the North and South Atlantic Ocean. Annually integrated POC
sequestration flux at NOG, where dust input is large, was twice that at SOG, where dust input is
low. Comparison of the annually integrated deep POC flux with the estimates of primary production
revealed more efficient POC sequestration at NOG compared to SOG. The mass flux composition
at both sites was dominated by calcite, which accounted for 56% at NOG and 70% at SOG. The
Al-derived lithogenic flux was the second dominant flux component at NOG (34% by mass). At
SOG, however, only 4.5% of the total mass flux was lithogenic. At both sites, the deep POC flux
was decoupled in time from seasonal variation in surface primary production. No clear seasonality
was observed in the POC sequestration flux at SOG. At NOG, the strongest POC sequestration
was during summer/early fall, when atmospheric dust input to the surface water was large. The
flux of lithogenic particles was also elevated during this period. These observations indicate that
atmospheric dust input could enhance POC sequestration in the North Atlantic oligotrophic gyre.
4.1 Introduction
4.1.1 Study sites
Our knowledge of export and sequestration particle fluxes in the oligotrophic gyres is chiefly from
field measurements at a number of time-series stations in the North Atlantic and North Pacific
subtropical gyres. Among them are the Hawaii Ocean Time-series (HOT) station ALOHA near
Hawaii; Bermuda Atlantic Time-series Study (BATS) near Bermuda and station SOHM in the Sar-
gasso Sea; the European Station for Time-series in the Ocean, Canary Islands (ESTOC) in North
West African subtropical waters; and the EUtrophic, MEsotrophic and oLIgotrophic (EUMELI-O)
station in the North-West Atlantic off the Cape Verde (Fig.4.1). Particle export flux at various loca-
tions in the Atlantic oligotrophic gyres was also estimated from 234Th:238U disequilibria during the
AMT (Thomalla et al., 2006), IOC-96 (Charette & Moran, 1999) and GEOTRACES (Pabortsava






















































































































































































94 Chapter 4. Bathypelagic particle fluxes in the Atlantic oligotrophic gyres
Since November 2007, a series of moored McLane sediment traps have been annually deployed
at 23◦46.29’N, 41◦5.77’W in the North Atlantic Oligotrophic Gyre to collect sinking particles at
3000 m below the surface. Henceforth, this mooring site is referred to as “NOG” (Fig.4.1). Similar
time-series sediment trap deployments were initiated in May 2008 at 18◦31.79’S, 25◦ 5.98’ W in the
South Atlantic Oligotrophic gyre. This site is termed “SOG” (Fig.4.1).
NOG and SOG are unique sites for particle flux studies, as they are positioned in the cores of
the subtropical gyres, thus representing carbon sequestration fluxes of truly remote, open ocean,
permanently oligotrophic environments. In contrast, at BATS, ESTOC and ALOHA, which are
proximal to the gyral boundaries or land, low productivity events have a clear seasonal signature
(McClain et al., 2004). The (bi)-annually repeated AMT line passes through both NOG and SOG,
providing some spatio-temporal context for their upper ocean biogeochemistry (Fig.4.1).
Particle collection with sediment traps at NOG and SOG is an ongoing programme. This study
is the first analysis of spatial and temporal differences in bathypelagic particle fluxes between these
two extraordinary ultra-oligotrophic locations relative to environmental forcing factors.
4.1.2 Biogeochemical environment of the Atlantic oligotrophic gyres
In this section, major surface biogeochemical characteristics of NOG and SOG are described in a
context of the North and South Atlantic subtropical gyres.
The North and South Atlantic subtropical gyres (NASG and SASG respectively) are two anti-
cyclonic circulation features. Based on the surface chlorophyll-a concentrations of <0.07 mg m−3,
the NASG is located between ∼20–40◦N and 25–75◦W, and occupies a surface area of ∼ 4×106
km2 (Polovina et al., 2008; McClain et al., 2004). The SASG extends from ∼5◦S to 30◦S and 0◦W
to 45◦W, covering a surface area of ∼ 6×106 km2 (Polovina et al., 2008; McClain et al., 2004).
4.1.2.1 Surface production and nutrient supply
Extremely clear, blue waters of the NASG and SASG are unambiguously detected by space-borne
ocean color sensors, such as SeaWiFS or MODIS (both NASA; Fig. 4.1). This extreme water clarity
in the gyral cores is chiefly attributable to low biomass, which also allows net photosynthesis to occur
to a substantial depth (Letelier & Karl, 1996; Dore et al., 2008). Surface chlorophyll-a concentration
in these areas is usually <0.06 mg m−3, which classifies them as ultra-oligotrophic (Morel et al.,
2010). Field observations suggest that carbon fixation rates are also low and comparable between
the gyres, with average daily rates of 20±8 mmol C m2 d−1 in NASG and 17±7 mmol C m2 d−1
in SASG (Poulton et al., 2006a).
The euphotic zone of the Atlantic gyres can be viewed as a classic two-layer system (Dugdale,
1967; Eppley et al., 1973; Jenkins & Goldman, 1985; Goldman, 1988), where the upper nutrient
poor/well-lit layer is separated from a nutrient rich/dimly-lit layer by a persistent pycnocline. The
upper layer accounts for most of the primary production, supported chiefly by the nutrients recycled
from organic matter in situ or by DON. Within this layer, recycling is efficient with>90% of primary
production being turned over within 3-20 days (Poulton et al., 2006a), leaving a small portion for
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export as sinking particles (Thomalla et al., 2006). The lower layer lies at the nutricline, where new
nutrient are more readily available but photosynthesis is light-limited (Dore et al., 2008; Painter
et al., 2007). The nutricline is very often found within this layer (i.e. below and separately from
the pycnocline), which suggests an important role of biological processes in determining its depth
(Poulton et al., 2006a; Maranon et al., 2003). Seasonal changes in light intensity may lead to the
nutricline ‘migration’ in the oligotrophic water column (Letelier et al., 2004; Painter et al., 2007).
Because of persistent thermal stratification of the upper waters at NASG and SASG, surface mixed
waters rarely reach the nutricline, hindering the injection of new nutrients from the deep water
(Dore et al., 2008). In such systems, additional nutrient supply via diffusive mixing and episodic
nutrient injections (e.g. mesoscale eddy activity and atmospheric deposition) are important for
sustaining primary production and exports (see Chapter 3).
4.1.2.2 Phytoplankton community structure
The phytoplankton community structure is similar between the NASG and SASG. Although small
picoplankton cells (<2 µm; e.g. Prochlorococcus and Synechococcus spp. and picoeukaryotes) dom-
inate both surface carbon fixation (50-70%) and chlorophyll-a (80-90%), the contribution of larger
nanoplankton cells (>2µm cells; e.g. prymnesiophytes, pelagophytes, small diatoms and dinoflag-
ellates) to productivity is also significant (Poulton et al., 2006a). In the subsurface chlorophyll
maximum (see below), picoplankton dominates both carbon fixation (70-90%) and chlorophyll-a
(70-90%) (Poulton et al., 2006a).
Light/nutrient layering of the water column results in highly specialised vertical and horizontal
distributions of large-cell phytoplankton (>5 µm). These communities form depth-specific layers
of taxonomically different and physiologically specialised assemblages, termed “sun” and “shade”
floras (Sournia, 1982; Longhurst & Harrison, 1989; Kemp et al., 2000). A “sun” flora forms within
the upper waters, and is sustained by either regenerated or external new nutrients (e.g. atmospheric
deposition). A “shade” flora is found within deeper layer. Very often the “shade” flora resides right
at the nutricline (Kemp et al. (2000), A. Poulton, pers. com.). To adapt to the light-limited
conditions, the “shade” flora species have developed higher cellular pigment quotas in order to
increase the efficiency of light harvesting under nutrient-replete conditions (Dore et al., 2008). In
the water column, the “shade” flora is visible as prominent deep chlorophyll maximum (DCM).
4.1.2.3 Nutrient asymmetry between the North and South Atlantic oligotrophic gyres
Despite similar surface biology, a persistent nutrient asymmetry exists between the NASG and
SASG (Mather et al., 2008; Moore et al., 2009). While the upper water column in the NASG is
depleted in both nitrate (NO−3 ) and phosphate (PO3−4 ), the SASG has relatively elevated PO3−4
concentrations in the surface waters (Fig. 4.2 F, G). This inter-basin contrast in PO3–4 level has been
attributed to N2 fixation by diazotrophs (Fig. 4.2 A, B), whose abundance is markedly enhanced in
the NASG compared to the SASG (Fig. 4.2 C). An excess in Fe supply in the NASG compared to
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Figure 4.2: Surface biogeochemistry across the Atlantic Ocean, based on the transect AMT 17
data. The figure is reproduced from Moore et al. (2009). The locations of the NOG and SOG sites
are indicated with solid vertical lines. A. Surface N2 fixation rate; B. Total and <20 µm integrated
water-column rates of N2 fixation; C. Surface Trichodesmium distribution; D. Dissolved aluminium
(DAl); E. Dissolved iron (DFe); F. NO–3 + NO–2 (DIN) and DIP (note logarithmic scale); G. P∗,
DOP∗, and TDP∗; H. N∗ at the nutricline, defined as DIN = 1 µmol L−1. For the description of G
and H see Moore et al. (2009).
SASG stimulates growth and activity of diazotrophs, which alleviate N-stress, but eventually shift
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Figure 4.3: Dust fluxes to the world ocean based on modelling studies, in situ dust
concentrations and dust deposition observations. Figure is reproduced from Jickells et al.
(2005). Locations of the NOG and SOG sediment traps are indicated with black triangles.
4.1.2.4 Dust deposition to the Atlantic gyres
Unlike the SASG, the NASG experiences strong pulses of Saharan dust deposition. The Sahara
desert is the largest natural source of airborne mineral dust into the subtropical North Atlantic
(thus, NOG) with an estimated annual source strength of 6-20 Pg yr−1. (Jickells et al., 1996;
Prospero, 1996; Baker et al., 2003; Kaufman et al., 2005; Mahowald et al., 2009) (Fig. 4.3). Saharan
mineral dust plumes moving towards the northern sub-tropical Atlantic (5-25◦N) are observed
during the whole year Moulin et al. (1997); Engelstaedter & Washington (2007). In wintertime,
the Saharan mineral dust layers spread over the North Atlantic in the lowest atmospheric layers
within 2 km in height (Kaufman et al., 2005), where dry deposition is the most efficient removal
process. In contrast, in the summer months Saharan mineral dust transport is controlled by the
African Easterly Jet, and occurs between 3 and 6 km height when the mineral dust layer is lifted
above the trade winds inversion (Chiapello et al., 1997; Schepanski et al., 2009). During this time,
dry deposition events over the ocean emerge due to sinking of mineral dust containing air masses.
The location of the dust plume is strongly controlled by the Intertropical Convergence Zone
(ITCZ), which shifts the plume from ∼5◦N in winter to ∼20◦N in summer (Moulin et al., 1997;
Neuer et al., 2004; Schlosser et al., 2014). The ITCZ also restricts the Saharan dust plume from
entering the Southern hemisphere, resulting in a ∼40 times lower dust input to the Southern
Atlantic, thus to the SOG site (<0.5 Pg yr−1) (Duce & Tindale, 1991; Prospero, 1996; Jickells
et al., 2005).
The biogeochemical importance of atmospheric deposition (wet+dry) to the open ocean is well
recognized. Dust particles, containing Fe, N and P, may provide nutrients, essential for phytoplank-
ton growth (Gao et al., 2003; Jickells et al., 2005). Also, dust may accelerate or induce sedimentation
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of organic carbon by aggregation, ballasting, and protection of organic matter (Armstrong et al.,
2001; Klaas & Archer, 2002; Engel et al., 2009a; Lee et al., 2009; Le Moigne et al., 2013a).
4.1.3 Objectives
The goal of this work is to investigate the function of the BCP in the least productive areas of the
ocean to better understand the ability of these vast provinces to sequester atmospheric CO2. This
study investigates bathypelagic particles fluxes at two sites, NOG and SOG, located in the cores of
the North and South Atlantic oligotrophic gyres, respectively. These sites have similar magnitude of
surface primary production, but are biogeochemically different due to the contrasting atmospheric
dust deposition regimes. The main hypothesis tested here is that the enhanced atmospheric dust
deposition induces a stronger and more efficient POC sequestration at NOG compared to SOG.
Here, the strength of POC sequestration is defined as the magnitude of POC flux at 3000 m depth;
the efficiency of POC sequestration indicates the proportion of the surface (net) primary production
sequestered at 3000 m depth. To address this hypothesis, the following objectives were set:
• to investigate whether differences in surface biogechemistry between NOG and SOG are trans-
lated at depth, i.e. are evident from the magnitude and composition of the bathypelagic
particle fluxes;
• to determine whether the strength and efficiency of POC sequestration differ between NOG
and SOG;
• to evaluate the links between the observed deep particle fluxes and (1) surface primary pro-
duction and (2) atmospheric dust input at the two sites;
• to investigate how higher atmospheric dust input can lead to a stronger and more efficient
POC sequestration in the oligotrophic regions;
4.1.3.1 Structure of the present study
The study is divided into two parts. In the first part (this chapter), the differences in bathypelagic
particle fluxes between the cores of the North and South Atlantic oligotrophic gyres are determined.
Here, almost a continuous 2-year records of the bathypelagic particle flux and its major components
measured with sediment traps at NOG and SOG are presented. The major particle flux components
include organic (POC and PON) and inorganic/(bio)mineral phases (PIC (CaCO3, biogenic silica
(opal) and lithogenic material). The magnitude and composition of the bathypelagic flux during the
trap deployment are examined at and compared between the two sites. The strength and efficiency
of the POC sequestration at NOG and SOG are estimated and compared. The flux observations
at NOG and SOG are then placed into a more general context by comparing the flux data from
these sites to previous flux observations in the oligotrophic environments. The temporal variability
in the bathypelagic fluxes is examined and assessed in relation to the surface primary production.
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The second part of this study (Chapter 5) investigates how higher dust deposition induces a
stronger and more efficient POC sequestration flux at NOG compared to SOG. Two hypotheses
are tested: (1) enhanced dust deposition provides additional mineral ballast that ensures faster
and more efficient POC transport to depth (ballast effect); (2) enhanced dust input temporarily
alleviates nutrient limitation, thus stimulates increase in biomass of different sort of phytoplankton
(i.e. shift in phytoplankton community), leading to a stronger POC export to depth (fertilization
effect).
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4.2 Materials and Methods
4.2.1 Sample collection
The sinking particles were collected at NOG and SOG mooring sites (Fig. 4.1, Table 4.1) using
bottom-tethered Parflux Mark 78H–21 sediment traps (McLane Research Laboratories, USA). The
traps are time-series devices: they have a single collection funnel (0.5 m−2) and a carousel with 21 ×
250 mL collection cups (HDPE, Nalgene, USA), which is rotated below the funnel on programmed
dates. The traps were attached to mooring lines with an acoustic release and a buoyancy spheres
above. Each mooring was also equipped with an Aanderaa RCM 8 current meter 15 m below the
trap recording the current speeds at 0.5 or 1 hour intervals. Traps were located 3000 m below the
surface and 2300-2515 m above the sea-floor (Table 4.1).
To prevent in situ microbial degradation and grazing by zooplankton, the collection cups
were filled with a preservative solution containing Sodium Chloride (NaCl, 5 g L−1), di-Sodium-
tetraborate (Na2B4O7 · 10 H2O, 0.25 g L−1) and 5% (v/v) formalin solution (all analytical grade
reagents) made up in the deep seawater. Upon recovery, additional 1 mL of concentrated 37 %
formalin solution was added to the cups to maintain the pH of ∼8.0-8.3. Samples were capped,
sealed with Parafilm, and stored at 4◦C until analysis.
Table 4.1: Overview of the sediment trap deployment schedule at the NOG and SOG sites.
The sampling cups were exposed to the collection cone for either 14 or 21 days.
Site and Deployment period
Deployment n cupsb
Deplt. ID Start End n days depth (m)a
NOG 23◦N 41◦W
NOG LI-A 04/11/2007 05/10/2008 336 3000 (NA) 21
NOG LV-A 23/11/2008 25/10/2009 336 3000 (1235) 20c
SOG 18◦S 25◦W
SOG LIII-A 11/05/2008 20/05/2009 374 3000 (2515) 20d
SOG LVI-A 24/05/2009 20/06/2010 392 3000 (2308) 21
a depth above the sea floor (mab) is given in parentheses.
a number of sample cups analysed.
c small ship wrecks were found in the cup LV-A-21; this sample was not analysed.
d collection period of the cup LIII-A-20 was reduced to 3 days.
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The deployment/recovery schedule for each trap is summarized in Table 4.1. The collection pe-
riod for the trap cups was programmed to either 14 or 21 days. At NOG, traps were continuously
collecting particles from 04 November 2007 to 05 October 2008 (LI-A trap), and from 23 November
2008 to 25 October 2009 (LV-A trap), covering 92% of the annual cycle. At SOG, particle collection
lasted from 11 May 2008 to 20 May 2009 (LIII-A trap) and from 24 May 2009 to 20 June 2010
(LVI-A trap), covering 102% and 107 % of the annual cycle respectively.
4.2.2 Sample processing
To ensure dust- and metal-free conditions, all sample processing was carried out in a specially-
designed laminar flow cabinet, using plastic- and glassware only.
4.2.2.1 Zooplankton (“swimmers”) removal
Swimmers are defined as the zooplankton that actively entered the sample cups, which hence do
not represent the passive particle flux from the surface ocean (Michaels et al., 1990; Buesseler et al.,
2007a).
Prior to chemical analyses of the particulate samples, swimmers were identified under stereo-
microscope (Meiji Techno, Japan) fitted with a photo-camera (Canon EOS-1000, Japan), and
carefully handpicked with teflon-coated forceps (Dumont, Switzerland) and a plastic pipette (Fisher
Scientific, UK). Picked swimmers were stored separately in 20 ml glass vials filled with original
preservative for further examination/analyses. Swimmers content was low and mainly consisted of
small intact and broken pteropod shells.
4.2.2.2 Sample splitting and filtration
After “swimmers” were removed, the preservative-sediment mixture was split into 8 equal fractions
using a custom made rotary splitter. The detailed splitting procedure is given in Appendix A.3.
The splitter effectiveness for equal sample volume distribution was good with RSDs of typically <
3%.
Depending on the intended analysis, individual preservative-particle splits were filtered onto
membranes of appropriate type, and desalinated with alkaline Milli-Q water (pH=8.1-8.3). The
types of analyses and respective filter and rinsing solution types are summarised in Table A.1 of
Appendix A.4. Sample and rise filtrates were collected, acidified and stored for further analysis.
4.2.2.3 Dry weight
The dry weight of the samples was determined by individually weighing filtered splits multiple
times on a Sartorius ME micro-balance with a precision of ±1 µg. The detailed weighing procedure
is described in Appendix B.2. The weighing accuracy was typically <1% for the the whole data
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series. Variations in the dry weights of filtered splits was typically between 10-12 % (RDS). The
mass flux was determined from the average dry weights of the filtered splits per sample cup.
4.2.2.4 Elemental analyses
All elemental analyses were performed singly on filtered, dried and weighed sample splits. The
mean RSDs of each measurement was applied as a measurement uncertainty. The filtered splits
were used for determination of fluxes of the major, minor and trace components of sinking particles,
namely:
• particulate organic carbon (POC) and nitrogen (PON)
• particulate inorganic carbon (PIC)
• particulate organic phosphorus (POP)(not presented here)
• particulate biogenic silica (bSiO2) and opal
• particulate Al and Fe. Other minor and trace elements (P, Sr, Fe, Mg, Zn, Ba, Ti, Mn, Cu,
As, Pb, Cd, Cr, Ni, Li, V, Rb, Sc, Co, Cs, Th, U) were measured in parallel, however, they
are not presented in this study.
Section 4.2.3 briefly introduces methods followed for each of these analyses. The detailed
description of the analytical methods employed in this study are found in Appendix B.
4.2.2.5 Flux calculations
Daily fluxes (in mg m−2 d−1) were calculated for all sediment trap samples based on the known
quantity of an element in analysed split (mg), the split size of the sample, the area of sediment
trap collection opening (0.5 m−2), and the duration of particle collection (days). For example,
particulate organic carbon flux (POC flux) would be calculated as follows:






4.2.3 Analysis of major flux components
4.2.3.1 Particulate organic carbon and nitrogen (POC and PON)
POC and PON were measured in tin capsules (HEKAtech) after removing carbonate by in situ
acidification with ∼200 mL concentrated (12 mol L−1) HCl using a high-temperature combustion
technique on a CHN analyser (EURO EA CHNS-O Elemental Analyser (HEKAtech GmbH, Ger-
many)) (Appendix B.3). Procedural filter blanks were made by filtering 100 mL of borate-buffered
Milli-Q water through ashed GF/F filters, treated as samples. The median filter blank contribution
to POC signal was 2.7%.
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4.2.3.2 Particulate inorganic carbon (PIC)
Total and size-fractionated PIC was measured as Ca by ICP-OES after leaching the samples in 0.4
mol L−1 HNO3 for 24 hrs (Appendix B.4). Procedural blanks were prepared by filtering 50-100
mL of borax-buffered Milli-Q water (pH=8.1–8.3) through unused polycarbonate membranes, and
treated as samples. Procedural blanks contributed negligibly to Ca signal (typically <1%). PIC
and CaCO3 (in mg) were calculated from Ca measurements using Eq. 4.2 and Eq. 4.3, following
Marsay (2012):
PIC = (Ca/40.08)× 12.01 (4.2)
CaCO3 = (Ca/40.08)× 100.09 (4.3)
where 40.08 is the atomic mass of Ca, and 12.01 is the atomic mass of C, and 100.09 is the
molecular mass of CaCO3 .
4.2.3.3 Biogenic Silica (bSiO2)
Biogenic Silica (bSiO2) was measured as silicon (Si) on a SEAL QuAATro auto-analyser after
dissolving silica in 0.2 mol L−1 NaOH following Mortlock & Froelich (1989) and Salter (2007)
(Appendix B.5). Procedural filter blanks were prepared by filtering borax-buffered Milli-Q water
through unused polycarbonate membranes, and treated as samples. The contribution of procedural
blanks to the sample signal was small (median 3.1%). Four duplicate splits were also analysed (all
from LI-A trap deployment). Most of the duplicates had RSDs of <10 %. The instrument Si
concentrations data (in µmol L−1) were first converted into a mass of Si mobilised into solution
from the sample. Assuming that all mobilised Si was biogenic in origin, Si (µg) were converted
into bSiO2 using the Equation 4.4. Also assuming that opal produced by diatoms has a relatively
constant water content of ∼10 %, the opal content (µg) was calculated using the Eq. 4.5, following
Marsay (2012).
bSiO2 = Si× 60.08/28.09 (4.4)
Opal = Si× 67.29/28.09 (4.5)
where Si = 28.09 is the atomic weight, 60.08 is the molecular weight of SiO2, and 67.29 is the
the molecular weight of diatomaceous opal (SiO2·0.4 H2O).
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4.2.3.4 Particulate Aluminium (Al) and Iron (Fe)
In this study soluble and refractory fractions of aluminium (Al) and iron (Fe) were determined. The
soluble fraction (also known as “labile” or “biogenic”) comprises Al and Fe which are weakly sorbed
onto organic matter and associated with carbonates and amorphous hydroxide minerals (Planquette
et al., 2011). The “refractory” or “lithogenic” fraction is associated with aluminosilicates and
crystalline Fe oxyhydroxides. The total concentrations of Al and Fe were determined as a sum of
soluble and refractory fractions.
There is no universally accepted technique for determining the soluble and refractory particulate
fractions of trace metals. In this study, a two-step analysis procedure following Planquette et al.
(2011) and Marsay (2012) was employed. Detailed procedure is given in Appendix B.7.
Step 1 involved extraction of the soluble metal fraction by subjecting samples to 25% (v/v)
acetic acid (HAc) leach at room temperature for 2 hours. The leachates were isolated with an auto-
pipette, acidified with concentrated sub-boiled HNO3, and evaporated to complete dryness. The
residues were gravimetrically redissolved in 2 mL of 3% (v/v) sub-boiled distilled HNO3 containing
5 ppb indium/rhenium (In/Re) and 20 ppb beryllium (Be) internal standards (‘Inorganic Ventures”,
USA).
Step 2 involved a complete digestion of the remaining (refractory) fraction in a mixture of
concentrated super-pure hydrofluoric acid (HF) and sub-boiled HNO3 at 130 ◦C. Following complete
evaporation, sample residues were digested with 1.5 mL of sub-boiled HNO3 only, and again taken
to dryness. The residues were brought into solution by gravimetric addition of 2 mL of 3% (v/v)
sub-boiled distilled HNO3 containing 5 ppb indium/rhenium (In/Re) and 20 ppb beryllium (Be)
internal standards (‘Inorganic Ventures”, USA).
Concentrated leachates and the refractory digests were held until analysis in pre-weighed acid
washed LDPE vials. Prior to analysis, samples were diluted gravimetrically with 3% (v/v) sub-
boiled distilled HNO3 containing 5 ppb indium/rhenium (In/Re) and 20 ppb beryllium (Be) internal
standards.
Each sample set included blank reagent acid mixtures (for both leach and digestion steps) and
procedural blank filters (25 mm Nucleopore membranes) which were put though the same leaching
and digestion procedures as the samples.
Concentrations of Al, Fe, and other minor and trace elements (24Mg, 27Al, 31P, 45Sc, 47Ti, 51V,
52Cr, 55Mn, 56Fe, 59Co, 60Ni, 65Cu, 66Zn, 75As, 85Rb, 86Sr, 111Cd, 133Cs, 137Ba, 208Pb, 232Th, and
238U) were determined by high resolution inductively coupled plasma mass spectrometry (Thermo
Fisher Scientific, X-Series, Bremen, Germany).
Contribution from dilution acid, reagent acid mixtures and filters to the Al and Fe signals was
negligible (Table B.2 in Appendix B).
Samples were analysed along with a series of synthetic multi-elemental standards prepared
gravimetrically from certified single-element solutions (“Inorganic Ventures”, USA), with the 3%
HNO3 with 5 ppb In/Re and 20 ppb Be as dilution matrix.
A least two standard reference materials (SRMs) were analysed alongside each sample set (usu-
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ally 20 samples) to determine accuracy and precision of the digestion method. To cover the range of
organic, lithogenic and anthropogenic source materials, the following CRMs were used: (1) marine
sediment HISS-1, (2) lobster hepatopancreas TORT-2 (both NCR-CNRC, Canada), (3) tomato
leaves NIST 1573a, and (4) urban particulate matter NIST 1648a (both NIST, USA). The CRMs
recovery results for Al and Fe are given in Table B.3.
Table 4.2: Quality control results of replicate analyses of particulate Fe and Al in standard
reference materials (SRMs). The recovery of Fe and Al in SRM is given in % values.
Number of replicates is given in parentheses.
Element
% Recovery in SRM
TORT-2 HISS-1 NIST-1648a NIST-1573a
Fe 88.5±7.4 (5) 96.5±9.5 (8) 96.4± 9.3 (5) 108.8±6.1(6)
Al NA 97.3±5.4 (8) 100.9±8.7 (5) 104.1±13.7 (6)
4.2.3.5 Lithogenic flux
In this study, lithogenic flux refers to aluminosilicate clay material, originated from the wind-borne
mineral aerosol particles and captured by sediment traps. The lithogenic content of the NOG and
SOG trap material was derived from the measured total aluminium (Al) concentrations, assuming
a source specific Al content of clays by mass (see section 4.3.5).
4.2.4 Scanning electron microscopy
1 mL aliquots of the fine size-fraction (<30µm) particle-preservative solution (Appendix B.4.2)
were filtered onto 25 mm polycarbonate membranes (0.4 µm pore-size; Whatmann). Squares were
sliced out from each filter and mounted onto 25 mm aluminium stubs covered with an adhesive
carbon coating. The samples were then coated with 20 nm of gold using a Hummer VI-A gold
sputter coater. Images were obtained using a Leo 1450VP Scanning electron microscope.
4.2.5 Remote Sensing Data
Ocean color data from the Moderate Resolution Imaging Spectroradiometer (MODIS) sensor of
NASA’s Aqua satellite were used to examine the inter-basin and temporal variability in sea-surface
temperature (SST), photosynthetically available radiation (PAR), chlorophyll-a concentrations
(Chl-a), depth of euphotic zone (Euz), and atmospheric optical depth at 550nm nm wavelength
(AOD), and atmospheric optical thickness at 869 nm wavelength (AOT).
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The Tropical Rainfall Measuring Mission (TRMM) data were used to obtain daily averaged
rainfall rates at the two sites. The MODIS-A standard products and the TRMM data were obtained
and analysed from the Giovanni on-line data system, developed and maintained by the NASA GES
DISC (http://disc.sci.gsfc.nasa.gov/giovanni)(Acker & Leptoukh, 2007).
Most of the satellite standard products used in this study represent 8-day composites, averaged
over a 3◦ × 3◦ area centred over each sediment trap position. MODIS AOD and TRMM rainfall
are daily data averaged over the same spatial grid.
A similar temporal and spatial grid was applied to the integrated net primary production
(NPP) estimates obtained from the Vertically Generalized Production Model (VGPM, Behren-
feld & Falkowski (1997a)). The model utilized MODIS chlorophyll-a and SST data, SeaWiFS
photosynthetically available radiation (PAR) and the depth of the euphotic zone as a function of
chlorophyll. The 8-day average NPP data were downloaded from the Ocean Productivity web site
(http://www.science.oregonstate.edu/ocean.productivity/).
Table 4.3: Particle size distribution and estimated deposition velocities implemented to
model atmospheric dust deposition flux at NOG and SOG. Information provided by N.
Mahowald (pers. com.)
Size class







4.2.6 Atmospheric dust deposition
The remapped dust deposition model by Luo et al. (2003) and Mahowald et al. (2003) was used to
estimate the dust deposition flux at NOG and SOG over the study period. The remapped model
assumes the particle size distribution in dust based on (Kok et al., 2012). The dust was modelled in
four bins, covering a size distribution range of 0.1 to 10 µm, following Zender et al. (2003). The dry
deposition velocities were calculated following Zender et al. (2003) and Seinfeld & Pandis (2012).
The summary of the modelled dust size classes and their corresponding deposition velocities (vd)
are given in Table 4.3.





4.3.1 Visualizing particle flux at NOG and SOG: Stereo and scanning electron
microscope (SEM) imaging
Prior to sample splitting and chemical analyses, the sinking material was examined qualitatively
under a stereo microscope. Particles collected in the NOG and SOG sediment traps consisted
of amorphous aggregated organic particles of various sizes and morphologies. The ’fluff’ material
from both sites was generally fine in size (<100 µm) and easily breakable when handling it with a
pipette or tweezers. Occasionally, large dense lumps of organic matter were found (Fig.4.4 A,B).
Such lumps or organic matter often had pteropod shells entrained in them (e.g. shells of Styliola
spp., Clio spp, Hyalocyclis spp.).
Large dense aggregates were frequently present in the NOG samples from August to October in
2008, and dominated the flux through the same period in 2009. Some spherical gelatinous material
was abundant in the SOG cups from June 2008 January and May 2009, and January 2010 (Fig.4.4
C). The origin of this material was uncertain. Various faecal pellets were frequent in the cups from
both sites. Some were more than 1000 µm in length (Fig.4.4 E-I). No zooplankton species that
could produce such pellets were found in the respective cups. Therefore, the pellets entered the
traps by passive sinking.
Some well preserved Acantharian cysts were identified in the NOG samples from May and
September 2009, and the SOG samples from June 2008 (Fig.4.4 N-O). The large Trichodesmium
spp. tufts (>1000 µm) in the NOG cups from September 2009 were a unique discovery for the
whole sample set (Fig.4.4 R).
Both the NOG and SOG cups contained foraminiferal shells of various sizes (100-1000 µm), ages
(juvenile and adult) and conditions (whole, broken or fragmented; Fig.4.4 J-K). Radiolarians shells
were also found in the cups at both sites (Fig. 4.4L,Q). They often appeared as complexes consisting
of several joined radiolarian shells (Fig.4.4 L), and even as whole densely packed aggregates (e.g.
in the NOG cups from June and July 2009, Fig.4.4M).
SEM imaging analysis of the fine particle fraction (<30 µm) revealed a reach diversity of coc-
coliths in the NOG and SOG samples (Figures 4.5 and 4.6). The liths of at least 25 different
cocolithophore species were identified from the SEM images (Table 4.4). Remarkable was the
abundance of the calcifying dinoflagellate Thoracosphaera heimii (Fig.4.5 E1, Fig. 4.6 B1) in both
NOG and SOG trap material. The liths of calcite-rich Braarusosphaera bigelowii were found exclu-
sively in the SOG samples (Fig.4.5 B1). At both sites, most of the identified coccolithophore species
were typical for lower and sub-euphotic zone (A. Poulton, pers. comm., Table 4.4), signifying the
importance of the particle formation in and export from the DCM. The frustules of centric and
pennate diatoms, e.g. Asterolampra spp., Coscinodiscus spp., Nitzscia spp. were also identified in
the <30 µm fraction of sinking material from both sites (Fig.4.5 C,F and Fig. 4.6 C,F).
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Table 4.4: Coccolithophore and diatom species identified in the fine fraction (<30 µm ) of NOG and SOG
bulk particle flux. This is supporting table for SEM images presented in Figures 4.5 and 4.6. Zone refers to the
location in the water column where the given species (coccolithophores only) are considered to be the most abundant
: UEZ=Upper Euphotic Zone, LEZ=Lower Euphotic Zone, SEZ=Sub-Euphotic Zone (A. Poulton, pers. comm.).
Question mark indicates that the species is rare and very little information is known about its vertical distribution in
the water column.
Figure 4.5 ID Species Zone Figure 4.6 Species Zone
A 1 Florisphaera profunda SEZ A. 1 Thoracosphaera hemii LEZ/SEZ
2 Gladiolithus spp UEZ 2 Oolithus spp. LEZ
3 Umbellospherea spp. LEZ
4 Rhabdosphaera clavigera LEZ
5 Helicosphera carteri LEZ
6 Calciosolinia spp. LEZ
7 Emiliania huxleyi UEZ/LEZ
8 Umbilicosphaera sibogae ?
B Braarusosphaera bigelowii ? B. 1 Scyphospaera apstenii LEZ
2 Umbellospherea spp. LEZ
C. 1 Asteromphalus marylandica C. 1 Nitzscia bicapitata
2 Coronospherea spp. ? 2 Calcidiscus leptoporus ?
3 Pontospherea spp. ? 3 Haystae perplexa SEZ
4 Ceratolithus spp ? 4 Umbellospherae irregularis UEZ
D. 1 Pennate diatom D. 1 Pontospherea spp. ?
2 Helicospherae spp. LEZ 2 Rabdospherae spp. LEZ
3 Gladiolithus spp. SEZ 3 Scyphospaera apstenii LEZ
4 Umbellospherea spp. UEZ 4 Umbilicosphaera sibogae ?
5 Syracosphaera pulchra LEZ
6 Umbelloespherea spp. SEZ
7 Haystae perplexa. SEZ
8 Oolithus spp. LEZ
9 Calcidiscus leptoporus ?
10 Umbilicosphaera sibogae ?
E. 1 Thoracosphaera hemii LEZ E. 1 Discospherae tubiferae LEZ
2 Emiliania huxleyi UEZ/LEZ 2 Florisphaera profunda SEZ
3 Florisphaera profunda SEZ 3 Gladiolithus spp UEZ
F. Asterolampra spp. F. 1 Asteromphalus arachne
2 Calciosolinia spp LEZ
109


























Figure 4.5: SEM images of the fine (bio)mineral fraction (<30 µm ) from NOG and SOG.























Figure 4.6: SEM images of the fine (bio)mineral fraction (<30 µm ) from NOG and SOG.
Plate II. Identified coccolithophore and diatom species are listed in Table 4.4
.
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Figure 4.7: Annual cycle of mixed layer depth at NOG and SOG based on the observations
within 3◦ × 3◦ box centred around each mooring position. The MLD was derived from
the ARGO based climatology of Hosoda et al. (2010) and defined as 0.03 kg m−3 density
change relative to the in situ density at 10 m. Error bars represent standard deviation
(±1σ) of the areal mean.
4.3.2 Surface ocean context
Based on ARGO float data, the winter mixing at NOG and SOG is relatively weak (Fig. 4.7).
Here, mixed layer depth was defined as 0.03 kg m−3 density change relative to the in situ density
at 10 m. At NOG, the mixed layer deepens progressively from November, reaching a maximum
depth of ∼100 m in February/March. A strong stratification persists during late spring/summer
with mixed layer reaching 25–50 m depth between April and September. At SOG, winter mixing
occurs to 100-150 m during late winter/early spring, with the mixed layer shallowing rapidly during



































































































































































Figure 4.8: Surface ocean and meteorological conditions at NOG and SOG sites. The MODIS-A 9 km 8-day composites
of (A) sea-surface temperature (SST), (B) daily surface photosynthetically available radiation (PAR), (C) surface chlorophyll
(Chl-a), (D) euphotic depth (Euz), and (F) atmospheric optical thickness at 869 nm wavelength (AOT) were averaged
over 3◦ × 3◦ area above the respective mooring. (E) Integrated net primary production was calculated using standard
algorithm by Behrenfeld & Falkowski (1997a) (VGPM model) and averaged over the same spatial and temporal grid. (G)
The monthly dust deposition rates were obtained from dust deposition model by Mahowald et al. (2003) (here, note greater
scale for the NOG site).
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Table 4.5: Physical and biological conditions within the cores of the North and South
Atlantic oligotrophic gyres (NOG and SOG). Values show min-max range; mean values are
in parentheses (except water masses).
Variable Unit NOG SOG
Provincea NASG SASG
Water massb WNACW (<500 m) SACW (<500 m)
WASIW (500-1500 m) AAIW (500-1500 m)
NADW (>1500m) AABW (>1500)
SSTc ◦C 22.5-27.1 (25.7) 22.7-28.2 (25.4)
Mixed layer depthd m 23-82 29-121
Nutricline depthe m >100 >120
Primary Production(PP)f mg C m−2 d−1 240±96 204±84
PP VGPMg mg C m−2 d−1 113-277(181) 78-209 (134)
Chl-a (Surf) h mg m−3 0.03-0.08 (0.045) 0.02-0.05 (0.035)
Chl-a (DCM) h mg m−3 0.08-0.59 (0.29) 0.12-0.64 (0.25)
Dust depositioni mg m−2 d−1 0.27-34 (10.3) 0.03-0.27 (0.12)
a Longhurst (1995)
b WNACW - West North Atlantic Central Water; SACW - South Atlantic Central Water; WASIW - Western Atlantic Subarctic Intermediate
Water; AAIW - Atlantic Intermediate Water; NADW - North Atlantic Deep Water; AABW - Antarctic Bottom Water (Emery & Meincke, 1986).
c MODIS-A
dARGO float climatology by Hosoda et al. (2010).
e NO–3 + NO
–
2 > 1 µmol L
−1 (Source: AMT/BOCD)
f 14C measurements during AMT 12–15; integrated to the depth of the euphotic zone defined as 1% surface irradiance (Poulton et al., 2006a).
g Algorithm by Behrenfeld & Falkowski (1997b).
h from CTD bottle measurements; filter pore size >0.2 µm (Data source: AMT/BOCD).
i remapped dust deposition model by Luo et al. (2003) and Mahowald et al. (2003); see section 4.2.5 for details.
Surface Chl-a concentrations (Fig. 4.8 C) at NOG and SOG were minimal compared to the
mean value of 0.193 mg m−3 estimated for the open global ocean (Wang et al., 2005)). Surface Chl-
a at these sites was also notably lower than at other oligotrophic time-series stations, e.g. at BATS
(0.11 mg m−3 in Helmke et al. (2010)) and ALOHA (0.18 mg m−3 in Behrenfeld & Boss (2003)). At
NOG, the seasonal pattern in Chl-a was almost sinusoidal in shape with reoccurring winter/spring
maxima between December and March (0.06-0.08 mg m−3) and summer/fall minima between April
and September (∼0.04 mg m−3). At SOG, Chl-a concentration remained low throughout most of
the year (<0.04 mg m−3), reaching the highest concentrations in austral winter (∼0.06 mg m−3).
At both sites, seasonal Chl-a maxima were associated with decreasing daily irradiance (Fig. 4.8
B), surface water cooling (Fig. 4.8 A), deepening of the MLD (Fig. 4.7).
Annually averaged Chl-a concentrations were similar between NOG and SOG
(0.045 ± 0.015 mg m−3 and 0.035±0.011 mg m−3, respectively), although during the winter/spring
“bloom” period the Chl-a concentrations at NOG were consistently higher than those at SOG (Fig.
4.8 C).
















Figure 4.9: Time series of horizontal flow velocities above the NOG and SOG sediment
traps. The data have been smoothed by a one day (24 or 48 points) sample running mean.
The current meter data for the 2009–2010 deployment were not available. The solid black
line indicates the ‘critical’ flow velocity of 12 cm s−1 above which the particle collection
might be hydrodynamically biased (Baker et al., 1988).
that at SOG (Fig. 4.8 E, Table 4.5).
Cloud cover, represented by satellite-derived Atmospheric Optical Thickness (AOT) at 869 nm
wavelength, at NOG was usually the largest in January/February and between August and Novem-
ber, and was associated with elevated dust deposition during those months (>20 mg m−2 d−1) (Fig.
4.8 F,G). No obvious seasonal AOT and dust deposition pattern has been observed at SOG. Mean
monthly dust deposition rates at NOG exceeded that at SOG by one order of magnitude (Fig. 4.8
F,G; Table 4.5).
4.3.3 Subsurface context: horizontal flow above the traps
Time-series of horizontal flow velocities above the NOG and SOG traps are shown in Figure 4.9.
The horizontal flow above the NOG trap was relatively slow (<7 cm s−1) with mean and median
values of 3.9 cm s−1 and 3.7 cm s−1 during the 2007-2008 deployment, and 2.04 cm s−1 and 1.8 cm
s−1 during 2008-2009, respectively (Fig.4.9 A). At SOG, the above-trap horizontal flow velocities
ranged from 1.4 to 9.5 cm s−1, with mean and median values of 4.3 cm s−1 and 4.6 cm s−1,
respectively. Unfortunately, current meter battery failure precluded reliable data collection for the
second year of trap deployment at SOG.
At both sites, the horizontal flow velocities were below 12 cm s−1, identified as a “critical” flow
velocity, above which particle collection into traps is considered to be hydrodynamically biased
(Baker et al., 1988).
The spatial distribution of horizontal flow trajectories at 3000 m depth relative to the NOG and
SOG traps is shown in Figure 4.10. This representation was obtained by connecting starting points
of individual flow trajectories for each sampling time step (30 or 60 min). Each trajectory show the
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Figure 4.10: Horizontal flow trajectories above the NOG and SOG sediment traps. The
trajectories were calculated from the north and east components of the above-trap flow
velocity. The individual trajectories were connected at their starting points at each sampling
step. Therefore, all trajectories end at the position of the trap (yellow triangle) and their
starting points represent the most probable origin of the flow (black arrow).
most probable horizontal flow field at a given time. Therefore, all trajectories end at the position
of the respective trap (yellow triangle), and their starting points represent the most probable origin
of the water mass (black arrows). The trajectories exhibited a prevailing north (NOG 2007-2008)
and north-west (NOG 2008–2009 and SOG 2008-2009 deployments) origin of the horizontal flow.
Between November 2007 and March 2008, the currents in the vicinity of the NOG trap were flowing
from the North-East. The flow trajectories predicted the origin of the water masses to be as far as
300 km at SOG and 200 km at NOG.
4.3.4 Time-series of bathypelagic particle flux
This section presents almost consecutive 2-year record (Table 4.6) of downward mass fluxes and
major (POC, PON, PIC, bSiO2, lithogenic) and minor (Al and Fe) flux components at NOG and
SOG. The flux data are shown as a series of step plots, with each step corresponding to 14 or
21 days of sample collection period. Temporal variations in the percentage contribution of major
flux components to mass flux are also presented. Additionally, relationships between mass flux
and major flux constituents are presented and examined. Finally, temporal variations in selected
elemental stoichiometry of the NOG and SOG trap material are presented and investigated.
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Table 4.6: Average particle fluxes, flux composition, and flux ratios at NOG and SOG. Lithogenic flux at NOG
was estimated from 7.1% Al content in Saharan dust (Guieu et al., 2002), and from 7.7% Al content in Patagonian
dust (Gaiero et al., 2003) for SOG samples (section 4.3.5) . All fluxes are in mg m−2 d−1, except pAlt and pFet (both
total) and pFes (soluble fraction) fluxes which are in µg m−2 d−1; all flux ratios are in mol mol−1, except pAlt:POC
and pFet:POC and pFes:POC which are in mmol mol−1. Each period represents duration of trap deployment. Error
represents one standard deviation from the mean (±1σ)
Variable
NOG SOG
2007-2008 2008-2009 All 2008-2009 2009-2010 All
Average Flux (unit mass m−2 d−1)
Mass 24.1±6.2 25.8±4.9 24.9±5.7 12.8±4.4 11.6±3.04 11.9±3.8
PON 0.12±0.04 0.13±0.06 0.12±0.05 0.06±0.02 0.05±0.01 0.05±0.02
POC 1.00±0.31 1.12±0.53 1.06±0.43 0.52±0.19 0.46±0.15 0.49±0.17
bSiO2 0.44±0.2 0.56±0.19 0.50±0.20 0.41±0.13 0.27±0.07 0.34±0.12
Opal 0.49±0.22 0.62±0.21 0.56±0.22 0.46±0.14 0.3±0.08 0.38±0.14
PIC 1.54±0.46 1.71±0.64 1.62±0.55 1.03±0.38 0.95±0.31 0.99±0.34
CaCO3 12.9±3.83 14.2±5.31 13.53±4.6 8.57±3.19 7.95±2.59 8.25±2.87
Lithogenic 8.88±2.5 8.23±1.7 8.56±2.1 0.64±0.23 0.49±0.18 0.56±0.22
pAlt 630±177 584±120 608±152 49.3±17.7 37.4±13.8 43.03±16.7
pFet 334±96 312±68 323±83 33.7±11.9 29.9±10.1 31.7±11.1
pFes 9.61±2.65 6.18±1.39 7.93±2.73 3.60±2.03 3.40±1.57 3.50±1.78
Average content (% by mass)
POC 4.10±0.77 4.19±1.08 4.2±0.97 4.21±1.08 4.11±0.86 4.16±0.94
bSiO2 1.77±0.58 2.13±0.45 1.96±0.54 3.3±0.63 2.46±0.34 2.86±0.66
Opal 1.98±0.65 2.39±0.5 2.19±0.6 3.7±0.71 2.76±0.38 3.21±0.74
PIC 6.42±0.83 6.55±1.45 6.48±1.15 7.92±1.33 8.51±0.93 8.24±1.15
CaCO3 53.5±6.88 54.6±12.1 54.0±9.6 66.0±11.1 71.0±7.73 68.7±9.6
Lithogenic 36.9±4.4 32.2±5.6 34.6±5.5 4.96±0.52 4.29±0.74 4.60±0.72
Average flux ratios (mol mol−1)
POC:PON 9.85±0.48 10.14±1.09 9.99±0.83 10.04±0.84 10.7±0.93 10.4±0.95
POC:PIC 0.65±0.13 0.67±0.26 0.67±0.21 0.55±0.19 0.49±0.11 0.52±0.15
Si:POC 0.09±0.03 0.11±0.03 0.1±0.03 0.17±0.05 0.12±0.03 0.14±0.04
pAlt:POC 289±70 259±78 275±75 43.1±12.8 36.8±8.69 39.8±11.2
pFet:POC 74±18 67±21 71±20 14.39±4.46 14.6±4.64 14.5±4.5
pFes:POC 2.20±0.67 1.34±0.48 1.80±0.72 1.59±1.01 1.80±1.21 14.5±4.5
Fet:pAlt 0.26±0.01 0.26±0.01 0.26±0.01 0.34±0.04 0.41±0.13 0.37±0.1
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For all the time-series plots, the y-axis for the SOG data was shifted by half a year to allow
easier visual comparison of seasonal variation of the fluxes between the sites. The summary of the
flux data for each trap collection cup is given in Table C.3 of Appendix C.4. The summary of the
selected elemental stoichiometry of the flux for each trap collection cup is provided in Table C.4 of
Appendix C.4.
4.3.4.1 Total mass fluxes at 3000 m depth
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Figure 4.11: Time-series of daily total particle mass fluxes to NOG (blue) and SOG (red)
sediment traps. Mass fluxes into each cup represent average values of all filtered and
weighed split samples (n=6). Error bars indicate one standard deviation from the mean
(±1σ).
The average daily mass flux over the entire measurement period was ∼25 mg m−2 d−1. An
elevated particle sedimentation event occurred around January 2008 (∼30 mg m−2 d−1), followed
by another high particle flux event around July (∼33 mg m−2 d−1). In 2009, a prominent high
particle sedimentation event occurred between August and October, with mass fluxes reaching ∼40
mg m−2 d−1. Excluding the lowest mass fluxes at the start of the trap deployment in 2007, the
lowest fluxes were measured in March of both deployment years (∼15 mg m−2 d−1).
At SOG, the total mass fluxes ranged from 2.7 to 20 mg m−2 d−1, with a mean value of 12
mg m−2 d−1 for the whole particle collection period. Temporal variability in fluxes was weak. The
bulk mass flux remained within 10-17 mg m−2 d−1 throughout most of 2008, with a maximum flux
of ∼ 20 mg m−2 d−1 measured in November 2008. A peak of a similar magnitude reoccurred at
this site in December 2009.
During 2007-2010, the total particle mass flux to the NOG trap was on average twice that at
SOG (Table 4.6). For individual collection periods (14 or 21 days), total particle mass fluxes at
NOG exceeded those at SOG by nearly a factor of 4 (e.g. April-June 2008 and August-September
2009). On a few occasions ( e.g. in boreal spring 2009), the mass fluxes at both sites were similar.
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4.3.4.2 Particulate organic carbon and nitrogen (POC and PON) fluxes
At NOG, the POC flux (Fig.4.12) ranged from 0.4 to 2.7 mg C m−2 d−1 with an average of ∼1.1
mg C m−2 d−1 over the whole study period. An intermediate, clear peak in POC flux occurred in
January 2008 (∼1.1 mg C m−2 d−1). In March 2008, POC flux dropped to its minimum value of
∼0.5 mg C m−2 d−1, and then started steadily increasing until it reached its maximum in August–
September 2008 (∼1.5 mg C m−2 d−1). During boreal winter–spring 2009, POC fluxes showed some
minor fluctuations, but generally remained close to the average value. POC flux started escalating
around June 2009, resulting in a prominent POC sedimentation event observed between August
and September (2.7 mg C m−2 d−1). This POC flux peak was about 2-fold higher than the flux
maxima measured in the preceding year, and contributed ∼25% of the annual POC flux to depth.
The average daily POC fluxes were almost identical when compared inter-annually (Table 4.6).
At SOG, the POC flux was < 1.0 mg C m−2 d−1 during the entire study period. The overall
mean and median values were centred around 0.5 mg C m−2 d−1, half that at NOG. Similar sized
POC flux maxima (0.95 mg C m−2 d−1) were measured in November 2008 and December 2009,






















































Figure 4.12: Time series of POC flux (mg m−2 d−1) and its contribution (%) to total
particle mass flux at NOG and SOG. Error bars indicate one standard deviation (±1σ).
These peaks marked a transition between the austral winter/spring POC fluxes (<0.5 mg C
m−2 d−1) and the slightly higher summer/fall fluxes (>0.5 mg C m−2 d−1). During the low POC
flux period, POC fluxes at SOG were between 2 to 4 times less than those at NOG. Similarly to
NOG, there was no significant inter-annual difference between the average daily POC fluxes at
SOG (Table 4.6).
At both particle collection sites, the PON fluxes (not shown) tightly correlated with POC fluxes
(Spearman’s ρ >0.95, p<0.001), and therefore showed similar variability. Molar POC:PON ratios
at NOG and SOG sites had similar ranges (8–14 mol mol−1) and almost identical overall mean of
119
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R2=0.62, p<0.001 (All data)
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Figure 4.13: Daily POC flux vs. daily total particle mass flux at NOG (A) and SOG (B).
Solid lines are the best fit lines for all the data; dashed lines are the best fit lines for first
year of trap deployments; dotted lines are the best fit lines for the second year of trap
deployments.
∼ 10 mol mol−1, i.e. well above the canonical Redfield C:N ratio of 6.6 (Fig.4.14, Table 4.6). No
apparent seasonal trend in POC:PON ratios was observed at either sites .
POC contributed on average 4% to the total mass flux at NOG and SOG (Fig.4.12 A). At
NOG, the % POC in bulk sinking material exhibited a seasonal signature with the highest POC
contribution to the total mass flux (6-8%) being generally observed from late summer to mid-fall
(August–October). The lowest POC content of the sinking flux (∼3%) was usually measured in
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Figure 4.14: Molar POC:PON ratios of NOG and SOG samples. The associated uncer-
tainties range from 3 to 6%.
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The POC content of the SOG sinking matter ranged from 2 to 6 % during the study period.
The cups that initiated particle collection at both years of trap deployments collected material with
the highest POC content of ∼8% by mass. POC flux at both sites was well correlated with the
total mass flux for a large majority of the dataset (Fig.4.13). A linear regression between POC and
mass fluxes for the combined two-year period yielded R2=0.62 for the NOG samples, and R2=0.71
for the SOG samples (Fig.4.13 A). Inter-annually, the correlation between POC flux and total mass
flux did not change significantly for the SOG samples (Fig.4.13 B), whereas for the NOG samples
the correlation was significantly stronger during 2008-2009 collection year than during 2007-2008
period (Spearman’s ρ=0.57 with R2=0.47 in 2007-2008 and Spearman’s ρ=0.93 with R2=0.85 in
2008-2009) (Fig.4.13 A).
4.3.4.3 Particulate inorganic carbon (PIC) fluxes
At NOG, PIC fluxes (Fig.4.15) varied between 0.6 and 4.1 mg m−2 d−1 with an average of ∼1.6
mg m−2 d−1 over the whole study period (Table 4.6). The fluxes generally increased towards the
summer/fall period (June–September) during both collection years. Two prominent, but different
in magnitude, PIC flux peaks were observed in July 2008 (∼2 mg m−2 d−1) and August 2009 (∼4
mg m−2 d−1). In 2009, high PIC sedimentation occurred shortly before the POC flux maxima, and













































Figure 4.15: Time series of PIC fluxes (mg m−2 d−1) and their contribution (%) to total
particle mass fluxes at NOG and SOG. Error bars indicate one standard deviation (±1σ)
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R2 = 0.57, p<0.0001 (All data)
R2 = 0.77, p<0.0001 (2007/08)
R2 = 0.46, p=0.0005 (2008/09)
 
  









R2 = 0.85, p<0.0001 (All data)
R2 = 0.83, p<0.0001 (2008/09)
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Figure 4.16: Daily PIC flux vs. daily total particle mass flux at NOG (A) and SOG (B).
Solid lines are the best fit lines for all the data; dashed lines are the best fit lines for first
year of trap deployments; dotted lines are the best fit lines for the second year of trap
deployments.
At SOG, the daily PIC fluxes ranged from 0.2 to 2 mg m−2 d−1, being on average 40% lower than
the corresponding fluxes at NOG (Table 4.6). The lowest PIC sedimentation rates were measured at
the start of each trap deployment. The fluxes gradually increased towards austral summer months
in 2008, reaching an annual maximum of 1.7 mg m−2 d−1 in November. Another single PIC flux
peak of a similar magnitude was observed in December 2009. Unlike at NOG, the PIC flux maxima
coincided with the peaks in POC fluxes. During the rest of the 2009-2010 sampling period, PIC
fluxes did not vary much and stayed close to the overall annual average of ∼1 mg m−2 d−1.
At NOG, the PIC contribution to the total particle flux ranged from 4-11% with an average
of 6.5% and no clear temporal trend over the collection period (Fig. 4.15; Table 4.6). The bulk
particle flux had its highest PIC content (>7%) when PIC fluxes were the highest (Fig.4.15).
At SOG, the PIC contribution to total particle flux was on average 8% (range 5-11 %, Table
4.6). The highest PIC content of the sinking particles was not always associated with the highest
measured PIC fluxes. For example, the highest PIC fluxes in November 2008 (1.7 mg m−2 d−1)
and December 2009 (1.9 mg m−2 d−1) comprised ∼8% of the total downward particle flux, while
contributing the most(∼12%) in January 2009 with a flux of 1.33 mg m−2 d−1.
Size-fractionated analysis of PIC fluxes (Fig. 4.17) showed that at both NOG and SOG, cocol-
ithophores (<30 µm in size) were responsible for ∼75% of the bathypelagic PIC flux. The remaining
25% of total PIC flux was attributed to heterotrophs, such as Foraminifera spp. and occasionally
unpicked fragments of pteropods.
At both study sites, the linear regression between total mass flux and PIC flux displayed a































Figure 4.17: Size-fractionated PIC flux at NOG (A) and SOG (B). Fine fraction (<30µm)
represents coccolithophorid PIC flux; coarser fraction (>30µm) is indicative of formainiferal
and pteropodal PIC flux. Date indicates the mid-point of sample collection interval.
SOG, p<0.0001 for both sites) (Fig.4.16). There was, however, more scatter in the NOG dataset
(R2=0.57 at NOG in comparison to R2=0.89 at SOG). At NOG, the linear fit between mass and
PIC flux was poorer for 2008-2009 dataset (R2=0.46), and was chiefly a result of the large particle
export pulse in August–September 2009. At SOG, greater PIC flux variability lowered the linear
fit between mass and PIC fluxes in 2008-2009 collection year (Fig.4.16 B).
During the study period, deep POC:PIC ratios (‘rain’ ratios, in mol mol−1) at NOG ranged
from 0.5–1.4 with an overall average ratio of 0.67 (Fig. 4.18; Table 4.6). The POC:PIC ratios were
lower at SOG (0.52 mol mol−1). In fact, only seven samples from this site exceeded the ‘rain’ ratio
of 0.6, but those were not associated with the highest POC fluxes (Fig.4.18).
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Figure 4.18: Time series of molar POC:PIC ratios of NOG and SOG samples. The
associated uncertainties range from 3 to 6%.
4.3.4.4 Fluxes of Biogenic Silica (bSiO2)
The bSiO2 flux (Fig.4.19) at NOG was invariably smaller than the PIC flux (0.14-1.1 mg m−2 d−1).
The contribution of bSiO2 to total particle mass flux was small (<4%), but has a certain degree
of seasonality (Fig.4.19; Table 4.6). The sinking particles were usually richer in bSiO2 during the
summer. Although the overall temporal variation in bSiO2 flux was similar between NOG and
SOG, bSiO2 flux peaks were more intermittent at NOG, especially during 2007-2008. Two highest
bSiO2 flux events in July 2008 and August 2009 were similar in magnitude and occurred in parallel
with PIC flux peaks (Fig.4.15), but separately from the highest POC fluxes (Fig.4.12).
At SOG, the bSiO2 flux was typically between 0.1-0.6 mg m−2 d−1. The lowest flux was mea-
sured at the beginning of each trap deployment. The bSiO2 flux did not exhibit a clear temporal
pattern. Occasional bSiO2 flux peaks of similar magnitudes were observed during the whole sam-
pling period, usually coincident with the elevated PIC and POC sedimentation events.
The bSiO2 content of the bulk particle mass flux ranged from 1.9–4.3%, and had no clear
seasonal variation pattern. The bSiO2 content of the sinking matter collected in 2008–2009 (3.3 %)
was significantly higher than that from 2009-2010 (2.5%) (Mann-Whitney p>0.001).
Over the whole study period, the average bSiO2 flux was greater at NOG than that at SOG by
∼30% (Table 4.6). The differences were the most pronounced during the high flux events at NOG
in the summer 2009. During other sampling intervals, the bSiO2 flux at both sites was similarly
low.
At both sites, bSiO2 flux correlated strongly with total mass flux (Fig.4.20). Generally, there
was more variability in the NOG dataset (R2=0.48) compared to that at SOG (R2=0.61). The
linear regression fit was considerably stronger during 2008-2009 at NOG (Fig. 4.20). No significant
inter-annual difference in the association of total mass fluxes with sinking bSiO2 was determined
at SOG (Fig.4.20 B).








































   




Figure 4.19: Time series of daily bSiO2 flux (mg m−2 d−1) and its contribution (%) to




















R2 = 0.48, p<0.001 (All data)
R2 = 0.47, p<0.01 (2007/08)
R
2
 = 0.58, p<0.001 (2008/09)
 
  


















=0.61, p<0.001 (All data)
R2 =0.63, p<0.001 (2008/09)
R2 =0.69, p<0.001 (2009/10)





























Figure 4.20: Daily bSiO2 flux vs. daily total particle mass flux at NOG (A) and SOG
(B). Solid lines are the best fit lines for all the data; dashed lines are the best fit lines for
first year of trap deployments; dotted lines are the best fit lines for the second year of trap
deployments.
events, mostly fluctuating around 0.1 mol mol−1 (Fig.4.21). The overall average Si:POC ratios at
SOG were 0.14, significantly higher than those at NOG. Here, the highest Si:POC ratios of 0.2-0.3
were measured during the austral winter/early spring. For the rest of the sampling period, the
ratios remained below 0.2 (Fig.4.21).
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Figure 4.21: Molar Si:POC of NOG and SOG samples. The associated uncertainties range
from 3 to 6%.
4.3.4.5 Particulate Aluminium flux (pAlt)
In the open ocean atmospheric deposition is the major source of Aluminium (Al). Therefore, Al
is often used as a proxy for lithogenic sinking particle flux. Here the fluxes of total particulate Al
(pAlt) are presented. The total pAlt flux was calculated as a sum of the soluble and refractory Al
flux fractions (see section 4.2.3.4).
The time-series of the pAlt flux at NOG and SOG are presented in Figure 4.22.




































Figure 4.22: Time series of total particulate pAlt flux (µg m−2 d−1) to the NOG and SOG
traps. Error bars indicate one standard deviation (±1σ). Note different scales for the pAlt
fluxes at NOG and SOG.
At NOG, the deep pAlt flux ranged from 200 to 1045 µg m−2 d−1 with an overall mean of ∼608
µg m−2 d−1. The highest pAlt flux was measured in January 2008. The pAlt was elevated during
























2 = 0.54, p<0.001 (All data)
R2 = 0.77, p<0.001 (2007/08)
R2 = 0.28, p=0.06 (2008/09)
 
  


















2009/10R2 = 0.87, p<0.001 (All data)
R2 = 0.77, p<0.001 (2008/09)
R2 = 0.75, p<0.001 (2009/10)



























Figure 4.23: Daily total pAlt flux vs. daily total particle mass flux at NOG (A) and SOG
(B). Solid lines are the best fit lines for all the data; dashed lines are the best fit lines for
first year of trap deployments; dotted lines are the best fit lines for the second year of trap
deployments.
total mass flux. In the following year of particle collection, the pAlt flux was the lowest during
spring time (<530 µg m−2 d−1), and the highest in winter and fall (up to 820 µg m−2 d−1). The
moderate pAlt flux peaks in September-October 2009 were delayed with respect to the peaks in
total mass and biogenic fluxes.
At SOG, the average daily pAlt flux was 43 µg m−2 d−1, one order of magnitude lower than at
NOG. Here, the highest pAlt sedimentation events of ∼ 80 µg m−2 d−1 were measured in December
of both collection years. These peaks were concurrent with the peaks in total mass and biogenic
fluxes.
A generally strong positive correlation was observed between total mass and pAlt fluxes at both
sites (Fig.4.23). A greater variability in pAlt flux at NOG was evident from a poorer linear fit with
the mass flux compared to that at SOG (Fig.4.23). The correlation between the pAlt and total
mass fluxes during 2008–2009 collection period at NOG (Fig.4.23 A) was non-significant.
4.3.4.6 Particulate iron flux (pFe)
Total particulate iron flux (pFet) was calculated as a sum of soluble (pFes) and refractory Fe flux
fractions (section 4.2.3.4).
At NOG, the pFet flux ranged from 110 to 600 µg Fe m−2 d−1 with an overall mean of ∼320 µg
Fe m−2 d−1 (Fig.4.24 A, Table 4.6). Similarly to pAlt flux, the pFet flux at SOG was one order of
magnitude lower than at NOG (Fig.4.24 A, Table 4.6), ranging from 8 to 60 µg Fe m−2 d−1 with a
mean of ∼30 µg Fe m−2 d−1. The pFet flux at NOG was tightly coupled with pAlt flux suggesting
the same, potentially aeolian origin (Fig.4.25).
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Figure 4.24: Time series of (A) total (pFet, soluble+refractory fractions) and (B) only
soluble Fe (pFes, as fraction of pFet (in % mass)) flux to the NOG and SOG traps. Error
bars indicate one standard deviation (±1σ). Note different scales for pFet fluxes at NOG
and SOG (A).
The difference in pFes flux between the sites was also significant, although more subtle in
comparison to the difference in pFet flux (Table 4.6). At NOG, the average annual pFes flux was
∼8 µg Fe m−2 d−1, twice that at SOG. A potential seasonal signal could only be seen at SOG,
where the highest pFes occurred during austral spring. On the annual scale, the average pFes
flux at NOG dropped from ∼10 µg Fe m−2 d−1 in 2007-2008 to ∼6 µg Fe m−2 d−1 in 2008-2009,
while at SOG the pFes flux remained relatively stable during both collection periods (Table 4.6).
Remarkably, the pFes comprised considerably larger and also more variable fraction of pFet flux
(in % by mass) at SOG compared to NOG (Fig. 4.24 B, Table 4.6). The pFes content of pFet flux
at SOG was the highest during austral winter/spring, reaching up to 34% of pFet flux in August
2009, and fluctuating between 7-12% during summer/autumn in both collection years. At NOG,
the soluble fraction of pFet remained below 4% (mean 2.5%) during the entire particle collection
period (Fig. 4.24 B). The lowest pFes content of the pFet flux (0.8%) was observed in trap material





















R2 = 0.99, p<0.001 (All data)
R2 = 0.99, p<0.001 (2007/08)
R2 = 0.98, p<0.001 (2008/09)
 
  












R2 = 0.72, p<0.001 (All data)
R2 = 0.90, p<0.001 (2008/09)
R2 = 0.52, p<0.001 (2009/10)






























Figure 4.25: Daily total particulate iron flux (pFet) vs. daily total particulate aluminium
flux (pAlt) at (A) NOG and (B) SOG. Solid lines are the best fit lines for all the data;
dashed lines are the best fit lines for first year of trap deployments; dotted lines are the best
fit lines for the second year of trap deployments.
Molar pFet:POC ratios were highly variable at both sites (Fig.4.26 A, Table C.4). At NOG, the
pFet:POC ratios varied seasonally, peaking in January-March (80-115 mmol mol−1), and declining
to ∼60 mmol mol−1 towards late autumn (Fig.4.26 A). At SOG, the pFet:POC ratios were on
average five times lower than at NOG, and also had a less pronounced seasonal signal, especially
during the 2009-2010 collection period (Fig. 4.26 A).
Molar pFes:POC ratios were similar between the sites, ranging from 0.3 to 3.3 (overall mean
1.8) mmol mol−1 at NOG and 0.6 to 6.1 (overall mean 1.7) mmol mol−1 at SOG (Fig. 4.26 B, Table
C.4). The NOG pFes:POC ratios had a similar temporal variation pattern as pFet:POC ratios only
during 2007/2008 collection period. The pFes:POC ratios remained mostly below 2 mmol mol−1
during most of 2008-2008, dropping to 0.35 mmol mol−1 in August-September 2009, when POC
fluxes were the highest (Fig.4.26 B, Fig. 4.12). At SOG, the pFes:POC ratios were elevated during
the austral winter/spring, with clear peaks in August and October 2008 and January 2009. During
austral summer/autumn, the pFes:POC ratios at SOG were <2 mmol mol−1, similar to that at
NOG (Fig.4.26 B, Fig. 4.12).
4.3.5 Estimating lithogenic flux
The source of lithogenic material (here, airborne dust) is important to consider for accurate esti-
mation of the marine lithogenic flux from the Al content of dust particles. Here, molar Fe/Al ratios
of sinking particles from NOG and SOG were examined to identify potential source regions(s) of
the lithogenic matter in the traps.
The median molar Fe/Al ratio of 0.26 mol mol−1 for the NOG particles was consistent with the
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Figure 4.26: Molar Fe:POC ratios of NOG and SOG sinking material based on (A) total
(soluble+refractory) and (B) only soluble fractions of particulate Fe flux. The associated
uncertainties ranged from 3 to 6%. Note different scale for the NOG and SOG datasets
(A).
Fe/Al ratio range of 0.25–0.30 reported for Saharan dust aerosols by Guieu et al. (2002), Formenti
et al. (2003), Buck et al. (2010), and A. Baker (pers.com). Molar Fe/Al ratios at NOG also had
a strong mono-modal distribution centred at 0.26 mol mol−1, suggesting primarily Saharan origin
of the lithogenic particles (Fig. 4.27). These results are consistent with the prevailing Saharan air
mass regimes in the area reported by Mahowald et al. (2009) and Baker et al. (2010).
The molar Fe/Al ratios were more variable at SOG than at NOG, suggesting more than one
source region for lithogenic particles. The median molar Fe/Al ratio of the SOG particles was 0.34
mol mol−1, comparable to the median 0.40 Fe/Al ratio measured in aerosols from the South Atlantic
(A. Baker, pers. com.). The Fe/Al ratio distribution displayed a clear peak centred on the range
0.29–0.35 mol mol−1 (50% of the samples), with another 35% of samples having the Fe/Al ratio of
0.4-0.50. These ratios were comparable to the Fe/Al ratio range reported for Patagonian aeolian
dust (Gaiero et al., 2003). Some SOG samples had high Fe/Al ratios of 0.55 and 0.89 (Fig. 4.27),
similar to the Fe/Al ratios found in Patagonian topsoils and Hudson volcanic tephra (Gaiero et al.,
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2003). The Fe/Al ratio pattern at SOG was also comparable to the poly-modal Fe/Al distribution
of the aerosol samples collected in the South Atlantic (A. Baker, pers. com.).
Assuming that the molar Fe/Al ratios were representative of the described dust source regions,
an Al content of 7.1±0.8% typical for Saharan dust end-member (Guieu et al., 2002) was used to
derive lithogenic flux at NOG, while a mean Al content of 7.70±0.9% in Patagonian aeolian dust
(Gaiero et al., 2003) was used to estimate lithogenic flux at SOG.
Accordingly, the deep lithogenic flux at NOG ranged from 2.8 to 14.7 mg m−2 d−1 with an
overall average flux of ∼8.6 mg m−2 d−1. Consequently, lithogenic particles comprised on average
∼34% of the total particle mass flux at NOG (Table 4.6).
At SOG, the lithogenic flux was 10 times lower than at NOG, ranging from 0.12 to 1.03 mg
m−2 d−1, with a mean flux of 0.56 mg m−2 d−1. Over the whole sampling period at SOG, the
lithogenic content of the particle flux was 4.6% by mass, nearly equivalent to that of POC (4.2%)
and slightly higher than that of opal (3.2%)(Table 4.6).
























Figure 4.27: Frequency distribution (%) of molar Fe/Al ratios of sinking particles from
NOG and SOG. the range for Fe/Al ratios at NOG was 0.21-0.27 mol mol−1, and 0.29-0.89
mol mol−1 for SOG.
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4.4 Discussion
4.4.1 Assessing sediment trap performance
Knowledge of the horizontal flows in the vicinity of sediment traps provides valuable information on
the hydrodynamic conditions that can potentially compromise sample collection by either bringing
particles into or washing them out of the trap cone. Above-trap currents also point to the potential
origin of the advected water masses, and therefore, particle origin. Sediment trap ’calibration’
studies concluded that traps deployed below 1000-1500 m depth tend to collect particles reasonably
well (Scholten et al., 2001; Yu et al., 2001).
The magnitude of the currents flowing at 3000 m depth in the vicinity of the NOG and SOG
traps were overall low enough to preclude a strong hydrodynamic bias onto collection of sinking
particles. There was no obvious correlation between the downward particle fluxes and current
speeds for the NOG traps, suggesting a generally good quality of the data. Although at SOG
the speeds were also well below the ’critical’ 12 cm s−1 (Baker et al., 1988), a positive correlation
between the fluxes and the current speeds was observed during 2007-2008 (Spearman’s ρ=0.66,
R2=0.32, p=0.003), suggesting that the traps at this site might have been over-trapping. However,
given the consistency in the annual cumulative fluxes at SOG, the overall particle collection was
unlikely biased by the hydrodynamics.
Trajectories of the particles sinking to depth involve vertical as well as horizontal movements,
therefore, particles collected in the deep sediment traps represent complex integral over time and
space (Siegel & Deuser, 1997; Karl et al., 2012). Determination of the potential source area of the
particles, termed as ’statistical collection funnel’, requires information about the sinking speeds of
thousands of particles, their remineralization potential, and ocean current speeds above the traps as
a function of time and space (Siegel & Deuser, 1997). Unfortunately, most of these parameters were
not available for NOG and SOG. The very small amount of material collected in the oligotrophic
areas also precluded ’calibration’ and determination of the collection efficiency of the sediment
traps using 230Th (Scholten et al., 2001; Yu et al., 2001). Consequently, there is no method to
directly determine the collection efficiency of the traps used at NOG and SOG. Nevertheless, the
feasibility of the particle flux comparison between the sites can be supported by the similarity of
the hydrodynamic environments and identical sample preparation and treatment (e.g. the same
preservative used and swimmers removed).
Based on the horizontal flow trajectories constructed for each trap deployment (Fig. 4.10), the
water masses that reached NOG and SOG sites , and thus, the particles that were caught in the
traps, were advected from as far as 300 km away from the trap locations. Although the particle
sources may be quite distant from the particles collection sites, they would still be well within the




The flux data presented here was not corrected for particle solubilization during collection, storage
and processing. Due to a long particle collection period (∼12 months), particles in the cup would
degrade to a certain degree, releasing a certain amount of elements into the supernatant solution.
For example, elemental Si tends to ‘escape’ into the supernatant solution. Bauerfeind & Bodungen
(2006) reported that 20-30% of total deep opal flux could be found in a dissolved phase (i.e. in
the preservative). Therefore, bSiO2 flux into the NOG and SOG traps may be underestimated by
a factor of 2 at least.
Elemental Ca also did not show significant dissolution into the trap preservative. The back-
ground concentration of Ca in seawater is typically ∼400 µg mL−1. The sediment trap preservatives
had dissolved Ca content between 360 and 470 µg mL−1, whereas dissolved Ca concentration in
the unused trap preservative was between 420 and 440 µg mL−1 (depending on trap deployment).
For Fe and Al in-trap solubilization is considered to be less critical. Studies by Knauer et al.
(1984), Kuss & Kremling (1999) and Pohl et al. (2004) concluded that <95% of Fe was solubilized
in the trap cup, while for Al in-trap solubilization was negligible (<1% in Kuss & Kremling (1999)).
Hence, it was assumed that no significant correction was needed for the particulate Fe and Al fluxes
presented in this study.
4.4.3 Magnitude and composition of the downward particle flux
To compare the differences in magnitude and composition of the bathypelagic particles fluxes
between the NOG and SOG sites, daily particle fluxes were first integrated to a full annual cycle,
and then averaged between the two collection years (Fig. 4.28). Here, one annual cycle was
represented by one trap deployment period (Table 4.1).
The magnitude of the bathypelagic particle fluxes varied significantly between the sites. The
total mass flux at NOG exceeded that at SOG by a factor of two (Table 4.7).
Similarly, the annual POC sequestration flux was twice as high at NOG than at SOG (Fig
4.28, Table 4.7). This relative difference in POC flux magnitude is significantly greater than the
difference in annual integrated primary production between the sites. Based on the VGPM-derived
integrated NPP and field 14C measurements from a series of AMT cruises 1, annual integrated
primary production at SOG represents between 75-85% of the production at NOG (Table 4.7).
The POC content of total mass flux at NOG and SOG is nearly identical between the sites
(∼4%), despite the two-fold difference in the total mass and POC fluxes.
The differences in the biomineral fluxes (PIC and bSiO2) between NOG and SOG were moderate,
but significant (Fig. 4.28; Table 4.7). The annual PIC flux, mainly derived from cocolithophores,
was ∼1.5 times larger at NOG than that at SOG. CaCO3 (calculated from Eq. 4.3) dominated the
composition of settling material at both sites (Fig. 4.31, Table 4.7), signifying the importance of
coccolithophores for particle production and export to depth in the ultra-oligotrophic Atlantic.
1Daily (molar) integrated primary production rates were converted to annual mass fluxes (g m−2 d−1) using molar
weight equivalents of 12 for organic carbon, and multiplying by 365 days (Poulton et al., 2006a).
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Figure 4.28: Average annual fluxes of major and minor components of the bathypelagic
particle flux at NOG and SOG. Error bars indicate ±2σ uncertainty propagated through the
calculations.
The difference in annual bSiO2 sedimentation, indicative of diatoms, was more subtle between
the sites, with bSiO2 fluxes at SOG equating to∼80% of those at NOG (Fig. 4.28). Opal (calculated
from Eq. 4.5) was a minor flux component at both sites, constituting ∼3% of the total particle
flux, which was slightly lower than the POC content by mass (Fig. 4.31; Table 4.7).
A predominantly calcite composition of the sinking mass flux at NOG and SOG is consistent
with the data on the total phytoplankton community in the North and South Atlantic subtropical
gyres, where calcite production exceeds opal production by a factor of 30 in terms of mass (Poulton
et al., 2006b).
The difference in the lithogenic flux was the most pronounced difference between NOG and
SOG, and clearly reflected the contrasting dust deposition regimes in the North and South Atlantic
(Jickells et al., 2005; Mahowald et al., 2009). The annual lithogenic flux at SOG represented 8%
of that at NOG, consistent with the nearly an order of magnitude difference in estimated annual
atmospheric dust deposition between the sites (Fig. 4.8 G; Table 4.7).
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Compared to SOG, where the lithogenic matter was a minor mass flux component (4.8%), the
lithogenic matter was the second dominant component at NOG, accounting for 34% of the total
mass flux. The samples from NOG also demonstrated a nearly 10-fold difference in the amount
of particulate Fe compared to SOG (Fig. 4.8 G;, Table 4.7), which may have major implications
for interpreting overall higher POC flux at NOG compared to SOG. The role of atmospheric dust
input in driving inter-basin differences in biogenic particle flux in the oligotrophic Atlantic will be
discussed in Chapter 5.
4.4.4 Strength and efficiency of POC sequestration
In this study, the strength of POC sequestration is defined as the magnitude of downward POC
flux at 3000 m depth. The efficiency of POC sequestration (SE3000) is the proportion of the surface






Note, that in this study the POC sequestration efficiency has to be distinguished from the
sequestration efficiency by DeVries et al. (2012), which measures how long regenerated nutrients
and carbon will be stored in the interior ocean before being returned to the surface.
As already highlighted in section 4.4.3, bathypelagic POC fluxes at NOG were twice as large
as at SOG, implying a generally stronger POC sequestration in the core of the North Atlantic
oligotrophic gyre compared to the South one.
The average annual POC sequestration flux at 3000 m and average annual integrated NPP
(VGPM) were used to determine the POC sequestration efficiency at NOG and SOG. Accordingly,
the average annual integrated primary production at NOG was ∼68 g C m−2 y−1, while the POC
flux at 3000 m was 0.40 g C m−2 y−1 (Table 4.7). At SOG, average annual integrated primary
production was 50 g C m−2 y−1, whereas the bathypelagic POC flux was 0.18 g C m−2 y−1 (Table
4.7). The resulting SE3000 was 0.6 % at NOG, and 0.37 % at SOG. Using the annual production
estimates for oligotrophic North and South Atlantic from Poulton et al. (2006a), which account
for the production at the DCM, yielded the SE3000 values of 0.45% and 0.24% at NOG and SOG,
respectively. These results demonstrate that POC sequestration in the core of the North Atlantic
oligotrophic gyre was not only stronger but also more efficient than that in the South Atlantic
oligotrophic gyre.
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Table 4.7: Average annual biogenic and lithogenic particle fluxes, integrated primary pro-
duction and POC sequestration efficiency (SE3000) at NOG and SOG.
Parameter
Average flux (g m−2 yr−1)a % total mass flux
NOG SOG NOG SOG
Mass flux 9.1±0.38 4.5±0.2
POC 0.39±0.01 0.18±0.003 4.29 4.00
Opal (bSiO2) 0.20 ± 0.004 (0.18 ± 0.003) 0.14 ± 0.002 (0.13±0.002 ) 2.2 (2.0) 3.11 (2.90)
CaCO3(PIC) 4.93 ± 0.06 (0.59 ± 0.01) 3.06 ± 0.04 (0.37 ± 0.01) 54.2 (6.5) 68 (8.2)
Lithogenic 3.15±0.27 0.212 ± 0.01 30.7 4.4
pAl 0.22±0.003 0.016 ± 0.0003
pFe 0.12±0.002 0.012 ± 0.0002
PPc 68.2 (88±35) 50.2 (75±31)
SE3000(%)d 0.58 (0.45) 0.36 (0.24)
a flux in each cup was integrated over an individual collection period; cumulative flux was then calculated for each trap
deployment period, and normalized to one annual cycle. The fluxes for each annual cycle (i.e. trap deployment) were then
averaged.
b see section 4.3.5 for the lithogenic flux derivation
c the VGPM-derived integrated net primary production Behrenfeld & Falkowski (1997a), calculated analogically to average
annual particle fluxes (a). The values in parentheses are annual estimates of primary production based on 14C measurements
at NASG and SASG performed during AMT 12–15 (Poulton et al., 2006a).
d see Equation 4.6; SE3000 calculated from the 14C measurements (Poulton et al., 2006a) are in parentheses
4.4.5 Temporal variability of the bathypelagic particle flux
The inter-annual variation in particle flux in the deep oligotrophic Atlantic was relatively small.
The annual particle sedimentation was only marginally higher during 2008–2009 at NOG, as were
the changes in the magnitude of the dominant flux constituents - CaCO3 and lithogenic matter.
The amount of POC arriving to the trap in 2007-2008 was 83% of the POC flux in the following
year. The greatest changes were observed in bSiO2 which increased by a factor of 1.5 in 2008-2009
compared to 2007-2008. A similar situation was observed at SOG where bSiO2 sedimentation was
1.6 times higher in 2008–2009 collection period than in the following one.
Particle sedimentation did not exhibit a well-defined seasonal signal at either sites. Intermediate
flux peaks were frequent at both NOG and SOG, and could be related to particles origin relative
to trap position, and their sinking modes and speeds. For example, fast sinking material, such as
densely packed aggregates (Fig. 4.4 A-C) and faecal pellets (Fig. 4.4 D-I) would likely represent
local conditions directly above the trap, whereas slowly sinking particle pool would be arriving to
the trap from over much greater distances (Guidi et al., 2007).
136
4.4. Discussion 137
At SOG, elevated POC fluxes were mostly coincident with biomineral and lithogenic fluxes,
suggesting that mechanisms that produce and sustain particle export also assisted in removal of
the particles, perhaps by scavenging, ballasting or repackaging into faecal pellets. Compared to
SOG, POC sedimentation at NOG was more pulsed, with major flux peaks occurring with an
obvious delay relative to biomineral flux peaks. Such decoupling of organic and biomineral fluxes
was pronounced during the late Summer particle Export Pulse (SEP) in 2009. The elevated POC
sedimentation lasted for approximately 3 months with the highest fluxes in August and September,
whereas the concurrent bSiO2 and PIC peaks were observed only during August. During SEP,
the lithogenic flux peaks were coincident with the POC flux peaks, suggesting a tight correlation
between sinking organic and lithogenic particle phases.
From a perspective of particle origin and settling dynamics, the SEP at NOG represents a clear
example of a localized particle formation and/or aggregation followed by a rapid particle sedimen-
tation to depth. Rapid particle sedimentation was evident from the presence of well-preserved
Acantharian cysts (Fig. 4.4 N) and Trichodesmium tufts (Fig. 4.4 P) in the SEP bulk material.
These phytoplankton species are rarely found in the bathypelagic particle flux, as they are typically
remineralized in the upper 500 m of the water column (Mulholland, 2007; Martin et al., 2010), hence
their transport to 3000 m depth could only be granted by fast sinking, most likely via entrainment
into fast sinking aggregates or faecal pellets.
4.4.6 Surface production and deep POC flux
Temporal variability in bathypelagic POC flux at NOG and SOG was decoupled from the seasonal
variability in the VGPM-derived integrated primary production (Fig. 4.29). At NOG, the high-
est POC fluxes were measured ∼7 months after the seasonal maxima in primary production in
winter/early spring (Fig. 4.29 A). At SOG, where the magnitude and seasonal pattern in surface
production was comparable to that at NOG , POC sedimentation into the trap generally exhibited
little temporal variation with only a marginal overall increase during summer/fall period compared
to that in winter/spring (Fig. 4.29 B).
The general decoupling of the deep fluxes from surface production at both sites was not unusual,
and has been previously reported e.g. at BATS (3200 m, Conte et al. (2001)), ALOHA (2800 and
4000 m, Karl et al. (1996)) and in the north-east Atlantic (2000 m, Waniek et al. (2005)).
Several factor and processes, including particle formation, transformation and transport, may
have caused the decoupling between surface production and the deep particle flux at NOG and
SOG.
One such factor is the seasonal pattern of surface Chl-a concentrations (thus NPP, see section
4.2.5), which shows an increase in Chl-a concentrations during winter/early spring time (Fig. 4.8
C) when the mixed layer deepens (Fig. 4.7). Despite the coincident timing of seasonal increase in
surface Chl-a concentrations, it is uncertain whether convective mixing during the cooler months
can be sufficiently deep enough to entrain significant quantities of nutrients to drive seasonal changes
in Chl-a concentrations (Dore et al., 2008; Painter et al., 2013). Based on the nutrient profiles in
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Figure 4.29: Temporal variability in the VGPM-derived net primary production (NPP),
atmospheric dust deposition, and POC flux at 3000 m depth at (A) NOG and (B) SOG.
Note very low dust deposition flux at SOG.
the overlying waters at NOG and SOG obtained during the AMT cruises in October–November
2008-2010, the nutricline (>1µmol NO–3) was usually found below 150 m. Thus, the deep water
nutrients were unlikely to be brought up to the surface by winter mixing, as inferred from the
monthly ARGO floats mixed layer climatology (Fig. 4.7, Table 4.5). This assumption, however,
requires a strong validation from the (at least) seasonally resolved nutrient data from the study
sites.
Alternatively, Morel et al. (2010) suggested that seasonal cycle of surface Chl-a concentrations
could be attributed to a seasonal increase in cellular Chl-a content in response to seasonal decline
in irradiance, a phenomenon known as “photoacclimation” (Fig. 4.8 B). An increased Chl-a signal
would be detected by the satellite, however would not correspond to an actual increase in phyto-
plankton biomass. To confirm this hypothesis, the satellite Chl-a data need to be calibrated against
the time-series of in-situ measurements of primary production at both sites.
The deep chlorophyll maximum (DCM) is a prominent subsurface feature of the water column
at NOG and SOG, visible at 100-160 m depth with Chl-a concentrations ranging from 0.1 to 0.6
µg m−3 (Fig. 4.30; Table 4.5)2. Undetected by the satellites, the DCM production might have
contributed significantly to the deep fluxes at depth. For example, most of the coccolithophore
species identified in the NOG and SOG samples (e.g. Florisphaera profunda, Gladiolithus. spp,
Hyastae perplexa, etc.; Table 4.4, Fig. 4.5 and 4.6 ) were typical of the lower and sub-euphotic
zones, thus termed as “shade” flora (Sournia (1982), A. Poulton, pers. comm.). The presence of

































































Figure 4.30: Example of a prominent deep chlorophyll-a maximum at the NOG and SOG
sites. Data represents CTD fluorescence measurements (calibrated with real data) along
the AMT–20 transect completed in October–November 2010. Data source: BODC
the “shade” flora in the traps at 3000 m depth provides primary evidence for an important role of
DCM in supporting deep particle flux. However, to conclude whether the temporal pattern in deep
POC flux follows that of DCM production rather than surface production would require knowledge
of DCM temporal dynamics in the region. Additionally, the magnitude of the DCM contribution
to the deep fluxes is yet to be quantified.
The coherence between surface production and deep particle flux could be obscured by the
processes acting upon sinking particles from the surface, through the mesopelagic, and in the
bathypelagic layers. On their journey down to the ocean interior, particles that have formed in
the surface waters (whether close or far away from the trap) would be subjected to aggregation,
microbial and zooplankton consumption (repackaging), solubilization and degradation processes.
These processes would significantly alter the initial state of the particles, their composition, and
physical properties (e.g. sinking speeds) (Conte et al., 2001; Steinberg et al., 2008; Lee et al., 2009;
Jiao et al., 2010).
From the visual assessment of faecal pellet abundance in the trap cups (Fig. 4.4 D-I), it could
be inferred that particle transformation and repackaging processes by higher trophic levels were
important for the particle transport to depth.
The degree of remineralization was also high, considering that nearly all surface production
was lost prior reaching the traps at 3000 m depth. When compared to estimates of annual surface
production from Poulton et al. (2006b), <1% of surface POC production annually reaches 3000
m depth, whereas opal and CaCO3 are better preserved at depth, representing <10% of surface
calcification and silicification by mass.
Settling velocities of the particles formed in the surface water link surface production and bio-
genic flux at depth. Small, slow sinking, nano-plankton and pico-plankton cells dominate both
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carbon fixation and chlorophyll in the oligotrophic Atlantic (Poulton et al., 2006a; Schattenhofer
et al., 2009), but their export to depth is tightly controlled by grazing. Until recently (Richardson
& Jackson, 2007; Alonso-Gonza´lez et al., 2010; McDonnell & Buesseler, 2010; Lomas & Moran,
2011; Riley et al., 2012), the contribution of the small phytoplankton to POC export was consid-
ered negligible . Lomas & Moran (2011) showed that pico-plankton cells of Prochlorococcus and
Synechococcus spp. may contribute up to 43% to total POC export via formation and gravitational
sinking of aggregates.
In the view of contrast dust deposition regimes between NOG and SOG, the role of external
forcing in causing incoherency in the upper water primary production and deep POC export has to
be considered. For example, the 2-year sediment trap study by Lee et al. (2009) demonstrated that
dust deposition was critical for inducing aggregation in surface waters of the north-east Mediter-
ranean. While biogenic material was present in the water column (based on satellite Chl-a data),
high particle fluxes at 200 m depth were measured only after the onset of dust deposition.
Long-term sediment trap studies by Dore et al. (2008) and Karl et al. (2012) at station ALOHA
also showed how episodic events may prompt decoupling between seasonal surface production and
deep particle flux. For >10 years of sediment trap sampling at ALOHA, recurring strong particle
sedimentation pulses to the traps at 2800 and 4000 m depth have been measured during the height
of the summer water column stratification. Such deep particle flux pulses represent sinking blooms
of diazotrophs and diatoms (termed as “bloom events”, Dore et al. (2008)). The “bloom events”
followed by enhanced particle export may have been induced by mesoscale eddies that typically pass
ALOHA in the summer, injecting new nutrients into the chronically nutrient-poor water column.
Dore et al. (2008) also showed that the “bloom events” at ALOHA were often subsurface, thus were
not always registered by the satellite sensors.
Considering the similarity in magnitude and seasonality of primary production and also the
similarity in the water column conditions at NOG and SOG (Fig. 4.29, Table 4.5), the higher
and episodic dust input becomes the most obvious candidate to cause generally higher and more
pulsed POC flux at NOG compared to SOG. In fact, a comparison between deep POC flux and
dust deposition at NOG reveals that the strongest POC flux in the summer/fall during collec-
tion years was associated with the periods of high dust deposition (Fig. 4.29 A). Aeolian dust
supplies a range of limiting micro and micronutrients, such as Fe, N, and P, which are essential
for phytoplankton growth in the chronically nutrient-poor environments (Duce & Tindale, 1991;
Jickells et al., 2005). Thus, dust indirectly may increase the amount of biogenic particles formed in
the ocean. Alternatively/additionally, dust may act as an aggregation/ballasting/protection agent
for organic matter, aiding faster and more efficient transport of organic matter to depth (Klaas &
Archer, 2002; Le Moigne et al., 2012; Lombard et al., 2013). The role of dust deposition in inducing
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Figure 4.31: Average daily biogenic (POM, CaCO3, Opal) and lithogenic fluxes at different
time-series stations in the North and South Atlantic Ocean. The data are from BATS (Conte
et al., 2001), NOG and SOG (this study), and EUMELI-O (Bory et al., 2001) (see Table
4.8 for details). No opal data were available for EUMELI-O; the contribution of opal to
total flux was considered negligible (Bory et al., 2001). POC fluxes were converted to POM
fluxes using a factor of 2.3 (Klaas & Archer, 2002); opal and CaCO3 were calculated using
Eq. 4.3 and 4.5. All fluxes represent daily averages over the corresponding collection period,
indicated above each bar. The height of each bar represents total mass flux. The percent
values indicate the contribution of each flux component to the total mass flux. Sampling
depth at each location is given below the bar.
4.4.7 Comparison with other oligotrophic sites: are the edges like the cores?
Spatial heterogeneity in the oligotrophic oceans has been addressed in several studies, e.g. Karl
et al. (2001); Neuer et al. (2002); Helmke et al. (2010); Morel et al. (2010). The particle flux
data from the NOG site provide a bridge to particle flux observations from the eastern and western
boundaries of the NASG (Fig. 4.1). To author’s knowledge, no direct measurements of deep particle
flux has been performed in the open oligotrophic waters of the SASG, which makes the particle
flux dataset from the SOG site a pioneer of direct deep particle flux measurements in this region.
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The comparison of particle fluxes between the sites is usually complicated by the variability in
sampling depths and duration, with some studies covering only a small part of the annual cycle,
e.g. station SOHM in the Sargasso Sea (Honjo et al. (1982); Table 4.8).
To avoid depth bias, a Martin curve (Martin et al., 1987) and a POC flux attenuation parameter
b=-1.33 determined for the oligotrophic oceans (Buesseler et al., 2007b), were applied to normalize
POC fluxes from previous studies to 3000 m (Eq. 1.4). The biomineral and lithogenic fluxes
from the literature were left un-normalized as attenuation of the biomineral and lithogenic flux
components is thought to be less strong at depth than that of POC (Table 4.8). No significant
abiotic dissolution of CaCO3 was expected between 3000-4000 m depth at all surveyed sites, as the
lysocline in those areas is positioned well below (∼4500 m) the particle collection depth (Milliman
et al., 1999).
Compared to studies covering at least one year of continuous sampling, the particle fluxes at
NOG and SOG were significantly lower than at similar depths elsewhere (Table 4.8, Fig. 4.31).
The results were consistent with considerably lower primary production rates in the cores of the
oligotrophic gyres compared at the boundaries of the gyres, e.g. at BATS (Table 4.8).
The mean POC flux at SOG was 3-4 times lower than that at BATS, ALOHA and EUMELI-
O (Table 4.8). The POC flux at NOG was about half that at BATS and ALOHA, and nearly
identical to the POC flux reported at EUMELI-O. The POC content (% by mass) of the bulk
sinking matter was only marginally higher at BATS (4.6%) and EUMELI-O (4.1%) than at NOG
and SOG (4.2±1%).
The CaCO3 fluxes at SOG were 3 times lower than that BATS and EUMELI-O, while at NOG
the difference was nearly a factor of 2. CaCO3 was the dominant flux component at all the surveyed
time-series sites (Fig. 4.31; Table 4.8), comprising more than a half of the total particle mas flux.
The dominance of CaCO3 suggest its potentially important role in aiding POC transport to depth
(e.g. Armstrong et al. (2001); Klaas & Archer (2002); Le Moigne et al. (2012)) in subtropical
oligotrophic gyres. Furthermore, because calcifiers are involved in both CO2 consumption (pho-
tosynthesis) and production (calcification), the POC:PIC ratio (“rain ratio”) of exported particles
influences net CO2 exchange with the atmosphere. In order for CaCO3 to contribute to net C
sequestration, the molar POC:PIC ratio in sinking particles must be ≥0.6 mol mol−1. The exact
threshold, however, depends on temperature, alkalinity, and the partial pressure of CO2 (Frankig-
noulle et al., 1994; Boyd & Trull, 2007; Karl et al., 2012). At 3000 m depth, the particles from the
NOG and BATS sites share a nearly identical average rain ratio of ∼0.7 (Conte et al., 2001), while
the value at SOG is ∼0.52, similar to the rain ratio at EUMELI-O (0.48 mol mol−1; (Bory et al.,
2001)). At the North Pacific station ALOHA, the rain ratio exceeds 1 most of the year (Karl et al.,
2012). These results indicate that net C sequestration occurs at NOG, BATS and ALOHA, but
not at EUMELI-O and SOG. Remarkably, the net C sequestration at NOG and ALOHA are the
strongest in the summer, when POC:PIC ratio is at its maximum (1.4 mol mol−1 at NOG and 2.3
mol mol−1 at ALOHA (Karl et al., 2012)). Overall, these results suggest a stronger BCP at NOG,
BATS and ALOHA compared to EUMELI-O and SOG.
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The opal fluxes at NOG and SOG were 2 and 3 times lower than that at ALOHA. At BATS,
the opal flux of 5.3 mg m−2 d−1 (Conte et al., 2001) exceeded that at NOG and SOG by one order
of magnitude (Fig. 4.31; Table 4.8). Significantly higher opal contributions to total sinking flux at
BATS (∼15%) compared to NOG and SOG (2-3%) suggest contrasting nutrient regimes between
the boundary and core regions of the Atlantic oligotrophic gyres. Contrary to the NOG and SOG
sites, the oligotrophic conditions at BATS are not permanent. Here, the MLD reaches 150-250 m
in winter due to seasonal changes in heat flux and wind stress, and is significantly deeper than
the mixed layer at both NOG and SOG (Fig. 4.7, Table 4.5). During this time the pycnocline is
disturbed, resulting in injection of deep water nutrients into the surface waters (Steinberg et al.,
2001; Neuer et al., 2002; Cianca et al., 2007; Helmke et al., 2010). Such conditions are known to
induce seasonal diatom blooms at BATS (Deuser et al., 1995; Brzezinski et al., 1998). Moreover,
frequent mesoscale eddies (Neuer et al., 2002) and high precipitation (Huffman et al., 1997) provide
additional nutrients into the surface waters at BATS. Finally, N2 fixation may provide ∼30% of
new nitrogen at BATS (Capone et al., 1994; Carpenter et al., 2004).
The lithogenic fluxes were substantially lower at SOG than that at any of the sites in the
oligotrophic North Atlantic (Fig. 4.31; Table 4.8), consistent with an absence of significant dust
sources in the South Atlantic (Prospero, 1996; Jickells et al., 2005; Mahowald et al., 2009). The
westward decrease of the lithogenic content of the sinking particle pool at EUMELI-O, NOG, and
BATS were in agreement with the increasing distance of the sampling sites from the Sahara desert,
and overall weakening of the Saharan dust transport towards the west Atlantic.
The lithogenic flux may be an important factor driving the difference in POC sequestration flux
between the North and South Atlantic oligotrophic gyres. However, the annual POC fluxes across
the NASG (EUMELI-O, NOG, BATS) appear to be relatively similar irrespective of the lithogenic
flux magnitude, distance of atmospheric deposition from the source, dust particle residence time
in the water column, and mineralogy. Importance of the dust deposition as a nutrient sources is
also not reflected in the annual integrated primary production across the NASG, where the highest
annual PP in the western edge of the gyre corresponds to the lowest atmospheric dust input
(BATS site). This is also true for station ALOHA, where dust deposition (1-12 mg m−2 d−1; Duce
& Tindale (1991)) and lithogenic flux (∼4 mg m−2 d−1 at 500 m depth; Lamborg et al. (2008b))
are lower than across the NASG, but the POC sequestration at 3000 m depth is the highest (Table
4.8; (Karl et al., 2012)). These observations suggest that dust deposition/lithogenic flux is not the
primary control on POC fluxes to the deep-ocean on annual time-scale. Considering the dual effect
of lithogenic particles on primary production and export, this further implies that dust/lithogenic
material may be the important, however, not the dominant nutrient source and/or POC-ballast.
Hence, there must be other processes operating in/across the NASG and ALOHA, which would
influence POC export. As such, the deep POC flux at EUMELI-O is strongly affected by the
westward surface currents and mesoscale eddies, which advect nutrient-rich water masses from the
regions close to coastal (permanent) upwelling (Bory et al., 2001). At Bermuda and ALOHA,
seasonal mixing, frequent mesoscale eddies and N2 fixation are important nutrient sources, which,
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as discussed above, induce compositional difference in fluxes, leading to potentially different modes
of particle sinking and variations in relative importance of biogenic (CaCO3 and opal) vs. lithogenic
phases for ballasting POC. Due to generally sporadic nature, the role of dust in determining POC
exports requires assessment on (sub)seasonal time-scales.
Overall, significantly lower biogenic fluxes at NOG and especially at SOG highlighted the spatial
heterogeneity of the oligotrophic oceans, which is important to consider when evaluating the role
of the vast oligotrophic gyres as global CO2 sink.
4.5 Summary and conclusions
Downward particle flux to deep ocean (3000 m) was measured at two ultra-oligotrophic open ocean
sites, located in the cores of the North and South Atlantic oligotrophic gyres. The biological
components of the oceanic carbon pump were quantified to elucidate differences in magnitude and
composition of particle flux owing to contrasting atmospheric dust deposition.
Despite similar surface production, a strong inter-basin difference in the magnitude and compo-
sition of bathypelagic particle flux in the oligotrophic Atlantic was revealed. The POC sequestration
flux was on average by a factor of two higher at the North Atlantic oligotrophic site that in the
South one, implying a stronger biological carbon pump. The proportion of the surface primary
production exported to 3000 m depth at NOG was twice that at SOG, suggesting a more efficient
POC sequestration in the North Atlantic oligotrophic gyre. Biomineral fluxes (PIC and bSiO2)
were also significantly higher in the Northern gyre compared to the Southern gyre. The 10-time
higher bathypelagic pAl and pFe fluxes at NOG compared to SOG clearly reflected the contrasting
dust deposition regimes of the North and South Atlantic oligotrophic gyres.
The particle flux composition at NOG and SOG was dominated by calcite of mostly cocol-
ithophorid origin. The contribution of diatomaceous opal to the total mass flux was small at both
sites. One third of the total particle pool at NOG was associated with lithogenic material, whereas
at SOG the lithogenic contribution was low and comparable to that of bSiO2 and POC.
The POC sequestration fluxes in the cores of the North and South Atlantic oligotrophic gyres
were significantly lower than those reported at the other oligotrophic time-series sites in the North
Atlantic and North Pacific oceans. This makes deep POC fluxes in the centres of Atlantic gyres
the lowest fluxes reported for the word ocean. These findings contribute greatly to the knowledge
of the spatial heterogeneity of the low-production areas, which is important to consider given the
large and currently expanding areas of these ocean provinces (McClain et al., 2004; Polovina et al.,
2008).
At both sampling sites, the major flux components exhibited a high degree of temporal vari-
ability, yet no clear seasonality. The strongest and pulsed POC flux to depth at NOG, however,
was observed in the summer/early fall both years. Such pulses of deep POC flux were responsible
for nearly 50% of the total POC flux at NOG during 2008-2009 study period.
The deep POC flux at both sites was largely decoupled from the seasonal pattern in surface
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primary production. Rather, the strongest POC flux at NOG was associated with the periods of
high atmospheric dust deposition. A tenfold higher Fe flux and two-fold stronger and more efficient
POC sequestration flux at NOG compared to that at SOG, suggest that the high dust deposition in
the Northern gyre may drive the inter-basin differences in the biogenic particle flux in the central
oligotrophic Atlantic. This issue is investigated in the following chapter.
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How does dust deposition drive the differences in POC
sequestration between the Atlantic oligotrophic gyres?
5.1 Overview
Despite similar surface production, POC sequestration was twice as high at NOG than at SOG.
The fluxes of biogenic particles at depth were largely decoupled in time from the surface primary
production at both sites. Compared to SOG, the POC sequestration flux to the NOG trap was
pulsed, especially during late summer/fall 2009. The peaks in deep POC flux at NOG were not
related to elevated surface biological production, usually observed during winter/early spring, but
were rather concomitant with the periods of elevated atmospheric dust deposition to the surface
ocean.
This study assesses how higher episodic dust input induced stronger and more efficient POC
sequestration at NOG relative to SOG.
5.2 Introduction
The NOG and SOG sites are in two contrasting dust deposition regimes in the Atlantic Ocean.
NOG is located in the area of the Saharan dust plume, which annually deposits up to 6-20 Pg of dust
into the subtropical North Atlantic (Prospero, 1996; Jickells et al., 2005; Mahowald et al., 2009).
In contrast, the South Atlantic (hence SOG) receives relatively small amounts of atmospheric dust
(<0.5 Pg yr−1), mainly from the arid Patagonian region, partly from the Namib coastal desert
(Mahowald et al., 2009; Baker et al., 2010) and the Saharan dust plume that crosses the ITCZ (A.
Baker, pers. com.). Nearly an order of magnitude difference in bathypelagic lithogenic (Al-derived)
flux between the NOG and SOG sites clearly reflects the difference in the amount of atmospheric
dust deposition over the Atlantic oligotrophic gyres.
Atmospheric dust input has a dual effect on ocean biogeochemistry and particle flux by influ-
encing both particle formation and particle transport (Neuer et al., 2004; Lee et al., 2009; Brust &
Waniek, 2010).
In the open ocean, atmospheric dust is an important external source of new nutrients (e.g. Fe,
147
148 Chapter 5. Role of dust deposition in POC sequestration
N, P) which may alleviate biological limitation, hence stimulate primary production and enhance
POC export (Duarte et al., 2006). The fertilization effect of atmospheric dust deposition becomes
more significant during stratified seasons when nutrients are depleted and primary production is
low (Neuer et al., 2004; Ternon et al., 2010; Franchy et al., 2013). In the oligotrophic subtropical
North Atlantic, input of dust-derived Fe drives high rates of N2 fixation (Voss et al., 2004; Moore
et al., 2009), in contrast to the South Atlantic, where dust deposition is low and the N2 fixation
rates are also low. The fertilization effect of dust, however, is not universal (Marano´n et al., 2010;
Franchy et al., 2013).
The episodic nature of dust deposition leads to an abrupt and significant increase in parti-
cle concentration and to subsequent differential particle settling rates within the water column.
Such physical perturbations may profoundly increase particle collision and coagulation rates, thus
catalysing particle aggregation processes (Hamm, 2002; Lee et al., 2009), which have a major effect
on the particle sinking velocities. Dust-derived lithogenic particles may therefore act as an impor-
tant carrier phase (i.e. ballast) for organic matter, thus promoting its rapid and effective transport
from surface to the deep ocean (e.g. Klaas & Archer (2002); Le Moigne et al. (2012); Lombard et al.
(2013)). Lithogenic-ballasted organic matter settles faster through the water column, decreasing
the chances of it being fully degraded by bacteria (Hansell & Ducklow, 2003; Nagata et al., 2000).
Moreover, fine lithogenic particles may act as a shield for sinking organic matter that protects them
from microbial activity (Hedges et al., 2001; Engel et al., 2009b; Le Moigne et al., 2013a). Con-
sequently, deep POC fluxes following dust deposition may represent remaining surface-ballasted
POC stocks (Honda & Watanabe, 2010; Bressac et al., 2013).
To date, enhancement of primary and export production following dust deposition events is
well established in High Nutrients Low Chlorophyll (HNLC) regions (Martin et al., 1994; Bishop
et al., 2002). However, the effect of sporadic atmospheric dust inputs on the biogeochemistry
and downward particle flux in the open oligotrophic oceans is poorly documented . Neuer et al.
(2004) reported enhancement of POC and lithogenic particle export at ESTOC off the Canary
Islands during the strongly stratified late summer/fall period coinciding with elevated Saharan
dust deposition. Similarly, Ternon et al. (2010) demonstrated that extreme Saharan dust deposition
events in the Mediterranean lead to a concomitant increase in lithogenic and POC fluxes, termed
“lithogenic events”. The same study also showed that the lithogenic events induced a more efficient
POC transport to depth, emphasizing the role of dust deposition in POC export. A recent mesocosm
study in the oligotrophic waters off Corsica by Bressac et al. (2013) revealed a 7-fold increase in
downward POC flux following artificial dust seeding.
The central question of this study is to ask how the higher atmospheric dust deposition promoted
stronger and more efficient POC sequestration flux at NOG relative to SOG. To investigate the
issue, the contrasting dust deposition periods at NOG are identified based on the magnitude and
duration of the atmospheric dust deposition flux. The fluxes of major particle components at
markedly different dust deposition periods at NOG are then compared with each other and with
respective particle fluxes at SOG. To address how dust deposition induces higher POC fluxes to
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depth, two hypotheses are tested. The first hypothesis is that lithogenic (dust) particles promoted
downward POC flux via ballasting of organic matter, aiding its faster and more efficient settling to
depth. The second hypothesis is that higher POC flux at NOG was induced by fertilization effect of
atmospheric dust input, which stimulated an increase in biomass of different sort of phytoplankton.
To test the first hypothesis, the role of lithogenic particles as a POC ballasting phase is assessed
relative to the biogenic ballast phases, namely CaCO3 and opal. To test the second hypothesis, the
dust deposition fertilization potential is examined with respect to atmospheric supply of nutrient
Fe and its assimilation by marine biota. Specifically, the magnitude of dust-derived Fe deposition
is compared with the range of phytoplankton cellular Fe requirements. Evidences supporting N2
fixation and a potential change in the phytoplankton community structure are then presented.
5.3 Revisiting atmospheric deposition and bathypelagic particle
fluxes at NOG and SOG
5.3.1 Atmospheric deposition: spatial and temporal trends
Direct observations of atmospheric concentration in the atmosphere and dust deposition into the
open surface ocean are sparse, and mostly arise from the global (e.g. Luo et al. (2003); Mahowald
et al. (2003); Tegen et al. (2004)) or regional (e.g. Schepanski et al. (2009)) model outputs. Monthly
averaged atmospheric dust deposition flux into the NOG and SOG collection areas (3◦ × 3◦ box
centred above the trap location) was estimated using the remapped dust deposition model by Luo
et al. (2003) and Mahowald et al. (2003), as described in Chapter 4. Due to lack of observational
data, the uncertainty of the model output is hypothesised to be a factor of 10 (N. Mahowald,
pers. com). The model performs better for the relatively well-observed North Atlantic, while there
is more uncertainty with the magnitude and seasonality of dust deposition in the poorly-studied
South Atlantic.
During the whole particle collection period at NOG, the atmospheric dust deposition flux ranged
from 0.3 to 34 mg m−2 d−1 (Fig. 5.1 A). In 2008, the dust deposition was elevated during winter
(January–February, 20-30 mg m−2 d−1) and late summer/fall (July-October, 10-20 mg m−2 d−1).
In 2009, the dust deposition flux was low in winter (<0.5 mg m−2 d−1), and increased to 1.6 mg
m−2 d−1 in March. A prominent increase in dust deposition occurred during late summer–fall
(July–September 2009) with fluxes reaching 22–33 mg m−2 d−1, and accounting for ∼80% of the
total dust input for the 2008-2009 trap deployment period at NOG.
The dust deposition in the summer was typically as dry deposition. Wet deposition, represented
by rainfall rate, was the highest during November–December 2007, reaching up to 40 mm h−1.
Rainfall was relatively high and frequent during fall and winter in 2008 (20–30 mm h−1). Some
precipitation was also detected in early March 2009 (Fig. 5.1 A).
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Figure 5.1: Daily dust deposition flux (A, black bars), Tropical Rainfall Measuring Mission
(TRMM) rainfall rate (A. red lines, in mm h−1), 8-day averaged MODIS-A chlorophyll-a
concentration (A, green steps), and monthly averaged deep particle fluxes (B-E) at NOG.
B. POC flux; C. PIC flux; D. bSiO2 flux; and E. Al-derived lithogenic flux. Dashed lines
in B-E indicate average fluxes over the whole sampling period. All fluxes are in mg m−2
d−1. Highlighted area indicate periods of high dust deposition in winter (blue) and summer
(yellow).
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The dust deposition flux at SOG (not shown) was very low compared to that at NOG, with a
median flux of 0.11 mg m−2 d−1 and a maximum flux of 0.27 mg m−2 d−1, representing the lowest
limit of dust deposition flux at NOG. The Tropical Rainfall Measuring Mission (TRMM) rainfall
data indicated little rainfall (median <1 mm h−1) over the SOG site (not shown).
The annually averaged dust deposition flux at NOG was 3.1 g m−2 yr−1 (based on the 24
months of sample collection), lower than the annual dust deposition of 11.4 g m−2 yr−1 to the
Mediterranean Sea (Ternon et al., 2010) and 12-30 g m−2 yr−1 dust flux at station ESTOC off
the the Canary Islands (Torres-Padron et al., 2002; Neuer et al., 2004)). In general, lower dust
deposition at NOG was consistent with the decreasing proximity of the site to the Sahara desert,
indicating a weaker dust transport towards the north-western Atlantic region (Brust et al., 2011).
The average annual dust input at SOG was ∼0.05 g m−2 yr−1, fitting into the lower boundary
of dust deposition estimates for the Southern Atlantic (Jickells et al., 2005; Mahowald et al., 2009).
5.3.2 Dust deposition, surface production and particle flux at depth
In total, three markedly high dust deposition periods can be distinguished over the 24 months
bathypelagic particle flux measurements at NOG (Fig. 5.1 A). One was in winter 2008 with a
duration of 2 months and dust input of ∼1.5 g m−2. The other two similar periods were observed in
the summer/early fall 2008 (duration of 4 months) and 2009 (duration of 3 months) with associated
dust input of 1.6 and 1.7 g m−2, respectively. The period of high dust deposition in winter coincided
with the intensification of mixing, while in the summer/fall periods atmospheric dust was injected
into a strongly stratified water column (Fig. 4.7).
In January–February 2008 elevated atmospheric dust flux was concurrent with the seasonally
high surface Chl-a concentrations. In winter 2009, when there was no notable dust deposition, the
surface Chl-a concentrations were comparable to those in winter 2008. No significant changes were
detected in the surface Chl-a concentrations following dust deposition during summer/early fall
either years (Fig. 5.1 A).
Over the whole time series at NOG, the highest biogenic fluxes (POC, PIC and bSiO2) were
usually observed during summer/early fall, thus could not be directly related to the periods of
elevated biological activity (represented by surface Chl-a concentrations) occurring in winter/spring
(Fig. 5.1 A-D). Such decoupling between surface production and deep POC flux would initially
suggest slow sinking velocities of the particles (<20 m d−1).
The elevated deep POC flux at NOG, however, followed the peaks in atmospheric dust deposition
with approximately one month delay (Fig. 5.1 A, B). This implies much faster particle sinking
speeds of at least 100 m d−1. This was very clear during the high dust deposition periods in the
summer/early fall period (Fig. 5.1 A, B, yellow shading). In winter 2008 high dust deposition was
concurrent with a slight increase in POC flux (Fig. 5.1 A, B, blue shading). However, the POC
flux in winter 2008 was only marginally higher than that in winter 2009, when no significant dust
deposition occurred. Winter POC flux was also 2-3 times lower than the POC fluxes measured in
the summer/early fall 2008 and 2009, when similar amounts of dust were deposited (Fig. 5.1 A,
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Figure 5.2: Atmospheric dust deposition to the surface (grey bars) and lithogenic flux at
3000 m depth (black step lines) at NOG .
B). These observations suggest that the effect of dust deposition on POC flux to depth might have
been different in winter and summer.
Prominent PIC and bSiO2 flux peaks at NOG were only observed in the summer/early fall
2009, also coinciding with the period of high dust input (Fig. 5.1 A, C-D, yellow shading).
At SOG, where magnitude and seasonal variation pattern in surface Chl-a and NPP were com-
parable to that NOG, the deep biogenic fluxes appeared to be only slightly higher in the summer/fall
period than during winter/spring time. In the absence of notable external forcing (i.e. dust de-
position), the overall lack of coherence between the deep particle flux and the surface production
could be attributed to slow sinking particles and high rates of particle transformation/recycling
processes in the upper water column and during particle transport to depth.
The pulsed nature of dust deposition at NOG appeared to be largely lost at depth (Fig. 5.2).
Sedimentation of the lithogenic particles to the traps was relatively stable over the whole particle
collection period, however, three clear peaks were observed in January 2008, October-November
2008 and September 2009 during/following the highest dust deposition to the surface (Fig. 5.1 A,
D, Fig. 5.2). The increase in lithogenic flux was mostly coincident with the relative increase in
POC fluxes during summer/early fall periods, although delayed relative to the PIC and bSiO2 flux
peaks. In winter 2008, the largest lithogenic flux was also concurrent with the elevated fluxes of
biogenic matter.
Despite of being largely decoupled on a temporal scale, the dust deposition flux to the surface
water and the lithogenic flux at depth were consistent when integrated over each trap deployment
period (Fig. 5.2). Over the 2007–2008 collection period, ∼75% of the atmospheric dust input has
been caught in the trap, while over the 2008-2009 collection period, the dust recovery in the traps
increased to ∼90%. These results suggest that the dust deposited at NOG is eventually removed by
settling particles, and that the atmospheric dust particles deposited into the surface waters descend
down the water column at a variety of sinking speeds. It is noteworthy, that a good recovery of the
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atmospheric dust in the traps suggests an overall good collection efficiency of the sediment traps
at NOG. In turn, a coherence between model dust deposition output and the observed deep flux
implies a good dust model performance for the North Atlantic.
At SOG, however, the mean lithogenic fluxes were by a factor of 4-7 larger than the mean
dust deposition flux estimates. The observed incoherency might be attributed to the generally
poorer performance of the model in the Southern Atlantic, as very few direct measurements of dust
deposition exist there. Hence, the magnitude and seasonality of dust is poorly resolved for the
South Atlantic in comparison to the North Atlantic (Mahowald et al. (2003), N. Mahowald, pers.
comm.). However, other processes, such as surface lateral advection of the lithogenic laden-water
cannot be ruled out.
Assuming that the observed coupling of the elevated POC flux and high dust deposition flux
at NOG were not coincidental, two hypotheses are investigated. First one is that the elevated
POC flux during high dust deposition periods was induced by the ballast effect of dust input.
The second hypothesis tests if the elevated POC flux was linked to the the fertilization effect of
dust deposition, specifically, if addition of dust-derived Fe stimulated growth of different type of
phytoplankton, including diazotrophs.
5.4 Lithogenic particles as POC ballast
The principal question in this section is how the high dust deposition affected the POC transfer
to depth and contributed to stronger and more efficient POC sequestration at NOG, and at NOG
relative to SOG.
The importance of lithogenic particles in carrying POC to depth is discussed controversially
(Boyd & Trull, 2007; Fischer & Karakas¸, 2009). Francois et al. (2002) postulated that the lithogenic
fraction in the open ocean is generally too low to account for POC transfer via ballast to depth.
According to (Berelson, 2002), particle sinking rates estimated from sediment trap studies are not
controlled by the lithogenic content of the particles. Some laboratory experiments have shown that
lithogenic material could even decrease the downward flux of phytoplankton biomass (e.g. Hamm
(2002)). On the contrary, based on the compilation of the global deep sediment trap data, Klaas
& Archer (2002) concluded that lithogenic particles do ballast POC, but to a lesser extent than
biominerals CaCO3 and opal. Recently, however, Fischer et al. (2009) demonstrated that deep
POC flux (> 1000 m) was tightly related to both dominant PIC and lithogenic fractions. Fischer
et al. (2009) also accentuated a close relationship between POC and fine-grained lithogenic fraction,
suggesting a special composition of ballast that might favour high particle settling rates. Lee et al.
(2009) concluded that dust input was an important catalyst for aggregation and flux formation
in the Mediterranean waters, particularly when zooplankton faecal pellet production was low.
Moreover, a mesocosm study in the Mediterranean Sea by Bressac et al. (2013) demonstrated that
up to 50% of POC fluxes were strictly associated with lithogenic particles through an aggregation
process.
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Dust particles deposited at NOG and SOG sites are assumed to be fine-grained, with particle
sizes not exceeding 10µm (Torres-Padron et al. (2002), N. Mahowald pers. com.). While a larger
dust population (>5µm) may rapidly settle on its own, a finer lithogenic particle pool (<5µm)
would remain stored in the surface layers until incorporated into faecal pellets and/or organic
aggregates (Pilskaln et al., 1998; Neuer et al., 2004). The exact mechanism of the organic matter and
lithogenic particle interactions is unresolved. Some studies suggest that the fine lithogenic particles
form clusters which then bound extracellular organic material (e.g. Hamm (2002)). Alternatively,
organic matter may act as “glue” to bind suspended fine mineral particles (Passow, 2004; Passow
& De la Rocha, 2006). Lee et al. (2009) and Ternon et al. (2010) concluded that a simultaneous
presence of organic matter and lithogenic particles was required for POC-lithogenic aggregates to
form.
Mostly coccolithophorid CaCO3 dominated particle flux composition at NOG and SOG, con-
tributing ∼56% and ∼70% by mass, respectively. The opal content, indicative of diatoms, was
relatively small at both sites, on average accounting for <4% of total particle mass flux. Lithogenic
matter was the second dominant component of the particle flux at NOG (∼ 34%), whereas at SOG,
the contribution of lithogenic particles was much smaller (4.6% by mass), nearly equivalent to that
of POC (4.1%), and slightly exceeding the contribution from opal (3.2%).
It is unknown, however, what proportion of deep POC flux at each site was carried by either
biomineral and lithogenic phase, and whether POC was ballasted differently under variable dust
deposition conditions at NOG, and overall at NOG compared to SOG. To investigate this issue,
the significance of lithogenic and biomineral particles as carriers of POC to depth was examined
under markedly different dust deposition conditions (both NOG and SOG). The hypothesis tested
here is that episodic dust input induces ballast effect in the surface waters at NOG, resulting in
more efficient, hence elevated POC flux at depth. Here, the magnitude of biogenic (POC, PIC and
bSiO2) and lithogenic fluxes at both sites is examined as a function of dust deposition intensity.
The information from multiple linear regression analysis (MLRA) is then applied to compare the
differences in contribution of lithogenic and biomineral (CaCO3 and opal) particles to total POC
mass flux at depth under variable dust deposition conditions.
5.4.1 Data segregation
Based on duration of high dust deposition periods at NOG (as defined in section 5.3.2), the time
series of the deep particle fluxes at NOG (by collection cup) were partitioned into to two major
groups. The particle fluxes concurrent with and continuing for approximately one month after
the high dust deposition periods comprised the high dust deposition group, termed NOGHD (in
Fig. 5.1, areas highlighted in blue and yellow). Including the “lag” fluxes into the NOGHD
group allowed to account for a possible biotic (organic matter production) and abiotic (particle
aggregation/ballasting) responses to dust input, as well as for time required for particles to reach
the traps. Here, the assumptions were that biotic and abiotic responses to dust deposition were
relatively rapid (Bressac et al., 2013; Giovagnetti et al., 2013), and that the sinking speed of
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lithogenic-ballasted organic matter was between 35 m d−1 (Neuer et al., 2004; Brust et al., 2011)
to 350 m d−1 (Armstrong et al., 2009b).
Within NOGHD group, a subgroup of particle fluxes associated with high dust deposition in
the summer/fall periods, when the highest POC fluxes were measured, was also distinguished
(henceforth, NOGSD; in Fig. 5.1, areas highlighted in yellow). The remaining particle flux dataset
from NOG comprised the second group, associated with low dust deposition periods, termed as
NOGLD (non-shaded areas in Fig. 5.1). Owing to very low dust deposition flux at SOG, the
entire particle flux dataset made up a third group, representing particle flux in the oligotrophic
environments with no pronounced external forcing (i.e. dust deposition).
5.4.2 Particle fluxes during contrasting dust deposition periods
Several important observations were made when comparing the magnitude of biogenic and lithogenic
fluxes under variable dust deposition conditions. First, POC and bSiO2 fluxes associated with the
high dust deposition periods were significantly higher than the fluxes associated with low dust
deposition periods at NOG, and overall at SOG (Fig. 5.3 A, C). Second, the PIC and lithogenic
fluxes which dominated bathypelagic total particle flux at NOG did not change significantly with
the increased dust deposition (Fig. 5.3 B, D). Regardless of the magnitude of atmospheric dust flux,
the biogenic and lithogenic fluxes at NOG were consistently higher than the corresponding fluxes
at SOG (Fig. 5.3). Thirdly, the periods of high dust deposition in the summer/early fall comprised
<30% of the entire sampling period at NOG (24 months). Yet, the amount of POC exported to
depth during summer/early fall both years (0.33 g m−2) represented 45% of the total POC export
(0.72 g m−2) over the entire study period at NOG. This suggests that POC was exported more
efficiently during high dust deposition periods, compared to low dust deposition periods at NOG
and generally at SOG.
5.4.3 Multiple Linear Regression Analysis
For each defined sample group, the mineral-associated POC flux model adapted from Klaas &
Archer (2002), Honda & Watanabe (2010) and Le Moigne et al. (2012) was used to examine
correlations between POC fluxes and lithogenic and biogenic ballast phases. The model assumes
that a part of POC mass flux is associated with each ballast fraction and is proportional to this
fraction (Klaas & Archer, 2002). Accordingly, total POC mass flux (POCtotal) was categorized into
fraction associated with or transported by lithogenic material (POClit) and collectively by opal and
CaCO3 phases (POCbio). The multiple linear regression analysis was implemented to fit the data
into the Equation 5.1:
POCtotal = a · POCbio + b · POClit + c (5.1)
where a and b are “carrying coefficients” (CCs) or “ballast coefficients” associated with each
ballast phase (Klaas & Archer, 2002). Parameter c represents a portion of POC that is not associ-
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Figure 5.3: Box and whiskers plots showing particle fluxes of A. POC, B. PIC, C. bSiO2,
and D. Lithogenic material associated with high (NOGHD, n=17) and low (NOGLD, n=24)
dust deposition periods at NOG, and at SOG (n=40). A non-parametric Mann-Whitney
U-test was used to analyse the inter-group differences. Coloured symbols indicate the
significance level of the test results (p-value): ‘***’ for p<0.001, ‘**’ for p<0.01, ‘*’ for
p<0.05,‘·’ for p<0.1; ‘ns’ indicates not significant. Symbol colour corresponds to a group
which flux was compared to.
ated with any (bio)mineral phase, termed “free POC” (Armstrong et al., 2001). Note that in Klaas
& Archer (2002), Honda & Watanabe (2010) and Le Moigne et al. (2012) “free POC” is termed as
parameter d due to larger number of predictors in the model. “Free POC” may be an important
portion of POC export to shallow depths (<1000 m, see Honda & Watanabe (2010); Le Moigne
et al. (2012)), while at greater depths “free POC” flux is typically negligible, i.e. c=0 (Armstrong
et al., 2001; Klaas & Archer, 2002; Honda & Watanabe, 2010). Hence, to exclude “free POC” from
the model, regression line was forced to pass through zero.
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It is important to consider that a larger CC coefficient only suggests a high (bio)mineral normal-
ized POC flux, but not a high absolute (bio)mineral associated POC flux, as the ballast-associated
flux may itself be small (Le Moigne et al., 2012).
In the NOGHD group, CaCO3 and opal fluxes were collinear (Spearman’s p=0.85), hence in-
cluding these phases as individual carriers of POC flux would violate the independence assumption
of multiple linear regression. Therefore, for this study CaCO3 and opal mass fluxes were combined
to represented biogenic component of POC ballast. Such approach differed from that applied pre-
viously by Klaas & Archer (2002), Honda & Watanabe (2010) and Le Moigne et al. (2012)), where
carrying coefficients for either biominerals were determined.
To test the sensitivity of the CCs and the resulting proportions of ballast-associated POC,
the MLRA was repeated by partitioning the NOG dataset into sub-periods of low and high POC
sequestration flux (NOGLPOC and NOGHPOC , respectively). The “high” POC flux at NOG was
identified as ≥130% of the annual mean POC flux (Table 4.6), similar to flux segregation scheme
in Karl et al. (2012). Two periods of high POC flux were identified in the summer/early fall 2008
and 2009.
5.4.4 Carrying coefficients and ballast-associated POC flux
Table 5.1 summarizes carrying coefficients and proportion of ballast-associated POC for each sur-
veyed group. The MLRA of POC mass fluxes as a function of (bio)mineral ballast for the dust
input and POC flux groups was highly significant with correlation coefficients of the model varying
from 0.910 to 0.982.
The CCs obtained with the MLRA for NOGHD, NOGLD and SOG groups were also all signif-
icant. The CCs for the biomineral phase were similar between the surveyed major dust deposition
groups (0.041-0.045). The resulting proportion of POC mass flux associated with biogenic ballast
ranged from 49% in the NOGHD group to 66% in the NOGLD (Fig. 5.4 A; Table 5.1).
The CCs for lithogenic phase varied for the different dust deposition conditions. At NOG, the
lithogenic carrying coefficient for POC doubled from 0.040 in the NOGLD group to 0.084 in the
NOGHD group, resulting in a ∼65% increase in lithogenic-associated POC flux (Fig. 5.4 A; Table
5.1). Narrowing the MLRA to the particle fluxes associated only with the high dust periods in
the summer (NOGSD), when POC flux was the highest, yielded remarkably different CCs for both
ballasting phases. Here, the CC for the biogenic particles dropped to 0.021 and was non-significant
(p=0.24), whereas the CC for lithogenic phase increased to 0.14 (p<0.01). Consequently, 76% of
POC flux at depth was associated with the lithogenic material during high dust deposition in the
summer/early fall periods (Fig. 5.4 A; Table 5.1).
Surprisingly, that despite of a much smaller lithogenic flux at SOG, the CC for lithogenic phase
(0.37) was significantly higher than that for the NOG samples, suggesting a higher lithogenic-
normalized POC flux at SOG (Table 5.1).
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Figure 5.4: Proportion of POCtotal flux (%) associated with biomineral (CaCO3+ Opal,
in red) and lithogenic (grey) ballast phases in data groups based on (A) the modelled dust
deposition data (NOGHD represents high dust deposition period in winter and summer pe-
riods collectively, while NOGSD reflects summer period only; NOGLD is low dust deposition
period at NOG.), (B) POC sequestration flux data (NOGLPOC and NOGHPOC represents
low and high POC flux periods at NOG), and (C) SOG data
.
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Such high CCs for the lithogenic matter might have been caused by nearly 1:1 ratio of POC to
lithogenic mass flux and also by an overall strong positive correlation between POC and lithogenic
fluxes (Spearman’s p=0.91). The resulting %POClit at SOG was 42%, similar to that for low dust
conditions at NOG (Fig. 5.4 C; Table 5.1).
Performing the MLRA on the POC-flux based NOG data subsets did not introduce any sig-
nificant change in the CCs and the proportions of ballast-associated POC flux compared to the
outcomes of the dust deposition-based MLRA (Table 5.1, Fig. 5.4 B). Similar to elevated dust
deposition periods, especially those in the summer/early fall, the periods of elevated POC flux
at NOG were associated with an increase in lithogenic CC and a decrease in biogenic CC (Table
5.1). About 70% of the elevated POC sequestration flux was associated with lithogenic phase,
similar to 76% POClith in the NOGSD group. The biomineral-associated POC flux prevailed in the
NOGLPOC group (54%), consistent with the results for the low dust deposition periods at NOG,
and overall very similar to that at SOG. This good agreement of the CCs and the proportions of
ballast-associated POC flux regardless of data partitioning criteria, supports the overall robustness
of the MLRA results.
There are two significant implications of these findings. Firstly, higher portion of POC mass
flux associated with lithogenic particles compared to that of biominerals, suggests that during high
dust deposition events at NOG lithogenic particles play a more important role in POC transport to
depth than biominerals. The role of the lithogenic matter as POC ballast is especially significant
during high dust depostion periods in the summer/early fall. Secondly, during low dust deposition
periods at NOG, and overall at SOG, POC mass flux to depth is associated mainly with biomineral
fluxes.
The predominantly biomineral-driven POC flux during low dust input periods at NOG and
overall at SOG was consistent with the results of previous assessments of ballast-associated POC
flux (e.g. Klaas & Archer (2002), Honda & Watanabe (2010), Wilson et al. (2012)). Sporadic
high dust inputs, however, appear to shift the dominant POC-ballast association from biogenic to
lithogenic phase. The fact that ∼45% of total POC flux over the entire study period at NOG was
carried to depth in association with lithogenic particles, signifies an important role of lithogenic
ballast in efficient POC transport to depth. These findings also suggest that the previous anal-
yses performed on annual time scales might have largely missed the temporal variability within
(bio)mineral–POC flux interactions.
5.5 Potential fertilization effect of dust
In this section, the hypothesis tested is that the elevated dust-derived Fe input stimulates surface
primary production, triggering N2 fixation and growth of different type of phytoplankton, con-
tributing to an elevated POC sequestration flux during high dust deposition periods at NOG, and
generally stronger POC sequestration at NOG relative to SOG.
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5.5.1 Dust deposition and surface production
Atmospheric dust supplies a range of limiting nutrient species, such as Fe, N, and P, essential
for phytoplankton growth in remote ocean waters (Duce & Tindale, 1991; Goudie & Middleton,
2001; Duarte et al., 2006). Nutrient inputs of aeolian dust depends on provenance, distance from
the source at the time of deposition, and chemical modification of dust particles (aerosols) in the
atmosphere prior to deposition into the ocean (Duce & Tindale, 1991; Neuer et al., 2004).
Fertilization effects of atmospheric dust have been investigated mainly in the context of Fe,
which is probably the most important dust-associated nutrient (Martin, 1990; Duce & Tindale,
1991; Jickells et al., 1984, 1998), and to a lesser extent for N and P (Duarte et al., 2006; Baker
et al., 2006, 2010). For example, Fe addition to the HNLC waters leads to a substantial increase
in primary production and POC export (e.g. >4-fold increase in Equatorial Atlantic and the
Galapagos Islands (Martin et al., 1994), and a 2-3-fold increase at Crozex plateau (Pollard et al.,
2009)).
The Gobi dust storms increased the water column carbon biomass in the Gulf of Alaska (Bishop
et al., 2002). Heavy dust deposition increased surface chlorophyll concentration by a factor of 4 in
the oligotrophic waters of the South China Sea (Wang et al., 2012). Experimental studies showed
that the addition of Saharan dust, releasing Fe and other macro and micronutrients, stimulated
phytoplankton growth in the oligotrophic Atlantic waters (Duarte et al., 2006; Marano´n et al.,
2010).
Recently, field observations by Franchy et al. (2013) demonstrated that the Saharan dust de-
position may fuel primary production in the oligotrophic waters off the Canary Islands, especially
during the stratified periods. In the North Atlantic oligotrophic waters (thus at NOG) input of
dust-derived Fe is thought to drive high rates of N2 fixation (Voss et al., 2004; Moore et al., 2009),
which supports (directly and indirectly) primary production and export in the area (see Chapter 3).
The absence of large dust (thus Fe) supply into the South Atlantic may account for low diazotroph
abundance, hence negligible N2 fixation rates (Tyrrell et al., 2003).
The dust-induced enhancement of biological production was not visible from the satellite esti-
mates of surface Chl-a concentrations, and hence was not reflected in the NPP estimates for the
NOG area. In winter 2008, the fertilization effect of dust deposition could have been masked by
the natural variability in primary production intensity at NOG, assuming that the Chl-a seasonal-
ity was not induced by the photo-acclimation phenomenon (Dore et al., 2008; Morel et al., 2010).
High surface Chl-a levels in the following winter 2009 in the absence of notable dust deposition
argue against the fertilization effect of dust at NOG. Similarly, during summer/early fall high dust
deposition periods in 2008 and 2009, which could potentially elevate POC flux at depth, were not
accompanied by a visible increase in surface Chl-a concentration.
It is possible that the Chl-a increase following dust deposition at NOG was too small to be
detected by the satellite (Brust et al., 2011). This however, does not imply an insignificant biological
response to dust deposition, contrary to the conclusions by Volpe et al. (2009). Recent experimental
and field studies showed that primary production can be enhanced in spite of any change in Chl-a
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Figure 5.5: Possible scenarios of dust deposition during winter (A) and (B) summer/early
fall in oligotrophic waters and its potential effect on the surface primary production. Sce-
nario B corresponds to particle collection at NOG during 2008-2009. Note, that dust
deposition during 2007-2008 period would represent both scenarios. Figure adapted from
Brust et al. (2011).
concentrations. For example, experimental additions of the Saharan dust to oligotrophic waters of
the Mediterranean Sea (0.25 g m−3 in Bonnet et al. (2005)) and the Atlantic (20 g m−2 in Marano´n
et al. (2010)) resulted in a significant increase in primary production (25% and 48%, respectively),
although the changes in (surface) Chl-a concentrations were small and non-significant (0.02 µg L−1
in Bonnet et al. (2005)). Similarly, the results of the field study in oligotrophic waters off the Canary
Islands by Franchy et al. (2013) demonstrated a 140% increase in primary production associated
with high atmospheric dust concentrations (520 µg m−3) despite the negligible changes in the
surface chlorophyll-a concentrations. Moreover, Marano´n et al. (2010) and Franchy et al. (2013)
demonstrated that the fertilization effect of dust is not universal, i.e. dust deposition favoured
the growth rate of some phytoplankton species, whilst suppressing that of the other. A shift in
phytoplankton community following dust-fertilization would only be partially detected by satellite
sensors.
Additionally, the fertilization effect of dust deposition could be significant at the deep chlorophyll
maximum (DCM), which is characteristic for the oligotrophic gyres but would not be registered by
the satellite.
Figure 5.5 summarises the fertilization effects of dust deposition at NOG during winter and
summer periods and its potential effects on primary production.
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5.5.2 Potential biological response to atmospheric Fe supply
The biological response to aeolian Fe input is determined by two major factors: (1) amount of
soluble (presumably bioavailable) Fe contained in the deposited dust, and (2) specific cellular Fe
demand by phytoplankton (i.e. cellular Fe:C ratio).
(1) At NOG, the average total particulate Fe (pFet) content of the Al-derived lithogenic ma-
terial was 4.25±0.17%, consistent with the 4.5±0.49% estimate for the Saharan dust by Guieu
et al. (2002). The soluble Fe (in this study, acid-leached Fe with 25% acetic acid; hereafter pFes)
comprised ∼2.5% of the pFet, fitting into 1-10% Fe solubility range reported for the Saharan dust
by Fung et al. (2000). At SOG, the average pFet content of lithogenic matter was ∼5.8%, with
pFes fraction accounting for ∼11% of pFet. The results were comparable to the range of total and
soluble Fe content of Patagoinian particulate matter (3.2–6.4% and 3–20%, respectively) reported
in Gaiero et al. (2003).
Th pFet content of the lithogenic material in traps was used to estimate the pFet in the dust
deposited at NOG and SOG. Accordingly, pFet deposition at NOG ranged from 0.01 to 1.5 mg Fe
m−2 d−1 over the whole study period. These results were consistent with the range of estimates for
the North Atlantic by Duce & Tindale (1991), but ∼5 times higher than the mean Fe deposition
to the subtropical Atlantic reported by Fung et al. (2000). This discrepancy could be attributed
to generally lower Saharan dust deposition in the north-western Atlantic, which was considered in
calculation of the basin mean value by Fung et al. (2000). During the high dust deposition periods
at NOG in winter and summer 2008 (∼6 months) and in summer 2009 (∼3 months), the pFet
input was 0.14 g m−2 and 0.10 g m−2 respectively. At SOG, estimated annual pFet input was small
(<0.003 g m−2 yr−1), representing <2% of that at NOG.
(2) The Fe demand by phytoplankton is determined by their cell Fe:C quota (henceforth, Fe:Ccell
ratio) (Sunda, 1997; Twining & Baines, 2013). The phytoplankton Fe:Ccell ratios are highly variable
and depend on phytoplankton species, their cell size, preferred nitrogen source, light adaptation,
and growth rate (Sunda, 1997; Twining & Baines, 2013). For example, Sunda (1997) estimated the
Fe:Ccell ratios for the open ocean phytoplankton to vary from 4 to 22 µmol Fe mol−1C. Diazotrophs,
such as Trichodesmium spp., have much higher cellular Fe quota, with Fe:Ccell ranging from 28 to
40 µmol Fe mol−1C (Kustka, 2003). Recent studies estimate Fe demand by Trichodesmium spp.
to be as high as 240 µmol Fe mol−1C.
To test if dust deposition could satisfy cellular Fe requirements of phytoplankton during con-
trasting dust deposition periods, the atmospheric Fe supply was compared to the Fe assimilation
by phytoplankton, similar to approach in Neuer et al. (2004).
5.5.3 General assumptions
Assimilated cellular iron (Fea) was estimated from the monthly averaged VGPM-derived NPP rates
(Behrenfeld & Falkowski, 1997b) integrated over the duration of dust deposition period, and a range
of molar Fe:Ccell ratios from literature. The minimum Fe:Ccell ratio of 4.5 µmol Fe mol−1C was
used to characterize low cellular Fe demand characteristic for phytoplankton in the South Atlantic
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(Sunda, 1997), whereas the Fe:Ccell ratio of 40 was used to represent average Fe requirements for
diazotroph Trichodesmium spp. (Kustka, 2003). In comparison, Fung et al. (2000) and Neuer
et al. (2004) used the Fe:Ccell ratios of 4.5 and 10 µmol Fe mol−1C, respectively to estimate the
Fe demand for the phytoplankton in the subtropical North Atlantic. For this study, the pFes in
dust was assumed to vary from 1% to 10%, accounting for the measured pFes fraction of the NOG
and SOG samples, and also including literature estimates of pFes in aerosol dust by Guieu et al.
(2002), Gaiero et al. (2003) and Baker et al. (2010). All pFes was assumed to be bioavailable.
5.5.4 Atmospheric nutrient Fe supply vs. phytoplankton Fe demand
In each sample group, the fraction of pFes to Fea (in %) was calculated for the specified range of
cellular Fe demand and Fe solubility in dust. The results are summarized in Table 5.2.
At SOG, the overall low dust-derived Fet supply would hardly satisfy the cellular Fe demand of
4.5 µmol Fe mol−1 C by phytoplankton, even with a relatively high soluble Fe content of 10% (Table
5.2). Even when accounting for a possible ∼10-fold under-estimation of the modelled dust input, Fe
solubility in dust at SOG have to be >5% to meet 4.5 µmol Fe mol−1C demand by phytoplankton.
It is, however, probable that recycling in the water column is the major source of Fe in at SOG.
Alternatively, the Fe source at SOG can also be of a subsurface origin. Recently, Saito et al. (2013)
detected a large dissolved Fe-rich plume (concentrations of >0.5 nmol L−1) between 2000-3000 m
depth, originating from the slow-spreading southern Mid-Atlantic Ridge (20◦S, 10-20◦W). Saito
et al. (2013) suggested that such plume may be an important contributor to the deep water Fe
inventory in the South Atlantic Ocean.
At NOG, in periods of low atmospheric Fet deposition and high cellular Fe demand (e.g. in
spring 2008 and winter–early spring 2009), the cellular Fe requirements could only be covered for
phytoplankton with a minimal Fe:Ccell ratio and under condition of pFes content of dust exceeding
5%. For the Fe:Ccell ratio of 10 µmol Fe mol−1 C and Fes content in dust of 1%, the phytoplankton
community would have to satisfy 90% of its Fe demand from other sources, for instance, from the
recycling of organic matter.
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Table 5.2: The VGPM-derived integrated net primary production (NPP), Fe assimilated
by phytoplankton, atmospheric dust and Fe (total and soluble) deposition integrated over
the high/low dust deposition periods at NOG, and over the whole sampling period at SOG.
The proportion (%) of dust-supplied soluble ( = bioavailable) Fe (Fes) to phytoplankton
assimilated Fe (Fea) for the respective groups is also provided
Groupa NPP Feab
Atmospheric deposition Fes/Fea (%)e
Dust Fet
c Fesd 1%Fes/ 5%Fes/
mol C m−2 µmol m−2 g m−2 mg m−2 µmol m−2 Fe:Ccell=10 Fe:Ccell=40
NOGHD(9) 3.83 17.3-153 (38) 5.42 230 41-411 (206) 107 134
NOGSD(4) 2.63 11.8-105 (26) 3.87 164 30-294 (147) 112 140
NOGLD(15) 7.55 34-302 (76) 0.96 41 7.3-73 (37) 10 12
SOG (26) 9.1 41 0.98 5.5 21.6 24
a see section 5.3.2 for the definition of each surveyed group. The integration period (in months) for each group is given in parentheses.
b assuming Fe:Ccell ratios of 4.5–40 µmol Fe mol
−1 C (Sunda, 1997; Kustka, 2003) with the highest ratio representing average cellular Fe demand
of diazotroph Trichodesmium spp. (Kustka, 2003). The value in parentheses indicates the Fe:Ccell of 10 µmol Fe mol
−1 C as used in (Neuer et al.,
2004).
c Total dust-derived Fe, assuming 4.25% (NOG) and 5.8% (SOG) Fe content in dust (see text)
d Soluble Fe in dust, assuming the solubility range of 1-10% for all NOG sample groups (Guieu et al., 2002) and 10% for the SOG group. The Fes
based on 5% solubility in dust is given in parentheses. For the SOG group, Fes was estimated from 30% Fe solubility in dust (Baker et al., 2006;
Gaiero et al., 2003).
e Ratio of dust-derived soluble Fe (Fes) to the Fe assimilated by phytoplankton. For SOG samples, ratio (in italics) was calculated using 10%Fe
solubility in dust and Fe:Ccell ratio of 4.5 µmol Fe mol
−1 C, typical for the phytoplankton in the South Atlantic Ocean (Sunda, 1997).
In periods of high dust deposition at NOG, especially during the late summer/early fall in
2008 and 2009, the Fet supply could have well exceeded cellular Fe requirements of phytoplankton,
even with low Fes content of dust matter (1%) (Table 5.2). A potential biological response to Fe
deposition was observed in the late summer/early fall 2009, when dust deposition peak in August
was followed by a pronounced peak in deep POC fluxes in September (Fig. 5.6). Assuming the
Fes content in dust of 2.5%, atmospheric Fe supply could satisfy even high cellular Fe requirements
of >20 µmol Fe mol−1C (Fig. 5.6). Thus, potential Fe excess in warm (∼25◦C), well-lit, strongly
stratified (MLD of ∼25 m), and NO–3-limited water column would favour N2 fixation. In fact, some
well preserved Trichodesmium tufts discovered in the trap cups collecting in August and September
2009 are direct evidence for N2 fixation occurring during the periods of high dust/Fe deposition in
the late summer/early fall that year (Fig. 5.6). Evidence for N2 fixation occurring at NOG but
not at SOG was also seen in the vertical distribution of NO–3 and PO3–4 in the water column at
NOG and SOG measured during AMT cruises in October–November 2008–2010 (Fig. 5.7). While
surface NO–3 was depleted at both trap locations, surface PO3–4 depletion was present only at NOG
(Fig. 5.7). Such nutrient asymmetry could have been caused by the growth of Trichodesmium spp.
in response to Fe excess in the water column owing to dust-derived Fe input. When Fes is in excess,
Trichodesmium spp. provide means to overcome water column NO–3-limitation by supplying fixed
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nitrogen and eventually shifting the system towards PO3–4 depletion (Mather et al., 2008).
A significant increase in bSiO2 flux in association with high dust deposition periods at NOG
(Fig. 5.3), and also generally higher bSiO2 flux at NOG compared to SOG, suggests a potential
stimulation of diatom growth owing to Fe input. In HNLC regions, Fe release is known to trigger
phytoplankton community shift towards diatoms, leading to an enhanced POC export (Pollard
et al., 2009; Salter et al., 2012). Previous artificial Fe injection (Landry et al., 2000; Henjes et al.,
2007) and dust addition experiments (Herut et al., 2005; Marano´n et al., 2010) showed that diatoms
have higher growth rates compared to prokaryotic algae in response to Fe input. Moreover, larger
cell size (>3 µm) make them less prone to grazing (Landry et al., 2000; Henjes et al., 2007), hence
increasing their chances to be exported to depth intact. Additionally, recent mesocosm study
in the oligotrophic Mediterranean Sea by Giovagnetti et al. (2013) also report that dust-derived
Fe addition triggers an up to 50% increase nano- and micro-phytoplankton biomass. A nearly
two-fold increase in PIC flux in August 2009, and overall higher PIC flux at NOG compared to
SOG also indicates some positive response of the calcifying phytoplankton to Fe deposition. The
enhanced growth rate of some coccolithophore species, including Emiliania huxleyi, in response
to Fe deposition during post-bloom period have been previously observed in the Fe-limited Island
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Figure 5.6: Comparison of the cellular Fe demand (Fe:Ccell ratio) based on the integrated
NPP with the amount of soluble (thus bioavailable) Fe supplied via dust deposition at NOG.
The POC flux at NOG during the study period is also depicted (blue). Dust fertilization
potential was expressed as a fraction (in %) of the soluble Fe in dust (pFes) to the assim-
ilated cellular Fe (Fea) in phytoplankton estimated from the NPP. The total Fe content
in dust (pFet) was assumed to be 4.5% by mass with the soluble Fe fraction comprising
2.5% of the pFet. Cellular Fe requirements were assumed to be high, with Fe:Ccell ratios
of 22 (green) and 40 µmol Fe mol−1 C (black). The grey shaded area highlights the trap
cups containing Trichodesmium spp. tufts (on the picture, scale bar is 1000 µm). A red
dotted line indicates when the pFes in dust completely satisfied cellular Fe demand, i.e.
Fes/Fea=100%.
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Whether high dust input fertilized the upper water column at NOG in winter 2008 is unclear.
The integrated POC flux in January-March 2008 (∼ 75 mg m−2) was only marginally higher
than that in January-March 2009 (∼70 mg m−2), given similar water column hydrology, surface
chlorophyll-a concentrations, but ∼10-fold difference in dust input between the years. A similar
scenario of high dust input in winter and unchanged POC flux at depth was observed by Neuer
et al. (2004) at ESTOC. There, the absence of a fertilization effect was attributed to overall low
importance of dust-derived nutrients in winter, as the convective mixing was sustaining primary
production at that time. It is also important to consider that the fertilization effect of dust was
shown to be non-universal (Marano´n et al., 2010; Franchy et al., 2013), and rather than promoting
primary production, dust input may also negatively affect it. For example, Franchy et al. (2013)
showed that the Saharan dust input was inhibiting the growth of autotrophic pico-plankton in the
oligotrophic waters off the Canary islands. Marano´n et al. (2010) demonstrated that depending on
the degree of oligotrophy, dust deposition may stimulate bacterial rather than primary production.
Thus, the higher recycling of organic matter in winter cannot be ruled out.
The observed decoupling of the atmospheric dust deposition flux from the lithogenic flux at
depth suggested a variety of sinking speeds for the dust particle pool in the surface ocean (Fig.
5.1A, E). While denser dust particles leave the water column relatively quickly, the less dense
dust population may remain suspended in the water column for longer periods until incorporated
into organic aggregates and/or faecal pellets (Ternon et al., 2010; Bressac et al., 2013). From the
fertilization perspective, longer residence time of relatively large amounts of dust in the mixed layer
would increase the possibility of transformation of a certain lithogenic Fe fraction into soluble Fe
via bacterial dissolution of iron hydroxides. For example, Frew et al. (2006) reported that sinking
particles lost >40% of their lithogenic Fe fraction from surface to 120 m depth in the HNLC waters
south-east of New Zealand.
The proportion of soluble Fe in sinking lithogenic matter from NOG was nearly 5 times lower
than that at SOG. However, with one order of magnitude greater total particulate Fe fluxes, the
amount of soluble Fe at NOG exceeded that at SOG by a factor of 2-3. Assuming that at least
one third of dust is likely to spent more than 3 months within the mixed layer may suggest a more
prolonged fertilization effect of dust deposition, stretching over the residence time of dust particles
in the mixed layer, and also during their export to depth. Therefore, it is probable that long
residence time of the larger amount of dust in the water column may partly account for the overall
higher deep POC flux at NOG compared to SOG (Fig.5.3 A). Proving this hypothesis, however,
would require a thorough study of the exchange dynamics between soluble and lithogenic phases of
Fe in the mixed layer and throughout the water column.
Overall, higher biogenic fluxes under relatively similar rates of primary production suggest,
that larger (and episodic) Fe input at NOG may have altered taxonomic, cell size and functional
diversity of the phytoplankton in the North Atlantic oligotrophic gyre compared to the South one,
where Fe input is low, thus leading to a larger deep POC flux in the Northern gyre.
To better constrain fertilization effect of dust deposition, its potential to alter phytoplankton
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community structure, including the possibility for N2 fixation, the information about taxonomic
composition and isotropic δ15N signature of the of the particle flux are indispensable. Additionally,
temporally resolved information on nutrient (N, P) and Fe uptake by phytoplankton, as well as
precise (and direct) estimates of dust-derived Fe input and Fe solubility in dust would be highly
desirable. Finally, vertically-resolved information on magnitude and composition of the upper
particle flux would help to successfully identify and interpret processes mediating differences in
downward particle flux at NOG and SOG.
5.6 One dust deposition - double effect
The presence of well-preserved Trichodesmium tufts in the bulk bathypelagic flux from August and
September not only indicated Fe-induced N2 fixation, but also implied a very rapid sedimentation
of some freshly-produced organic matter to depth. Trichodesmium spp. are positively buoyant dia-
zotrophs (Walsby, 1992), which are typically lost within the euphotic zone via lysis (Hewson et al.,
2004), extacellular release (Capone et al., 1994; Glibert & Bronk, 1994; Mulholland et al., 2004), and
grazing (O’Neil, 1998). Thus, Trichodesmium tufts could only reach 3000 m depth if entrained into
fast sinking mineral-ballasted organic aggregates. The results of the MLRA clearly demonstrated
that lithogenic particles carried most of the POC to depth during high dust deposition periods in
the summer/early fall, hence were probably the main agents for aggregation and ballasting at that
time. Formation of lithogenic-ballasted aggregates would have increased sinking velocity of the
freshly-produced POC, and would likely protect it from microbial degradation, resulting in a fast,
strong and efficient transfer of the “fertilization effect” to depth. Moreover, in addition to freshly-
produced POC, an export of the in-situ organic matter, already present in the water column, would
have occurred simultaneously. Such tight coupling of abiotic (ballasting) and biotic (fertilization)
could therefore explain the occurrence of the SEP observed in August-September 2009 at NOG.
5.7 Summary and conclusions
Over the 2-year study period at NOG, the strongest and the most efficient POC fluxes at depth were
measured during high dust deposition periods in the summer/early fall, when the water column
was strongly stratified. During this time, the strongest POC flux to depth was chiefly driven by
the lithogenic particles, rather than biominerals, signifying the importance of episodic inputs of
fine lithogenic particles for strong and efficient POC transport to depth.
At the same time, the strongest deep POC flux in the summer was partly a result of increase in
phytoplankton biomass in response to high dust-derived Fe input. Satellite-data did not indicate
any significant enhancement of the net primary production following high dust/Fe deposition, which
suggested that Fe might have stimulated growth of different type of phytoplankton. This hypothesis
was supported by the observed increase in diatomaceous flux following dust/Fe input at NOG, and
overall higher biogenic fluxes at NOG compared to SOG, despite similar magnitude of the surface
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production. Moreover, the Fe supply in the summer was sufficiently high enough to trigger N2
fixation, which could directly and indirectly enhance primary production, thus exports.
The strongest POC fluxes in the hight of summer stratification at NOG seemed to be attributed
to a tight coupling between abiotic and biotic effects of dust deposition. This was supported by
the presence of some well preserved Trichodesmium spp. tufts in the deep flux from August–
September 2009. For Trichodesmium spp. to be found this deep, first, Fe-induced N2 fixation
should have occurred, and second, the tufts had to be transported to depth very rapidly to avoid
remineralization/lysis. While the former could be attributed to Fe excess owing to high dust input
during conditions favourable for diazotroph growth, the latter would be permitted via aggrega-
tion/ballasting/protection effect of organic matter. These observations suggest that dust deposition
might be a critical pre-requisite for the “fertilization” effect to be exported to depth rapidly and
efficiently.
Overall, the findings of this study suggest, that stronger and more efficient POC sequestra-
tion in the North Atlantic oligotrophic gyres is induced by lithogenic ballasting and change in
phytoplankton structure in response to dust/Fe deposition.
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Conclusions and Future Work
6.1 Conclusions
This thesis investigates processes related to functioning of the biological carbon pump in the sub-
tropical North and South Atlantic oligotrophic gyres. The study presents and assesses two main
datasets, namely, surface particle export flux determined from the water column 234Th:238U dise-
quilibria in the (sub)-tropical Atlantic, and 2-year’ time-series of bathypelagic particle sequestration
flux from moored sediment traps deployed in the sub-tropical North and South Atlantic oligotrophic
gyres. The surface and deep export flux data from this study contribute profoundly to the extremely
scarce particle flux dataset available for these remote and poorly understood ocean provinces. The
main findings of the present study (summarised below) help to better constrain the magnitude and
efficiency of C export and sequestration in the sub-tropical oligotrophic Atlantic on spatio-temporal
scales and provide new insights into their controls. This is important, because even relatively small
changes in C export and sequestration in these immense and currently expanding ocean provinces
would significantly affect global C budget. Thus, this study contributes significantly to our un-
derstanding of the potential response and feedback of these immense ocean provinces to ongoing
global climate change.
In Chapters 2 and 3, surface particle export was investigated using the 234Th-238U disequilibria
measured in the sub-tropical Atlantic during GEOTRACES D361 cruise, which focussed on N2
fixation.
Chapter 2 specifically addressed methodological issues concerning the application of 234Th:238U
disequilibria in the study region, where the standard assumption of conservative nature of the 238U-
salinity relationship turned out to be invalid. The differences between the measured 238U activities
and the 238U values predicted from the salinity relationship were on the order of 10%. Despite these
relatively moderate differences, the error on the calculated 234Th fluxes in the oligotrophic-most
waters was particularly large (80%) due to small 234Th:238U disequilibria. This is an important
observation, which supports similar findings by Pates & Muir (2007) and Owens et al. (2011) and
encourages direct measurements of 238U activity in parallel with that of 234Th. The exact cause of
non-conservative 238U behaviour in the study region was not established. It was hypothesised that
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low 238U activities resulted from a remote autochtonous removal process and advection of “low”
238U activity waters to the study area. This study concludes that determining precise activities
of both 238U and 234Th is critical for minimizing uncertainty in the 234Th:238U method, which is
a key tool for understanding particle dynamics in the upper ocean. This is vitally important, if
the 234Th method is to be applied in the oligotrophic areas, where the 234Th:238U disequilibria are
small, and where large uncertainties lead to ambiguity in interpretations of particle dynamics and
exports.
Chapter 3 was built on the assessment of the validity of the 234Th:238U disequilibria obtained
in the region in Chapter 2. 234Th-based POC and PON exports were generally smaller than the
previous estimates in the same region (e.g. Charette & Moran (1999) and Thomalla et al. (2006)).
Considering the findings in the previous chapter, the possible non-conservative 238U behaviour may
be one of the explanations for this discrepancy. 234Th-derived POC and PON export fluxes were
assessed in the context of different N sources, and the N budget was constructed, incorporating
both supply and loss N terms over the 234Th integration period. The study demonstrated that N2
fixation was a significant source of “new” fixed N, yet a smaller term compared to upward physical
supply of deep-water NO–3. The enriched N isotope composition and the near-Redfield N:P ratios
of sinking particles further evidenced for the deep-water NO–3 supply controlling POC and PON
export in the study area. N2 fixation also resulted only in a small amount of exported diazotroph
biomass, which comprised <1.5% of total PON export. Low diazotroph export, the stoichiometry
and isotopic imprint of the sinking particles suggest the recycling fate of recently fixed N in the
study area. These findings, however, characterise the role of N2 fixation in primary and export
production for about one month in early spring, hence only partly demonstrate the functioning of
the system.
Chapters 4 and 5 focussed on the time-series sediment trap data from abyssal depth (3000 m)
to evaluate the differences in deep-ocean particle flux in the cores of North and South Atlantic
ultra-oligotrophic gyres. These sites represent two biogeochemically different provinces (Schlosser
et al., 2014) owing to contrasting dust (Fe) deposition regimes (Jickells et al., 2005; Mahowald
et al., 2009). Atmospheric dust (Fe) input and diazotrophic response to it divide the (sub)-tropical
Atlantic into a high-Fe/low-PO3–4 the Northern gyre, and low-Fe/high-PO3–4 the Southern gyre
(Moore et al., 2009; Schlosser et al., 2014).
Chapter 4 revealed that this biogeochemical divide is also translated into inter-basin differences
in magnitude and composition of the downward particle flux. POC sequestration in the Northern
gyre, where dust deposition is large, was twice that in the Southern gyre, where dust deposition is
low. Overall, the fluxes of all particle components were significantly higher in the Northern gyre. An
order of magnitude higher Al and Fe fluxes in the “dusty” Northern gyre clearly reflected higher dust
inputs in the North compared to the South, suggesting a potentially significant role of atmospheric
inputs in the North. Despite relatively similar surface production, the POC sequestration efficiency
in the “dusty” Northern gyre was twice that in the “low-dust” Southern gyre. The strongest and the
most efficient POC sequestration flux in the Northern gyre was confined to summer stratification
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periods, coincident with elevated dust deposition and lithogenic flux at depth, suggesting a strong
link between dust input and POC flux at depth.
Chapter 5 synthesised the deep-trap results from the previous chapter and assessed whether
dust deposition exerts ballast and/or fertilization effect(s). It demonstrated that in periods of
high dust deposition in the Northern gyre, POC mass flux was transported to depth mostly in
association with lithogenic particles, implying abiotic ballast effect. Outside such periods, the
POC was sinking to the abyssal depth in association with biominerals, similar to that in the
Southern gyre. At the same time, evidence of diazotrophs and increased biomineral fluxes suggest
some biological response towards high inputs of dust-derived Fe in the summer periods. Although
surface observations from satellite did not indicate any significant enhancement in production during
high dust (Fe) deposition periods, it is likely that Fe input triggered and supported N2 fixation and
also increased biomass by stimulating growth of different phytoplankton taxa. The fact that both
ballasting and fertilization effects were the most prominent in the summer/early fall suggest that
biologically mediated lithogenic ballasting drives large and efficient POC sequestration flux in the
North Atlantic oligotrophic gyre.
In contrast to 234Th method used in Chapter 3, time-series particle flux measurements with
sediment traps permit direct evaluation of seasonal/inter-annual variability of diazotroph export
and its contribution to POC flux. Currently, however, the hypothesis that dust induces N2 fixation
and also aids its export to depth, is supported by qualitative observations of Trichodesmium tufts in
the summer POC export pulse. These observations support previous findings that Trichodesmium
export to depth may be episodic. Moreover, the continuous deep particle flux at NOG points
to a significant seasonal variability in the potential for diazotroph/Trichodesmium export in the
sub-tropical North Atlantic. This tends to occur in the summer when a sufficient amount of
dust (Fe) is being deposited into chronically nutrient-depleted, warm, and strongly stratified water
column. For the observations and N budget presented in Chapter 3, this would imply that the
role of diazotrophs in supplying “new” N and their contribution to N export might have been
substantially higher, if the water column was sampled later in the year, or if the 234Th approach was
able to “capture” swift and spontaneous Trichodesmium export. The Trichodesmium tufts reaching
the deep ocean later in the summer further suggest that the sub-tropical North Atlantic N* sub-
thermocline anomaly might be generated during this period, but not in early spring, when the D361
study region was sampled. Thus, coupled and well-resolved information on temporal variation of
N2 fixation and surface particle exports (including that of diazotrophs) would substantially improve
our understanding of the fate of the fixed N in the euphotic zone and its biogeochemical cycling.
The unique time-series observations of the bathypelagic particle fluxes in the cores of the North
and South Atlantic oligotrophic gyres provided unprecedented and invaluable insight into the BCP
in the least productive areas of the global ocean. The POC sequestration flux in these areas is the
lowest so far reported in the global ocean. Nevertheless, large extent of the Atlantic oligotrophic
gyres (Polovina et al., 2008), make them account for about 5% of the global POC flux below 2000
m (Dunne et al., 2007), signifying a very important role of these provinces as long-term storage for
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atmospheric CO2.
Overall, this thesis has shown that C export and sequestration processes in low nutrient envi-
ronments are complex and driven by a multiplicity of physical and biogeochemical factors, including
nutrient supply, primary production, particle transformation and remineralization during transport
to depth. This insight will facilitate the development of a much greater understanding of how these
regions contribute to planetary carbon cycling. This is a field of considerable importance due to
the fact that under current global warming trends, the oligotrophic areas are likely to continue to
expand in the future, leading to greater ocean stratification, reduced vertical mixing, change in
ocean productivity, and hence the function of the global biological carbon pump.
6.2 Future Work
The interpretation of downward particle export and sequestration fluxes and their controls is
strongly complicated by decoupling of production and surface/deep export, and difficulties in over-
coming the different integration time-scales of methods assessing nutrient supply, production, ex-
port, and deep flux. In order to better constrain the relationships between surface exports and
effects of N2 fixation, a dedicated, long-term cruise program, involving accurate and coupled sam-
pling of both parameters over sufficient time scales would be invaluable. If 234Th is to be used as
a proxy for particle export flux, parallel measurement of 238U activity would be strongly recom-
mended. Moreover, it is beneficial to compare 234Th-derived fluxes with other independent flux
indices, e.g. flux estimates from neutrally-buoyant sediment traps (NBST or PELAGRA), espe-
cially because C(N)/234Th ratio on sinking particle depends on the intermittent diazotroph export
and may be missed by single-point particle sampling.
In the future, deep particle collection at NOG and SOG should be accompanied by well-resolved
sampling of the upper ocean production and export, (macro)nutrient concentrations, and biomass
composition. The information on the upper ocean biogeochemistry would significantly contribute
to the successful interpretation of the NOG and SOG particle flux datasets. In addition, it would be
crucial to aim for more vertically-resolved trap deployments at NOG and SOG. The simultaneous
sampling of settling particles at several depths would permit the quantification of particle set-
tling rates, potential for lateral advection and the extent of particle flux remineralization (vertical
attenuation).
The results and discussion, which evolved from the NOG and SOG study, also underlined a
number of important avenues of future work, the results of which, when added to already existing
flux data, would lead to a deeper understanding of the BCP at these two sites.
The significance of N2 fixation for POC export at NOG has to be quantified to support the
hypothesis that the combination of the fertilization and ballasting effect of atmospheric dust induces
diazotroph export to the deep ocean. Similar to the approach employed in Chapter 3, stable N
isotope signature (δ15N) and PON:POP ratios of the deep-trap material can be examined. It
is also crucial to determine P content of the trap supernatant to account for the solubilised P
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fraction (Antia, 2005). Additionally, trap material can be screened for diazotrophs using microscopy,
although that would certainly be time-consuming. Phylogenetic analysis can be an alternative way
to investigate taxonomic identities of some putative N2 fixing microorganisms that might be present
in the trap material (e.g. heterocystous cyanobacteria Trichosedmium spp. and Crocosphaerea
spp., and endosymbionts Hemiaulus and Rhizosolenia). As such, temporal patterns of nifH gene
expression, associated with these phylotypes in the trap material (e.g. in Karl et al. (2012)) would
provide important insights into temporal variation of diazotroph flux in the Atlantic oligotrophic
gyres.
The provenance of the flux (surface vs. DCM) remains an important unresolved issue for the
NOG and SOG datasets. The decoupling between surface production and POC sequestration flux
was ∼7 month at NOG, longer compared to studies in similar environments (e.g. Conte et al.
(2001), Karl et al. (2012)). This implies export from sub-surface features, invisible to satellites.
Thus, quantification of the abundance of the “sun” and “shade” flora species in the trap material
is strongly recommended. The taxonomic composition of the flux can be studied using traditional
phytoplankton identification/enumeration techniques. For example, large-size taxa (>50µm) can
be enumerated using inverted or epifluorescent microscope, while SEM analysis can be used for
identification and counting of smaller species (<50µm), e.g. coccoliths and small diatoms, which
are known to occupy specific layers in the water column. Determining the pigment flux patterns
using High-Performance Liquid Chromatography (HPLC) could provide invaluable information on
species abundance in the trap material, from which their “residence” in the water column can be
inferred. The pigment analysis will also be an additional asset for determining the role of pico-
and nano- phytoplankton for the POC sequestration flux (e.g. Lomas & Moran (2011)). The
phylogenictic methods can also be used to identify and quantify targeted species of phytoplankton
and bacteria in NOG and SOG samples (e.g. Decelle et al. (2013)). They appear to be more
advantageous with respect to speed and quality of taxonomic identification compared to traditional
microscopy methods, however, might be challenged by the unknown extent of DNA degradation in
the trap material.
The MLRA results suggest that POC settles effectively with dust either through protection
and/or increasing sinking speed of organic particles. The “freshness” of POC flux would be an
important parameter to assess in order to elucidate upon the variations in quality of the organic
particles settling to the trap during different export scenarios. Molecular level amino acid analysis
combined with examination of stoichiometric changes in particles would be a powerful tool to
evaluate diagenetic changes of POC flux (fresh POC vs. old POC, e.g. Salter et al. (2010)).
Determining specific isotopic signatures of amino acids in settling material would help to further
understand the sources of POC transformations (e.g. heterotrophic remineralization).
Swimmers have been removed from the trap samples primarily as broken pteropod shells. Con-
sidering the trap deployment depth (3000 m), it is probable that picked pteropods represented
passive flux, thus contributed to CaCO3 flux. Pteropods are known to show seasonal sedimen-
tation tied strongly to POC flux. Thus, further analysis of the trap samples should include (1)
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quantification of the “swimmer” flux and its contribution to total CaCO3 flux, and (2) investigation
of the temporal pattern of pteropod flux in relation to other particle flux components.
CaCO3 is the dominant flux component at NOG and SOG, thus an important ballast mineral,
transporting POC to the deep ocean. Considering that coccolith and foramineferan/pteropod
CaCO3 may have different effects on particle aggregation and sinking (e.g. Schmidt et al. (2014)),
it would be beneficial to re-evaluate the MLRA model with respect to different agents of CaCO3 flux
(coccoliths (<30µm), foraminiferan and picked pteropod (both >30µm)) to determine their specific
role in POC export to depth. Similar assessment of ballast-associated POC can be performed for
different size-fractions of opal and lithogenic fluxes.
One of the major findings of the present work is that atmospheric dust deposition may drive
the inter-basin differences in POC sequestration fluxes between the North and South Atlantic
oligotrophic gyres. A strong decoupling between modelled dust deposition and deep lithogenic flux
have been observed at NOG, with the pulsed nature of dust deposition being nearly lost at depth.
Given that on the annual scale, the NOG traps intercept most of the dust input at NOG, the
observed temporal decoupling would primarily imply different residence time of dust in the water
column. Residence times of dust would chiefly vary with grain size and mineralogy of dust particles,
their interaction with organic matter and biology, hydrographic conditions of the water column,
and manner and the time of aggregate formation (Migon et al., 2002; Iversen & Ploug, 2010; Brust
et al., 2011). The SEM coupled with an energy dispersive X-ray microanalysis (SEM-EDX) would
be a powerful tool to assess the size spectrum and mineralogical composition of sinking lithogenic
populations (e.g. Brust & Waniek (2010)). This would provide insights on the potential source
area of the lithogenic particles, their settling speeds, aggregation potential with organic matter or
inclusion into faecal pellets. Furthermore, combining mineralogical composition information with
already available trace metal content of the sinking flux would help to constrain bioavailability of






Sample Handling and Data Treatment
A.1 Precautions for sediment trap sample processing
Since analyses of sediment trap samples involved measuring trace metals, a great care was taken
when processing these samples in order to reduce contamination risk from external sources (mainly
dust and fibres from clothing). All sample processing procedures (zooplankton picking, splitting,
filtering) were carried out in the dust-free environment under specially designed laminar flow hood,
equipped with HEPA filter. A hair net, Tyvek lab coat and clean gloves were worn at all times
during sample processing.
A.2 Cleaning of plastic ware
All the plastic ware, including bottles, tweezers, funnels, tubes, used for processing and storing
sediment trap samples, was subjected to rigorous, time-consuming, but essential cleaning procedures
to remove contaminants and any sorts of impurities that may otherwise leach when in contact with
samples (P. Statham, pers. com.).
Nalgene high density polyethylene (HDPE) bottles (60 mL and 125 mL) and Azlon low density
polyethylene (LDPE) squeeze bottles were used for splitting samples or transferring/storing them
before splitting. The bottles were first rinsed with the reverse osmosis water (RO), then soaked in
a bath with detergent Decon 90 (5% v/v) for at least 24 hrs in order to remove dust and residual
organic material. They were then rinsed 3 times with ultra pure Milli-Q water (resistance 18.2 MΩ
cm−1), placed in a bath with 6 mol L−1 HCl (Fisher Scientific analytical grade), and left to soak
for at least 3 days. The bottles were then thoroughly rinsed with Milli-Q water, and dried under
the laminar flow hood. Clean bottles were kept in a double zip-lock bag until used. All related lab
were was additionally stored in the plastic boxes.
All miscellaneous equipment (tweezers, Petri dishes, measuring cylinders, tubes, funnels) were
cleaned in the same way.
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A.3 Sample splitting
Figure A.1: The custom rotary splitter used
to generate equivalent subsamples of NOG and
SOG sediment trap material for a variety of
analyses. Image credits: Chris Marsay.
This section describes the splitting procedure for the
NOG and SOG sediment trap samples only. The
method was adapted from Lamborg et al. (2008a)
Once the swimmers were removed from sediment
trap collection cups, preservative/sediment mixture
was split into 8 equal fractions using a custom made
rotary splitter. The splitting device was always oper-
ated in particle-free environment under HEPA lam-
inar flow hood.
The splitter was designed for carrying out trace
metal work, therefore it is almost entirely made of
PVC, apart from the Lucite rotating dispenser cup
and a teflon fill tube. The splitter was made for han-
dling relatively large sample volumes (∼4 L); thus,
to split ∼250 mL NOG and SOG samples, some bits
of the splitter had to be readjusted to allow maxi-
mum effective performance of the device for the given
sample volume. As such, an LDPE funnel has been
mounted on top of the dispenser cup with a wide
Teflon tubing. Right above it, another LDPE funnel
with a tubing and a stopcock to regulate samples
flow, was placed. Before splitting, and in between
the samples, the main splitter parts (funnel, tubes and splitting channels) were rinsed with ∼10%
HCl, followed by a thorough triple Milli-Q rinse, and drying with a “particle free” tissue paper.
Splits were collected into acid-clean 60 mL HDPE bottles (Nalgene). The splitting was always
started with the device already operating and the valve opened, to allow the sample mixture
enter the split bottles immediately. The preservative/sediment mixture was homogenised by gently
swirling the bottle, and then slowly poured into the dispensing funnel, as the cup was rotating.
The dispensing funnel was also swirled gently throughout splitting. Second splitting step involved
rinsing the sample bottle, the funnels, and the channel walls with approximately half of the sample’s
supernatant that was carefully decanted into an acid-cleaned squeeze LDPE bottle prior splitting.
Note that the second split was performed in an identical way to the major (first) sample split.
Once split, the volumes of each samples fractions were measured with a self-designed graduated
bottle. The NOG and SOG trap material had quite a fine texture, allowing particles to easily pass
through the funnel wall and the tube. At times, however, the samples large particles were blocking
the tube, causing uneven splitting of the sample. In this case the sample volumes were equalised
using a plastic pipette. The splitter effectiveness for equal sample volume distribution was quite
good with variation rarely exceeding 3%, slightly higher than reported by Lamborg et al. (2008a).
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The splitting efficiency based on the dried weight of the split samples was within 10-12 %.
A.4 Filters types and pre-treatment
This section describes types and pre-treatment of the filter membranes used to retain the particles
of the the NOG and SOG sediment trap samples.
Summary of the filter types, their pre-treatment and the analyses performed on them is given
in Table A.1.
Table A.1: Summary of the processing and analyses performed on the NOG and SOG
sample splits
Analysis Split size Filter Pore size (µm) Treatment Mass Rinsea
Filtrate
collectedb
POC/PON 0.125 GF/F 0.7 Ashc, dry y MQ+borax n
POP 0.125 GF/F 0.7 Acid, ash, dry y MQ+borax y
PIC 0.125 Nucl 0.4 Acid, dry y MQ+borax n
bSiO2 0.125 Nucl 0.4 Acid, dry y MQ+borax
n
pTM 0.125 Nucl 0.4 Acidd, dry y MQ+ammonia y
a solution made of Milli-Q water (18.2 Mω cm−1 and 0.25 g L−1 of Na2B4O7 · 10 H2O. TM samples were rinsed with a solution of 100 µL of
ammonia in 1 L of Milli-Q water
b includes both supernatant and rinse; when collected, acidified with 30-100 µL of concentrated sub-boiled HNO3
c at 450◦C for 24 hrs
d soaked in 10% HCl and 1% HNO3 (both sob-boiled) for at least a week. See Appendix X for details. Otherwise, soaked in 10% HCl (both
sob-boiled) only.
Acid cleaning of the filters involved soaking the membranes in 10% HCl (sub-boiled distilled)
for > 1 week, followed by a thorough rinse with Milli-Q water, and again soaking in 1% HNO3(sub-
boiled distilled) for > 1 week, followed by another rinse with Milli-Q water. GF/F membranes
for POP analysis were subjected only to 10% HCl cleaning and Milli-Q rinsing steps. Filters
were placed in individual acid-washed Petri-dishes, dried under laminar flow hood and kept in the
dessicator until used.
Combustion (ashing) of the GF/F filters for POC/PON and POP analyses was done in the
furnace at 450◦C for ∼12 hrs.
For POP analysis, filters were soaked in 10% HCl (sub-boiled distilled) for 1-2 days, then soaked
in Milli-Q water. The pH of the Milli-Q was checked to ensure that acid was rinsed of the filters.
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A.5 Errors and Uncertainties
Errors were propagated through all calculations as standard deviations (σ using basic error propa-
gation equations. For addition and subtraction Equation A.1 was used:
σx+y =
√
σ2x + σ2y (A.1)
For multiplication and division Equation A.2 was used:
















234Th is a naturally occurring isotope, produced by radioactive α-decay of a long-lived 238U
(t1/2=4.5 × 109 yr) B.2. Unlike its conservative parent, 234Th has a short half-life (t1/2= 24.1
days, decaying by β-decay to 234mPa) and a strong particle affinity, i.e. it is readily scavenged onto
surface of the particles, and is exported with them out of the euphotic zone. In absence of downward
particle transport, a secular equilibrium between 234Th and 238U is established (234Th:238U = 1).
Secular equilibrium between the two radionuclides is attained within 6 half-lives of 234Th (∼ 145
days). As sinking particles remove 234Th to depth, a deficit in 234Th relative to 238U occurs in the
upper water column (234Th : 238U <1, also known as 234Th:238U disequilibrium) (Santschi et al.,
2006; Maiti et al., 2010). This 234Th deficit is proportional to the amount of downward particle
flux. With a few assumptions, 234Th:238U activity disequilibria can then be translated into flux of
234Th.
At depth, where particles are solubilized and remineralized, 234Th is released back into the
water column, often resulting in 234Th excess relative to 238U (i.e. 234Th:238U> 1, e.g. Maiti et al.
(2010)). 234Th can be readily measured in the 2-20 L seawater samples by co-precipitation with
MnO2 (section B.1.2 below).
In well-oxygenated waters, 238U is dissolved and conservative, hence its activity is usually
estimated from salinity following Chen et al. (1986) or Owens et al. (2011) (see Chapter 2). The
238U study presented here, however, signified the necessity of measuring 238U in parallel to 234Th
activity.
B.1.2 Small-volume technique
Total 234Th was measured using 4 L “small-volume” technique with a recovery standard, following
Pike et al. (2005). Water was sampled from the CTD rosette into acid-cleaned 4 L LDPE bottles.
Within ∼1 hour of collection, water samples were acidified (pH 1-2) with 6 mL of concentrated
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Figure B.1: Uranium decay series. The half-lives, type of decay and associated energies
(MeV) are provided. Image source: http://eps.mq.edu.au
HNO3 to separate 234Th from parental 238U. Samples were spiked with 50µL 230Th yield tracer
(0.35 Bq g−1), and left to equilibrate for 6–8 hrs. Following equilibration, samples were treated with
7-8 mL of HN4OH to adjust the pH to 8.0–8.1. MnO2 was precipitated by subsequently adding
50 µL of KMnO4 (7.5 mg L−1) and 50 µL of MnCl2 (7.5 mg L−1) to the samples. The MnO2
precipitate was allowed to scavenge 234Th for 6-8 hrs. The sample bottles were then attached to a
specially designed filter-holders and their content was filtered onto ashed 25 mm QMA (Whatman)
filters. Filter precipitates were dried for 12-24 hrs at 60 ◦C, and mounted onto Risø beta-counter
filter holder under layer of Mylar film and Al foil to shield α-particles and low energy β-emitters.
234Th was quantified by counting daughter 234mPa (t1/2=1.2 min) on a low-level Argon gas-flow
5-sample GM-25 beta-counter (Risø National Laboratories, Roskilde, Denmark). The counter uti-
lizes an anti-coincidence shield above 25 mm-diameter sample windows. The counter was completely
surrounded by lead bricks to reduce background count rates. The efficiency of the beta-counter
was assessed by counting 234Th activity in deep water samples (>1000 m), collected simultaneously.
Samples were counted until counting error was at least 3% (∼1000 counts).
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Figure B.2: Low-level beta GM-25 beta-counter used in the study (Risø National Labora-
tories, Roskilde, Denmark). Image source: http://www.nutech.dtu.dk
B.1.3 Th recovery
To assess the efficiency of the method, Th isotopes were first purified via anion-exchange chro-
matography and then measured using inductively coupled plasma-mass spectrometry (ICP-MS),
following Pike et al. (2005)
B.1.3.1 Anion-exchange chromatography
The protocol for anion-exchange chromatography procedure was developed by Martin (2011).
1. Sample digestion
Sample filters were carefully dismounted from Risø discs, and together with Mylar foil were
placed into 50 mL glass beakers (Shot). To dissolve MnO2 precipitate, samples were treated with
8 mL of 8 mol L−1 HNO3, followed by 1 mL of concentrated H2O2 (both analytical grade, Fisher).
Samples were spiked with 200 µL of 229Th, and refluxed at ∼85◦C overnight. One blank non-ashed
QMA filter was used as a procedural blank, and treated as a sample.
2. Purification
11×2 mL bed-volume Poly Prep anion exchange columns (Bio-Rad Laboratories, Hercules,
USA) were filled with Milli-Q water to conveniently dispense the AG 1-X8 100-200 mesh chloride
form resin (Bio-Rad Laboratories, Hercules, USA). The resin in the columns was washed with
3×3.5 mL of 9 mol L−1 HCl (analytical grade, Fisher) to dissolve any impurities. After 2×2 mL
rinse with Milli-Q, the columns were preconditioned with 3×3 mL 8 mol L−1 HNO3 (analytical
grade, Fisher). Samples were gently introduced into columns, retaining filter and Mylar foil in the
beaker. The remaining sample solution was rinsed off the beaker with 3×3 mL of 8 mol L−1 HNO3
(analytical grade), and passed through the column after each rinse. Manganese was washed off the
column with 4×3 mL sub-boiled 8 mol L−1 HNO3. The columns were then converted with 3×0.5
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mL of sub-boiled 9 mol L−1 HCl. The wash eﬄuent was discarded, and the waste beakers were
replaced with acid-washed 10 mL PTFE beakers to collect the eluent after 4 × 2 mL treatment
with sub-boiled 9 mol L−1 HCl. The eluates were evaporated to near-dryness at ∼100 ◦C. To avoid
cross-contamination due to bubbling aqua-regia, the samples were kept at a reasonable distance
from each other. After first evaporation step, 2×1 mL of sub-boiled 8 mol L−1 HNO3 were added
to the samples, each time evaporating them to near-dryness. Samples were stored in the solution of
0.5 mL sub-boiled 8 mol L−1 HNO3 and 1 mL of Milli-Q. Prior to analysis on ICP-MS, the samples
were diluted with 9.95 mL of MilliQ and spiked with 11µL of 100 ppm 234U solution (Inorganic
Ventures, USA) to account for mass bias during measurements.
B.1.4 Th isotope measurements via ICP-MS
The Th isotope measurement procedure was adapted from the work of Patrick Martin (Martin,
2011).
Th isotopes contained in the purified samples (229Th, 230Th and 232Th) were measured using
Thermo Neptune Multi-Collector Inductively Coupled Plasma Mass Spectrometer (Thermo Scien-
tific, Germany). 229Th and 230Th are present in low amounts (pg), thus they were measured on
the SEM ion counter. More abundant 232Th (ng) was measured on a Faraday cup.
A peak-jump method was introduced to measure 229Th and 230Th masses in the SEM. For each
sample, the magnet first measured 229Th mass, and then jumped by 1 amu to measure 230Th mass.
50 of such jumps (known as blocks) were made, and mean and standard deviation were calculated
automatically. Such jumps tend to affect ionization efficiency of plasma, resulting in less accurate
mass measurements than when both masses are measured simultaneously. To account for the peak
jumps, the Faraday cups were positioned in a way that 232Th was measured in both peak-jumps
but on different Faraday cups. The desired 229Th:230Th ratio was derived from 229Th:232Th ratio
obtained in the first peak-jump to 230Th:232Th ratio measured in the second peak-jump.
The natural Uranium (U) standard CRM-145 (Inorganic Ventures, USA) with a known 235U:238U
ratio of 137.88 was used to correct 229Th:232Th and 230Th:232Th ratios for mass bias. SEM gain
correction was applied to 229Th:232Th ratio. SEM gain correction is defined as a ratio of SEM
signal to the signal that Faraday cup would measure given the identical ion beam to acquire the
correct 232Th concentration. SEM gain was obtained from 235U:238U ratio in CRM-145 standard
measured at low concentrations (∼16 ppb). 235U enters SEM and corrects 235U:238U ratio for
mass bias associated with higher concentrations of natural U standard (235U and 238U). SEM gain
correction was not applied to 229Th:230Th ratio, because gain is cancelled when calculating this
ratio. The Faraday cup gain correction was not required as the cup goes through routine automatic
calibration by applying a constant voltage to all the cups, and any difference in signal between the
cups is then corrected. Once the 229Th:230Th ratio is calculated, it along with the known 229Th
mass added was used to calculate 230Th mass contained in the samples. MnO2 precipitation yield
was calculated as a ratio of 230Th mass used to spike the samples at sea to 230Th mass measured
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on ICP-MS.
B.2 Dry weight
Dry weight of the filtered sediment was determined for all filtered NOG and SOG splits. After
undergoing treatment described in section A.4, the blank filters were individually weighed out on
a Sartorius ME micro-balance with a precision of ±1 µg. After filtration, the membranes were
dried in a similar to blanks fashion, and re-weighed on the same balance. To avoid ’unstable weight
bias’ and loss/gain of material caused by static electricity, the weighing was done in a static-free
environment, created by the static eliminator “AD-1683” (A&D, Japan). Blank filters were usually
weighed out multiple times to ensure stable weight, while polycarbonate filters with especially high
loading of calcite particles were only weighed out once to avoid loss of material. Polycarbonate
filters used for TM analysis (both blank and used ones) were weighed out only once to reduce a
risk of contamination. The mass of the samples was calculated by subtracting the total weight of
the sediment on the filter from its blank filter value. In cases where a single split was filtered onto
several filters, the final mass was calculated by subtracting the sum of total used filter masses from
the sum of masses of their associated blank filters.
B.3 Particulate Organic Carbon and Nitrogen (POC and PON)
The samples intended for POC(PON) analyses were filtered onto 25 mm pre-weighed, pre-combusted
GF/F filters (Whatman, 0.7 µm nominal pore-size), and rinsed with a few millilitres of alkaline
Milli-Q water (D361 samples) or with borate-buffered Milli-Q prepared in a similar way to the
sediment trap brine solution (Section 4.2.1, NOG and SOG samples) to wash off the salt. Filters
were then dried at 40◦C for ∼12 hrs, and kept in the dessicator until re-weighed (see section B.2).
To remove biogenic or lithogenic calcite, the filters were fumed with concentrated HCl vapour for
at least ∼24 hrs in a plastic desiccator (Hedges & Stern, 1984). NOG and SOG samples had a high
particle loading, and therefore were fumed for 48 hrs to ensure the complete dissolution of the inor-
ganic carbon fraction. After fuming, filters were left under laminar flow hood for a few hours to let
the acid residues evaporate, and then dried in the oven at 40◦C for 24 hrs. The D361 POC(PON)
filters were individually rolled into the pre-combusted (450◦C for 12 hrs) 30 mm aluminium disks
(Elemental Microanalysis, UK) and pelleted with a custom-made sample press. The POC (PON) of
the NOG and SOG samples was measured in tin capsules (HEKAtech, Germany). Procedural filter
blanks (unused ashed GF/F filters) were prepared by rinsing unused filters with 100 mL of alkaline
Milli-Q (D361) or borate-buffered Milli-Q (NOG and SOG), and treated/analysed the samples.
POC(PON) concentrations of the D361 samples were measured on a Flash 1112 Elemental
Analyser (Thermo Fannigan) at Plymouth Marine Laboratory with analytical precision of <0.1 %.
The NOG and SOG samples were analysed on EURO EA CHNS-O Elemental Analyser (HEKAtech
GmbH, Germany) at Jacobs University Bremen (JUB), Bremen, Germany. The work principle of
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both instruments is based on combustion of a sample at 1030◦C in presence of O2 and passing it
through a Cr2O3 catalyst to convert C to CO2 and N to N2. Gaseous samples of CO2 and N2 are
then carried by He gas (rate = 130 mL min−1) and are first passed through a Mg(ClO4) 2 water trap
and then onto a Porapack QS gas chromatography column that separates CO2 and N2. Detection
of elements is based on the thermal conductivity at 60◦C on a so-called ’hot-wire’ detector. At
each run, acetanilide standards were measured in order to calibrate the signals coming from the
samples.
Contribution from the blank filters in D361 samples was on average 22.4 ± 0.8 µg for C and
1.75 µg 0.07 µg for N (n=5). The blanks filters (n=20) contributed 24.2 µg 2.6 µg of C to NOG
and SOG samples, while contribution of the N was below detection limit of the instrument.
Due to a high demand on the splits for various multi-elemental analyses, POC(PON) replicate
(duplicate) measurements were limited to just a small number splits. In D361 study included
one replicate split (St03/60/1, n=4) and two duplicates splits (St16/70/53 and St16/70/1). POC
(PON) content of NOG and SOG samples was determined singly.
B.4 Particulate Inorganic Carbon (PIC)
B.4.1 Total PIC
NOG and SOG splits were filtered onto acid-washed and pre-weight 25mm 0.4 µm nominal pore-size
polycarbonate filters (Cyclopore, Whatman). Filtered particles were desalinated by rinsing with a
small amount alkaline borate-buffered Milli-Q water. Filtered samples were placed into acid washed
50 mL polypropylene centrifuge tubes (Corning), and leached in 10 mL of 0.4 mol L−1 HNO3 (sub-
boiled) for 24 hrs. Addition of digest acid was done volumetrically. During leaching period samples
were shaken several times. Leaches were then passed through a 0.45 µm filter (Millipore). Samples
with high loading of particles were diluted up to 10 times. Procedural blanks were prepared by
filtering 50-100 mL of borax-buffered Milli-Q water through unused polycarbonate membranes, and
treated as samples.
PIC was measured as Ca on PerkinElmer Optima 4300DV Inductively-coupled plasma optical
emission spectrometry (ICP-OES) instrument at NOCS. Ca was measured at three wavelengths,
422.6 nm, 317.9 nm and 315.9 nm, and the result was averaged. There were no Na corrections
done for the sediment trap samples, as the preservative has been buffered with Na-containing di-
sodium tetraborate (Na2B4O7 · 10 H2O). Due to high Ca content of the sediment trap samples,
Na effect would be relatively negligible (D. Green and M. Cooper, pers. comm.). A wide range of
synthetic calibration standards for Ca were gravimetrically prepared from commercially available
ICP standard solutions (”Inorganic Ventures”, USA). The standard solutions concentrations for Ca
ranged from 0.5 to 100 ppm. Every ten samples an acid blank and a drift monitor (usually, largest
or second largest Ca concentration standard) were run to monitor the instrument performance.
The drift of the instrument was found to be negligible. Procedural blanks contributed negligibly
to Ca signal, typically <1%.
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B.4.2 Size-fractionated PIC
Bulk silt-sized (>63µm) pelagic sediments contain a mixture of both carbonate and non-carbonate
particles mainly composed of coccolithophores, juvenile foraminifera, foraminiferal and pteropods
fragments, calcareous dinoflagellate cysts, and some cryptic carbonate material (Bramlette, 1958;
Goldberg & GOS, 1958; Paull et al., 1988).
Method of separating coccolith PIC is based on the size distribution of carbonate particles
described in Paull et al. (1988). In <38µm fraction, carbonates have two major modes centred
around 4µm equivalent spherical diameter, corresponding to smaller coccolithophores, and 10-25
µm, corresponding to larger coccolith particles as well as fragments of foraminifera and calcareous
dinoflagellate cysts. Larger carbonate size fraction (>38µm) was dominated by foraminifera and
other pteropods shells which were accidentally left during the picking procedure.
Size-fractionated PIC analysis of selected NOG and SOG sediment trap samples was performed
to determine separate contributions of foraminifera, pteropods and coccolithophores to total PIC
flux at the sites according to a method described in Bairbakhish et al. (1999). Sample splits were
filtered onto acid washed pre-weighed 25mm 0.4 µm pore-size polycarbonate filters (Whatmann).
Filters were placed in acid clean 60ml HDPE bottles (Nalgene) and treated with 10 mL of 5%
w/v NaClO and 10 mL concentrated H2O2 (>30%) to remove organic matter. Addition of H2O2
was done drop-wise to avoid loss of material due to bubbling. Samples were digested at the room
temperature for ∼2 hrs and sonicated for 5 s every 15 min during the digestion step to remove all
the adhered fine carbonate and noncarbonated material. Bulk carbonate was separated with 30 µm
metal sieve (Endecotts, UK). Both size-fractions were rinsed through/off the mesh with alkaline
Milli-Q water (60 µL NH4OH in 1L Milli-Q) and collected into acid washed HDPE bottles.
1 mL aliquots of the fine size-fraction (<30µm) were filtered onto 0.4 µm pore-size 25 mm
polycarbonate (Whatmann) and 25 mm nitrile cellulose (Sartorius) filters for scanning electron
microscopy (SEM) and polarized light microscopy, respectively.
Both size fractions were prepared and analysed for Ca as described in section B.4.
B.5 Biogenic Silica (bSiO2)
Biogenic Silica (bSiO2) was determined using wet alkaline digestion method based on Mortlock &
Froelich (1989), and developed for sediment trap samples by Salter (2007). The technique is based
on the increasing solubility of bSiO2 with increasing temperature and the strength of alkaline
solution.
Sample splits were filtered onto acid-washed and pre-weight 25mm 0.4 µm nominal pore-size
polycarbonate filters (Cyclopore, Whatman). Filtered particles were desalinated by rinsing with a
small amount alkaline borate-buffered Milli-Q water.
Filtered samples were dissolved in 5 mL of 0.2 mol L−1 NaOH in polypropylene centrifuge tubes
(Corning) and digested at 85◦C for 2 hrs, following Salter (2007). Post-digestion treatment included
neutralization of the samples with 10 mL of 0.1 mol L−1 HCl, further dilution with saline solution
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and centrifugation for 3-5 min at 3000 rpm.
Procedural filter blanks were prepared by filtering borax buffered Milli-Q water through unused
polycarbonate membranes, and treated as samples. A range of Si standards was prepared from
sodium fluorosilicate (Na2SiF6) dissolved with a fixed volume of Milli-Q and further diluted with
saline solution. The highest Si concentration standard was used as a drift monitor and run with
a blank saline solution every 11 samples to assess carry-over of the instrument. Prior to analysis
samples were diluted in artificial seawater solution by 10-40 times.
bSiO2 concentrations were measured as silicon (Si) on SEAL QuAATro auto-analyser. In the
instrument, dissolved Si was measured by reacting with molybdate to form yellow silicomolybdate
complex. The silicomolybdate solution is then reduced with ascorbic acid to form a more stable
strongly coloured blue compound. This reduction step also prevents formation of phosphomolyb-
date and arsenomolybdate when excess of molybdate is formed. The absorbance of the final solution
was measured and quantified as peak height, from which molar concentration of dissolved silicate
(SiO–2) in µmol L−1 was calculated. The measurement error was calculated from the relative stan-
dard deviation of the repeat standard sample (n=10) measured in the beginning of each run. The
detection limit of the instrument was 0.3 µmol L−1. Reagent and filter blanks concentrations were
0.67 ± 0.23 µmol L−1 (n=13).
B.6 Particulate Organic Phosphorus (POP)
The POP content of the D361 samples was determined by method of chemical wet-oxidation
(CWO) based on a procedure described in Raimbault et al. (1999). Samples were filtered onto
pre-combusted, acid-washed and pre-weighed 25mm GF/F membranes. The filters with retaining
particular matter were then dried again at 40◦C in the oven, re-weighed, and stored in the dessi-
cator until analysis. All chemicals used for digestion of the samples were of analytical grade, and
all aqueous solutions were prepared using fresh Milli-Q water. Digestion solution was prepared by
dissolving 30 g of di-Sodium tetra-borate and 15 g of Potassium peroxydisulfate (both Fisher Sci-
entific) in 250 mL of warm (50-70◦C) Milli-Q water. The oxidizing solution was kept covered with
aluminium foil to shield the direct light, and once ready, used immediately to avoid crystallization
and ensure maximum oxidation efficiency. The digestion of the samples was carried out in the
acid-clean pre-combusted 30 mL glass tubes (Pyrex), to which 1.66 mL of the oxidizing solution
and 13.34 mL of Mill-Q were added with the auto-pipettor. The tubes were loosely capped and
autoclaved at 120 ◦C for 35 min. The samples were then transferred into 15 mL centrifuge tubes
(Fisherbrand) and centrifuged at 3000 rpm for 10 min. Before the actual measurements, samples
were diluted with Milli-Q to fit into the standard calibration range (varied between 0 µM and 5
µM). Procedural filter blanks were prepared by filtering ∼50 mL of the alkaline MilliQ through
GF/F, which were digested and analysed as samples. Reagent blank (the oxidizing solution) and
the Milli-Q were also run alongside the samples. The extraction efficiency of the method was
checked by digesting a set of standard reference material NIST 1573a (Tomatoe leaves) in the same
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way as samples.
B.7 Determination of trace metals in particulate sediment trap
material
All work was carried out in the 1000-class clean laboratory. The sample leach/digestion procedure
was carried out in the acid-clean PFA Teflon vials (Savillex, 15 mL for leach, and 30 mL for digest).
Cleaning procedure involved (1) refluxing the vials in a beaker of 6 mol L−1 sub-boiled HCl for
∼12 hrs on a hotplate at 150◦C; (2) refluxing the vials in a beaker of 8 mol L−1 sub-boiled HNO3
for ∼12 hrs on a hotplate at 150◦C; (3) thorough Milli-Q rinse after each step; (4) drying in the
laminar flow cabinet.
Leaches and digests were transferred/stored in 30 mL LDPE vials, which were first cleaned in
1.6 mol L−1 sub-boiled HNO3 for >7 days, then thoroughly rinsed with Milli-Q, and dried in the
laminar flow cabinet.
In this study, soluble (“labile” or “biogenic”) and refractory (“lithogenic”) fractions of minor
and trace elements were determined. The soluble fraction comprises metals that are weakly sorbed
onto organic matter and associated with carbonates and amorphous hydroxides minerals (Plan-
quette et al., 2011). The refractory fraction is associated with aluminosilicates and crystalline Fe
oxyhydroxides. Total concentration of a minor/trace element was determined as a sum of soluble
and refractory fractions.
There is no universal technique of dissolving both soluble and refractory particulate fractions
of trace metals. Here we employed two-step analysis procedure. We first extracted and isolated the
soluble fraction by subjecting a sample to 25% (v/v) acetic acid (HAc) leach. We then completely
digested the refractory fraction with a mixture of hydrofluoric (HF) and nitric (HNO3) acids.
The procedure is based on that used by (Planquette et al., 2011) and Marsay (2012) with some
modifications of the filter treatment during the digest procedure and the amount of time spent for
the digestion process itself.
B.7.1 Step 1: Leaching with acetic acid (HAc)
Polycarbonate membranes with the filtered samples were placed into 25 ml Teflon vials (Savillex,
screw cap) and treated with 4 mL of 25% (v/v) HAc (Romil, SpA grade, prepared with MQ water).
Filters were soaked in HAc at room temperature for 2 hrs. Membranes were carefully transferred
back into their respective Petri dishes. The particle solution in the Teflon vials was then centrifuged
for 20 min at 3500 rpm. Carefully, with an automatic pipette, the overlying solution was transferred
into clean 15 mL Teflon vials (Savillex, screw cap) and acidified with 100 µL of sub-boiled distilled
concentrated HNO3. At this stage, it was crucial to remove all leaching solution without actually
removing any particulate material with it. The samples were taken to dryness on a hotplate (100
◦C). The residues were brought into solution by addition of 2 mL of 3% (v/v) sub-boiled distilled
HNO3 containing 5 ppb indium/rhenium (In/Re) and 20 ppb beryllium (Be) internal standards
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(‘Inorganic Ventures”, US). The solution was transferred onto pre-weighed acid-washed 30 mL
LDPE bottles, and further diluted with the same ∼10 mL of 3% HNO3. Each bottle was reweighed
to determine the exact amount of acid used.
B.7.2 Step 2: Total digestion of refractory fraction
Filters were placed back into the respective 25 mL Teflon vials, positioned on the wall of the vial as
far away from the bottom as possible and with particles facing inwards. The digestion procedure
involved two-stage acid treatments. Firstly, samples were treated with the mixture of 2.5 mL of
concentrated HNO3 (sub-boiled distilled) and 0.5 mL of concentrated HF (Romil, SpA grade). The
sample pots were tightly capped to avoid volatilization, and digested on a hot plate (130 ◦C) for 24
hrs. This part of the procedure was meant to release trace elements including the aluminosilicate
phases (Planquette et al., 2011). After digestion, samples were uncapped and taken to dryness.
For the second digest step, samples were treated with 1.5 mL of HNO3 (sub-boiled distilled) only.
The vials were again tightly sealed and left to digest for another 24 hrs, and then evaporated. As
vials approached dryness, the membrane was removed with acid-clean PTFE tweezers. In case
any particles were remaining on the filter (or visible in the solution itself), the two-step heating-
evaporation procedure was carried out again. The residues were redissolved in 5 mL of 3% HNO3
(with 5 ppb In/Re and 20 ppb Be), and transferred into acid-clean pre-weighed 30 mL LDPE
bottles. Samples were then brought to the volume of ∼15–20 mL with the same dilution acid, and
reweighed.
B.7.3 ICP-MS measurements
A range of minor and trace elements were analysed by high resolution inductively coupled plasma
mass spectrometry (Thermo Fisher Scientific, X-Series, Bremen, Germany). The elements were
24Mg, 27Al, 31P, 45Sc, 47Ti, 51V, 52Cr, 55Mn, 56Fe, 59Co, 60Ni, 65Cu, 66Zn, 75As, 85Rb, 86Sr, 111Cd,
133Cs, 137Ba, 208Pb, 232Th, and 238U. During each ICP-MS run we used 10 blank solutions of 3%
HNO3 with 5 ppb In/Re and 20 ppb Be to determine the limit of detection (LOD) for the analysed
trace elements.
Samples were analysed along with a series of synthetic multi-elemental standards (Table B.1)
prepared gravimetrically from certified single-element solutions (“Inorganic Ventures”, US), with
the 3% HNO3 with 5 ppb In/Re and 20 ppb Be as dilution matrix. Most of the sample solutions
had to be further diluted in order to fit into the calibration range. The dilution factor ranged from
50 to 100 for both leachates and the digests.
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Table B.1: Range of the standard concentrations (ppb) for the ICP-MS analysis of partic-
ulate trace metals
Elements Concentrations range
Al, P, Sr, Fe, Mg 0.5-500
Zn 0.25-250
Ba, Ti 0.05-50
Mn, Cu, As,Pb, Cd, Cr 0.01-10
Li, V, Ga, Rb 0.005-5
Sc 0.002-5
Co, Cs, Th, U 0.001-1
B.7.4 Reagent and filter blanks
Each sample set included blank reagent acid mixtures (for both leach and digestion steps) and
procedural blank filters (25 mm Nucleopore membranes) which were put though the same leaching
and digestion procedures as the samples. Concentrations of Al and Fe in the blank reagent mixture
and blank filters (in ppb) are provided in Table B.2. Limit of detection (LoD) for Al and Fe was
0.122 ppb and 0.0381 ppb, respectively. Contribution from dilution acid was negligible.
Table B.2: Concentrations of Al and Fe (mean±S.D.) in the blank reagent mixture and
blank filters (in ppb). Number of samples analysed are given in parentheses.
Blank type
Leachates (ppb) Total digests (ppb)
Al Fe Al Fe
Acid mix 0.764±0.800 (10) 0.157± 0.133 (10) 0.393± 0.262 (10) 0.162± 0.235 (10)
Filter 0.843±0.917 (8) 0.140±0.145 (8) 1.643±1.905 (9) 0.658±0.629 (9)
B.7.5 Verification of the digestion procedure
A least two Standard Reference Materials (SRMs) were analysed alongside each sample set (usually
20 samples) to determine accuracy and precision of the digestion method. For each SRM digestion,
between 10 and 20 mg of material was weighed out into 25 mL Teflon pot and processed in the same
manner as the digest samples. To cover the range of organic, lithogenic and anthropogenic source
materials, we used the following SRMs: (1) marine sediment HISS-1, (2) lobster hepatopancreas
TORT-2 (both NCR-CNRC, Canada), (3) tomato leaves NIST 1573a, and (4) urban particulate
matter NIST 1648a (both NIST, USA). The recoveries from SRMs were mostly between 80-130%
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(Table B.3).
Table B.3: Quality control results of replicate analyses of particulate minor and trace
elements in standard reference materials (SRM). The recoveries in SRMs are given in %
values. Number of replicates is given in parentheses. NA = information about the content
of a certain element in SRM is not available; “x” indicates bad recovery of <70% or >140%
of the recommended % recovery.
Element
% Recovery in SRM
TORT-2 HISS-1 NIST-1648a NIST-1573a
Fe 88.5±7.4 (5) 96.5±9.5 (8) 96.4± 9.3 (5) 108.8±6.1(6)
Al NA 97.3±5.4 (8) 100.9±8.7 (5) 104.1±13.7 (6)
Mg NA 102.1±7.6(8) 96.1±8(5) NA
Mn 89.2±5.1(5) 105.2±17.1(7) 99.4±9.9(5) 110.4±4.1(6)
Zn x x 93.6±8.1(5) 131.6±24.7(5)
Ni x 91.5±13.2(8) 98.7±9.1(5) 121.4±16.5(5)
Ti NA 99.8±10.3(8) x NA
Cd 97.5±4.7(5) x 100.5±11.4(5) 104.5±8.2(6)
Ba NA NA NA 103±15.4(6)
Sr NA 105.6±9(8) 101.5±13.2(5) 109.2±7.4(6)
V 87.5±15.5(5) 95.3±10.8(8) 97.6±9.5(5) 97.6±19.5(4)
Cu 88.9±4.7(5) 102.9±16.5(8) 96.1±8.9(5) 114.4±30(6)
Pb 91.9±17(5) 102.2±8(7) 103.6±5.7(5) NA
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C.1 D361 Th isotope recovery dataset
Th isotope recovery results are presented in Figure C.1 and summarized in Table C.1.
Table C.1: 234Th recoveries for the D361 samples (n=73). Mean recovery was 94.2±2.3%
Station ID Depth (m) % Recovery ± S.D



































C.1. Th isotope recovery 197
Table 1: Continued
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Figure C.1: Histogram of 234Th recovery for the D361 samples (% frequency).
C.2 Normality test
Shapiro-Wilk normality test was used to test if the data were from a normally distributed popula-
tion. The test output includes a p-value. Conventionally, p < 0.05 indicates that the population
is likely not normally distributed, whereas p > 0.05 provides no such evidence. The results for the
D361 238Un data are summarised in the table below:
Table C.2: Shapiro-Wilk normality test for the D361 238Un data
Station 08 Station 10 Station 16
p-value 0.974 0.762 0.8272
198
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C.3 Water column salinity at D361 stations




























Figure C.2: Water column salinity at the selected D361 stations.
199
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C.4 Time-series data of bathypelagic particle fluxes at NOG and
SOG
The summary of the bathypelagic particle fluxes into the bottom-tethered sediment traps at NOG
and SOG is given in Table C.3. The summary of the molar ratios of the selected particle fluxes at
NOG and SOG are given in Table C.4.
200
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Table C.4: Time-series of molar ratios of sinking particles collected into NOG and SOG
traps. All ratios are in mol mol−1, except Fe:POC ratios, which are in mmol:mol−1. Errors
(±1σ) were propagated through all the calculations.
Trap cup Open date POC:PON POC:PIC Si:POC Al:POC Fe:POC Fe:Al
NOG 23◦N 41◦W
LI–1 04/11/07 9.11±0.64 0.685±0.044 0.072±0.004 227.5±15.1 60.6±3.8 0.27±0.02
LI–2 18/11/07 9.42±0.66 0.751±0.05 0.067±0.004 282.8±17.6 72.3±4.6 0.26±0.02
LI–3 09/12/07 9.99±0.69 0.74±0.05 0.042±0.003 254.2±15.6 65.8±4 0.26±0.02
LI–4 30/12/07 10.15±0.7 0.761±0.05 0.076±0.005 407.4±24.7 105.5±6.4 0.26±0.01
LI–5 20/01/08 9.49±0.66 0.828±0.05 0.061±0.004 309.3±18.9 78.1±4.8 0.25±0.01
LI–6 10/02/08 9.74±0.68 0.527±0.03 0.131±0.008 406.1±24.7 105.5±6.4 0.26±0.01
LI–7 02/03/08 9.78±0.68 0.434±0.03 0.093±0.006 393.4±24.1 98.8±5.9 0.25±0.01
LI–8 23/03/08 9.78±0.68 0.61±0.04 0.091±0.006 354.8±23.3 89.9±5.7 0.25±0.02
LI–9 06/04/08 9.83±0.68 0.538±0.03 0.077±0.005 351.7±21.7 94.1±5.7 0.27±0.02
LI–10 20/04/08 9.69±0.67 0.552±0.03 0.11±0.007 370.2±23 96.6±5.9 0.26±0.02
LI–11 04/05/08 9.82±0.68 0.48±0.03 0.074±0.004 334.3±20.3 86.3±5.2 0.26±0.01
LI–12 18/05/08 10.27±0.71 0.636±0.04 0.073±0.007 273.9±16.8 72.9±4.5 0.27±0.02
LI–13 01/06/08 9.68±0.67 0.6±0.04 0.087±0.005 294.5±17.9 75.9±4.6 0.26±0.01
LI–14 15/06/08 10.32±0.72 0.631±0.04 0.102±0.031 262.4±16 68.8±4.3 0.26±0.02
LI–15 29/06/08 11.01±0.76 0.465±0.03 0.165±0.01 249.4±15 60.2±3.6 0.24±0.01
LI–16 13/07/08 10.19±0.71 0.709±0.04 0.086±0.005 249.8±16.5 64.8±4.1 0.26±0.02
LI–17 27/07/08 10.19±0.71 0.714±0.04 0.107±0.009 239.3±14.4 59.6±3.6 0.25±0.01
LI–18 10/08/08 10.18±0.71 0.559±0.03 0.086±0.005 265.2±16.6 68.9±4.2 0.26±0.02
LI–19 24/08/08 10.12±0.7 0.796±0.05 0.1±0.008 187±11.6 46.4±2.8 0.25±0.01
LI–20 07/09/08 8.86±0.62 0.911±0.06 0.054±0.003 182.6±11 46.8±2.9 0.26±0.01
LI–21 21/09/08 9.23±0.64 0.985±0.06 0.071±0.004 190.2±11.6 45.5±2.8 0.24±0.01
LV–1 23/11/08 9.69±0.67 0.618±0.04 0.082±0.005 341.4±21 87.5±5.3 0.26±0.01
LV–2 14/12/08 10.53±0.73 0.995±0.06 0.13±0.008 349.1±21.9 89.2±5.6 0.26±0.02
LV–3 04/01/09 9.8±0.63 0.528±0.03 0.098±0.006 342.5±22.2 87.1±5.5 0.25±0.02
LV–4 25/01/09 9.64±0.67 0.519±0.03 0.108±0.007 351.7±22.1 93.8±5.9 0.27±0.02
LV–5 08/02/09 9.84±0.68 0.462±0.03 0.092±0.006 356.5±23.3 94.6±6 0.27±0.02
LV–6 22/02/09 9.87±0.69 0.579±0.04 0.115±0.007 315.2±20.5 81.8±5.2 0.26±0.02
LV–7 08/03/09 10.21±0.71 0.435±0.03 0.096±0.006 311.9±19.3 78.8±4.9 0.25±0.01
LV–8 22/03/09 9.82±0.68 0.554±0.03 0.128±0.008 319.4±20.5 84.7±5.4 0.27±0.02
LV–9 05/04/09 9.44±0.66 0.561±0.03 0.08±0.005 280.1±18.4 73.2±4.8 0.26±0.02
LV–10 19/04/09 10.12±0.7 0.543±0.03 0.13±0.008 238.6±15.3 51.1±3.3 0.21±0.01
LV–11 03/05/09 9.6±0.67 0.459±0.03 0.16±0.01 287.3±17.9 67.7±4.1 0.24±0.01
LV–12 17/05/09 9.15±0.6 0.613±0.04 0.118±0.007 263.1±16 69.8±4.3 0.27±0.02
LV–13 31/05/09 14.5±1.01 0.78±0.05 0.074±0.005 173.5±10.9 46.3±3 0.27±0.02
LV–14 14/06/09 9.68±0.67 0.573±0.03 0.145±0.009 235.9±15.1 63±4 0.27±0.02
LV–15 28/06/09 10.44±0.67 0.597±0.04 0.124±0.007 199.2±12.1 54.5±3.3 0.27±0.02
LV–16 12/07/09 10.43±0.66 0.64±0.04 0.1±0.006 216.2±12.8 57.1±3.5 0.26±0.02
LV–17 02/08/09 10.15±0.63 0.489±0.03 0.11±0.006 122.1±7.2 30.6±1.8 0.25±0.01
204
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Trap cup Open date POC:PON POC:PIC Si:POC Al:POC Fe:POC Fe:Al
LV–18 23/08/09 9.65±0.59 1.412±0.08 0.051±0.003 135.1±7.9 34.6±2 0.26±0.01
LV–19 13/09/09 10.12±0.62 0.914±0.05 0.089±0.005 210.3±12.2 53±3.1 0.25±0.01
LV–20 04/10/09 10.13±0.63 1.17±0.07 0.086±0.005 135.8±8 35.1±2.1 0.26±0.02
SOG 18◦S 25◦W
LIII–1 11/05/08 10.1±0.73 1.081±0.07 0.098±0.006 20.2±1.4 8.3±0.6 0.41±0.03
LIII–2 25/05/08 9.26±0.67 0.814±0.05 0.164±0.01 35.8±3 12.4±0.8 0.35±0.03
LIII–3 08/06/08 9.61±0.67 0.411±0.03 0.201±0.012 40.1±2.4 17.4±1.1 0.44±0.02
LIII–4 22/06/08 8.05±0.57 0.721±0.04 0.18±0.011 36.2±2.4 12.8±0.8 0.35±0.02
LIII–5 06/07/08 9.43±0.66 0.445±0.03 0.21±0.013 39.4±2.8 13.1±0.8 0.33±0.02
LIII–6 27/07/08 10.1±0.701 0.469±0.03 0.181±0.011 52.2±3.1 20.3±1.2 0.39±0.02
LIII–7 17/08/08 10.5±0.734 0.46±0.04 0.229±0.014 51.4±3.4 16.7±1 0.32±0.02
LIII–8 07/09/08 10.2±0.708 0.535±0.03 0.228±0.014 57.2±3.6 19.4±1.1 0.34±0.02
LIII–9 28/09/08 9.65±0.68 0.249±0.02 0.274±0.017 79.0±5 26.8±1.6 0.34±0.02
LIII–10 19/10/08 9.63±0.67 0.393±0.02 0.168±0.01 55.5±3.4 16.6±1 0.30±0.02
LIII–11 09/11/08 11.4±0.795 0.562±0.03 0.117±0.007 30±1.8 8.9±0.5 0.30±0.02
LIII–12 30/11/08 9.67±0.67 0.526±0.03 0.149±0.009 54.2±3.3 16.5±1 0.30±0.02
LIII–13 21/12/08 9.4±0.66 0.383±0.02 0.142±0.009 40.3±2.7 11.9±0.7 0.29±0.02
LIII–14 11/01/09 9.7±0.67 0.676±0.04 0.128±0.008 34.7±2.2 10.2±0.6 0.29±0.02
LIII–15 01/02/09 10.2±0.713 0.47±0.03 0.155±0.009 42.1±2.6 13.8±0.8 0.33±0.02
LIII–16 22/02/09 11.5±0.799 0.702±0.04 0.131±0.008 38.6±2.5 12.4±0.8 0.32±0.02
LIII–17 15/03/09 11.4±0.792 0.551±0.03 0.172±0.01 37.5±2.3 11.6±0.7 0.31±0.02
LIII–18 05/04/09 10.6±0.734 0.552±0.03 0.093±0.006 35.2±2.1 11.7±0.7 0.33±0.02
LIII–19 26/04/09 10.4±0.726 0.442±0.03 0.117±0.007 38.9±2.5 12.7±0.8 0.33±0.02
LVI–1 24/05/09 9.45±0.67 0.694±0.04 0.096±0.006 19.9±1.4 10.8±0.8 0.54±0.04
LVI–2 07/06/09 10.3±0.724 0.41±0.03 0.169±0.01 35.6±2.2 31.7±2 0.89±0.05
LVI–3 21/06/09 11±0.778 0.396±0.02 0.117±0.007 35.1±2.5 14.2±0.9 0.40±0.03
LVI–4 05/07/09 8.87±0.55 0.501±0.03 0.179±0.011 39.7±2.5 16±1 0.40±0.02
LVI–5 19/07/09 11.9±0.834 0.383±0.02 0.121±0.007 34.8±2.2 14.3±0.9 0.41±0.02
LVI–6 02/08/09 9.23±0.66 0.386±0.02 0.167±0.01 36.3±2.4 17.8±1 0.49±0.03
LVI–7 16/08/09 10.7±0.75 0.341±0.02 0.139±0.009 32.2±2.1 12.7±0.7 0.39±0.02
LVI–8 30/08/09 10.9±0.759 0.496±0.03 0.136±0.008 34.4±2.4 15.4±0.9 0.45±0.03
LVI–9 20/09/09 9.62±0.67 0.344±0.02 0.141±0.009 39.4±2.6 13.6±0.8 0.34±0.02
LVI–10 11/10/09 10.6±0.738 0.457±0.03 0.145±0.009 56.2±3.9 17.9±1.1 0.32±0.02
LVI–11 01/11/09 10.5±0.733 0.474±0.03 0.135±0.008 40.2±2.5 12.7±0.8 0.31±0.02
LVI–12 22/11/09 10.9±0.757 0.419±0.03 0.128±0.008 60.1±3.8 18.6±1.2 0.31±0.02
LVI–13 13/12/09 11.7±0.812 0.442±0.03 0.104±0.006 40.7±2.5 14.7±0.9 0.36±0.02
LVI–14 03/01/10 12±0.83 0.595±0.04 0.086±0.005 31.8±2.1 13.7±0.8 0.43±0.03
LVI–15 24/01/10 12.5±0.866 0.71±0.04 0.096±0.006 24.4±1.5 7.9±0.5 0.32±0.02
LVI–16 14/02/10 11.5±0.801 0.617±0.04 0.101±0.006 32.3±2.1 12.6±0.8 0.39±0.02
LVI–17 07/03/10 10.4±0.633 0.481±0.03 0.114±0.007 37.2±2.3 13.2±0.8 0.35±0.02
LVI–18 28/03/10 10.9±0.762 0.537±0.03 0.106±0.006 32.9±2.1 12.7±0.8 0.39±0.03
205
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Trap cup Open date POC:PON POC:PIC Si:POC Al:POC Fe:POC Fe:Al
LVI–19 18/04/10 11.4±0.791 0.593±0.04 0.078±0.005 35.5±2.2 11.9±0.7 0.34±0.02
LVI–20 09/05/10 10.9±0.761 0.546±0.03 0.084±0.005 39.3±2.4 12.7±0.8 0.32±0.02
LVI–21 30/05/10 10.2±0.711 0.416±0.03 0.161±0.01 34.7±2.1 11.6±0.7 0.34±0.02
206
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C.5 Bathypelagic fluxes of selected particulate minor and trace
elements into NOG and SOG sediment traps
Bathypelagic fluxes of selected particulate minor and trace elements (labile fraction) into NOG
and SOG sediment traps are given in Figures C.3 and C.4. The fluxes of total (labile + refractory
fractions) particulate minor and trace elements are given in Figures C.5 and C.6.
207
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